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Preface

The topic of volcanism in the solar system can imply many things. The ongoing eruptions on
To, the enormous shield volcanoes of Mars, and the low-profile volcanoes of Venus are but a
few of the dramatic examples of planetary volcanism discovered in recent years. Yet each of
these examples occurs within a distinctive environment. “Environment” is often viewed as
merely the backdrop to the main events that created the impressive volcanic features evident
throughout the solar system. However, in this book we hope to demonstrate that the
environment into which a volcanic eruption takes place is a significant—and perhaps even
a controlling—factor on the resulting eruption styles and products. This general subject is an
outgrowth of special sessions on “Volcanic Eruptions in Diverse Environments” held at the
1997 annual meeting of the Geological Society of America, which met in Salt Lake City,
Utah. The editors served as cochairs for these stimulating sessions, which led directly to the
subject of this book. Much can be learned by comparing volcanic features observed in various
locations throughout the solar system. The goal of the present compilation is to increase
awareness of volcanic diversity on solid surfaces, paying special attention to the local
planetary environment.

The book is intended to be a supplement to an advanced undergraduate or beginning
graduate level course in either volcanology or planetary geology. It is organized to progress
roughly from more accessible to less familiar subjects, with liberal cross-referencing to aid
the reader in the comparison process. Volcanism in the solar system occurs on objects of
varying sizes, with a range of physical conditions present (Chapter 1). The order of discussion
proceeds from subaerial volcanism on Earth (Chapter 2), to extraterrestrial examples with
similar—and increasingly different—ambient conditions. The interaction of lava with water
and ice on Earth and Mars results in very unique products (Chapter 3). Mars (Chapter 4)
displays a great range of volcanic features found under a thin (but nonzero) atmospheric
pressure. In contrast, the elevated pressure environment found on both Earth’s seafloor and the
surface of Venus leads to interesting similarities, as well as some important differences,
between volcanic landforms observed in both locations (Chapter 5). Eruption into a near-
vacuum characterizes the volcanic features seen on the Moon and Mercury (Chapter 6) as
well as Jupiter’s moon Io (Chapter 7), but the ongoing tidal forcing on the latter makes it the
most volcanically active object in the solar system other than Earth. Basaltic lavas are
probably most common on the planets mentioned above, but the possibility of more rare
“exotic” lavas illustrates that volcanic activity is not limited to common silicate lavas
(Chapter 8). The book closes with a brief summary and a compilation of physical parameters
important for modeling volcanic phenomena (Chapter 9).

Each chapter was reviewed by at least two reviewers. We wish to acknowledge the
following for their many comments and suggestions on various chapters: Nathan Bridges,
Mary Chapman, David Crown, Larry Crumpler, Sarah Fagents, Ronald Greeley, Tracy Gregg,
Eric Grosfils, Jim Head, Rosaly Lopes-Gautier, Peter Mouginis-Mark, Harry Pinkerton,

ix



X Preface

Louise Prockter, Susan Sakimoto, Debbie Smith, Catherine Weitz, David Williams, and Jim
Zimbelman. We are very grateful to Ken Howell, editor at Plenum (and subsequently Kluwer),
and those working with him, who helped to put the manuscript into book format. Some
chapters acknowledge grant support for individual contributing authors. We hope that the
reader will find this compilation a helpful resource for placing volcanic eruptions into a solar-
system-wide context.

James R. Zimbelman, Washington, DC, USA
Tracy K. P. Gregg, Buffalo, NY, USA
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Volcanic Diversity throughout
the Solar System

James R. Zimbelman and Tracy K. P. Gregg

1.1. INTRODUCTION: “A LITTLE AMBIANCE”

What comes to mind when one considers the subject of volcanism in the solar system? The
ongoing eruptions on Io, the enormous shield volcanoes of Mars, the low-profile volcanoes of
Venus, or the nitrogen-powered geysers of Triton are but a few of the dramatic examples of
planetary volcanism discovered in recent years. Yet each of these examples occurs within a
distinctive environment. We usually think of “environment” as merely the backdrop to main
events that created the impressive volcanic features evident throughout the solar system.
However, in this book we hope to demonstrate that the environment into which a volcanic
eruption takes place is a significant—and perhaps even a controlling—factor on the resulting
eruption styles and products. Much can be learned by comparing volcanic features observed
in various locations throughout the solar system. The goal of the present compilation is to
increase awareness of volcanic diversity on solid surfaces, paying special attention to the local
planetary environment.

The book is organized to progress roughly from more accessible to less familiar subjects,
with liberal cross-referencing to aid the reader in the comparison process. Volcanism in the
solar system occurs on objects of varying sizes (Figure 1.1), and which encompass a range of
basic physical conditions (Table 1.1). The order of discussion proceeds from subaerial
volcanism on Earth (Chapter 2—the primary source of current information on volcanic
processes), to extraterrestrial examples with similar—and increasingly different—ambient
conditions. Chapter 3 compares the interaction of lava with water and ice on Earth and Mars.
Mars (Chapter 4) displays a great range of volcanic features found under a thin (but nonzero)
atmospheric pressure. In contrast, the elevated pressure environment found on both Earth’s
seafloor and the surface of Venus leads to interesting similarities, as well as some important
differences, between the volcanic landforms observed in both locations (Chapter 5). Eruption
into a near vacuum characterizes the volcanic features seen on the Moon and Mercury
(Chapter 6) as well as Jupiter’s moon fo (Chapter 7), but the ongoing tidal forcing on the latter
makes it the most volcanically active object in the solar system other than Earth. Basaltic

Environmental Effects on Volcanic Eruptions: From Deep Oceans to Deep Space.
Edited by Zimbelman and Gregg, Kluwer Academic/Plenum Publishers, New York, 2000. 1
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Figure 1.1. Sizes of the principal volcanic bodies in the solar system. Actual spacecraft images are
shown at the same relative scale. NASA Public Affairs image P-41468.

Table 1.1. Basic Physical Parameters of Volcanic Planets and Moons

Mass Eq. radius Density Gravity  Surface atm. pressure  Surface temp.

Object” (102 kg) (10°m)  (10°kgm™) (ms?) (10° Nm™?%) (K)
Mercury 33.01 2.439 5.44 3.70 ~0 90-740
Venus 486.8 6.051 5.24 8.87 ~90 740
Earth 597.4 6.380 5.52 9.81 1 190-338

Moon 7.35 1.738 3.34 1.62 ~0 100-360
Mars 64.18 3.396 3.93 3.71 0.007 150-320
(Jupiter) 189900 71.492 1.33

Io 8.93 1.821 3.53 1.80 ~0 80-160

Europa 4.80 1.560 3.04 1.31 ~0 80-120

Ganymede 14.8 2.630 1.94 1.42 ~0 80-150

(Callisto) 10.8 2.400 1.86 1.25 ~0 80-160
(Saturn) 56850 60.268 0.69

(Titan) 135 2.575 1.86 1.36 1.44 ~92

Enceladus 0.0084 0.250 1.24 0.09 ~0 ~60-145
(Neptune) 10240 24.764 1.64

Triton 2.14 1.350 2.06 0.78 0.000014 ~38

“Natural satellites are indented below primary planet. Names in parentheses are included for comparison only; they are not
necessarily volcanic objects.
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lavas are probably most common on the planets mentioned above, but the possibility of more
rare “exotic” lavas illustrates that volcanic activity is not limited to common silicate lavas
(Chapter 8). The book closes with a brief summary and a compilation of physical parameters
important for modeling volcanic phenomena (Chapter 9). As an aid to understanding these
diverse topics, we next briefly discuss several themes encountered in the subsequent text,
highlighting aspects the reader should note while progressing through the book.

1.2. ENVIRONMENTAL EFFECTS ON VOLCANISM

Understanding the relation between the environment and volcanic processes and
products is the primary objective of this book. It is important to be aware of the many
ways in which the environment can exert a strong influence on several aspects of a volcanic
eruption. The “environment” consists of a complex array of factors, each of which
contributes differently to the physical condition encountered by erupted volcanic products.
Some of the factors that are likely to be the most significant in terms of affecting the condition
and state of lava or pyroclastic materials are highlighted below.

Temperature. The rate of cooling of a lava flow has a significant effect on both the
morphology and the emplacement condition of lava. When the lava temperature is several
times that of the surrounding environment, rapid quenching generates a glassy crust that
provides important insulation to the fluid lava beneath the crust (see Chapters 2, 4, and 5).
Cooling is dominated by radiation when the lava is in a thin to nonexistent atmosphere
(Chapters 6 and 7), but a thick atmosphere or seawater may actually increase the cooling rate
through advection or convection in the surrounding fluid (e.g., Wilson and Head, 1983;
Chapter 5). If the surroundings are maintained at a high temperature, as on Venus, the
elevated temperatures may reduce the effective strength of the rock both in a lava flow and in
the underlying country rock (Chapter 5). Eruption temperatures may range considerably,
depending on the lava composition (e.g., komatiites apparently had eruption temperatures
more than 200°C greater than those of typical basalts; see Chapters 7 and 8).

Pressure. Vesiculation can be modified by external pressure. For example, pressure from
the overburden of seawater (Chapter 5) or ice (Chapter 3) inhibits vesiculation in erupting
lavas, and a similar phenomenon occurs on Venus (Chapter 5). High atmospheric density,
such as exists on Venus, may also contribute to convective cooling, as mentioned above.
Ambient pressure, in conjunction with temperature, might affect the stability of mineral
phases, which in turn might affect the solidification of lava or pyroclastic materials.

Gravity. The acceleration of gravity is the basic source behind most body forces
experienced by volcanic products once they have left the vent. The magnitude of this force
will affect all of the rates associated with emplacement of either fluid lavas or pyroclastic
particulates. This value ranges over two orders of magnitude for the objects summarized in
Table 1.1, which must have consequences for the resulting volcanic landforms and deposits
found on their surfaces (Chapters 2, 4-7).

Slope and Roughness. The relief and texture of the surface onto which an eruption takes
place will influence the emplacement of the volcanic materials. Slope, in conjunction with the
acceleration of gravity, vectorially resolves some fraction of the downward force of gravity
into a force for movement over the surface. The roughness of the underlying surface, when
comparable to the thickness of the flow, can similarly affect emplacement by retarding the
effects of the downslope motive force. These effects will be most important for prolonged
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eruptions of relatively limited effusion rate, as opposed to large effusion rates that would
rapidly emplace lavas irrespective of local relief (see Chapters 2 and 5).

Meteorology. Where an eruption takes place into an atmosphere, motion of that
atmosphere can contribute to the emplacement of the products. This is most important for
pyroclastic eruptions where dispersal patterns conform to any prevailing wind (Chapters 2
and 4). Eruptions into near-vacuum conditions clearly would not experience such effects
(Chapters 6 and 7).

Composition. The composition of the surrounding bedrock and atmosphere, as well as
that of the erupting magma, might influence the volcanic products. Differing equilibrium and
nonequilibrium reactions become possible, depending on the specific materials involved. The
presence and state of water is a major factor for subaqueous and subglacial eruptions
(Chapters 3 and 5).

Other Factors. Certainly factors in addition to those mentioned above help to char-
acterize various planetary environments. However, some of these additional environmental
factors likely do not have a significant influence on volcanic eruptions. For example, here we
will not deal with the presence or absence of electromagnetic fields and energetic particles, a
situation that varies greatly throughout the solar system depending on the presence and
strength of a planetary magnetic field. All such environmental factors that are unlikely to have
an impact on volcanic phenomena are excluded from what we consider here to be the
environment of an eruption.

1.3. LAVA COMPOSITION

Most of the volcanism discussed in this book involves basalt, the most common rock on
Earth and, it is presumed, on many other planetary surfaces as well (Basaltic Volcanism Study
Project, 1981). It is important to realize that only for Earth (Chapter 2) and the Moon (Chapter
6) do we “know” that the dominant volcanic material is basalt; these are the only two
extraterrestrial objects from which documented samples of basalt have been collected and
analyzed. There is a suite of meteorites whose trapped gases indicate an origin on Mars, and
these meteorites include several examples of basalts (Chapter 4), but unfortunately we do not
know where on Mars the meteorites came from. In spite of these limitations, it is still widely
held that basalt is likely to be the dominant volcanic rock not only on Earth, but also
throughout the inner solar system, and even out to at least one moon of Jupiter, Io (Chapter 7).
From remote sensing studies we know that the reflected and emitted electromagnetic radiation
from most planetary volcanic materials is at least consistent with a basaltic composition, even
if we cannot as yet remotely determine the precise mineralogic makeup of planetary surfaces.
The volcanism discussed in this book is primarily basaltic volcanism except where otherwise
noted.

Many existing remote sensing techniques are more sensitive to surface textures than to
compositional variations. Not all “dark” (low albedo) rocks are likely to be basalts. Even
where we are confident that we are indeed looking at volcanic rocks, our compositional
inferences are commonly related to textural details or gross topographic properties that are not
particularly diagnostic of composition. The observed surface textural properties may be more
closely related to the specific physical situation during emplacement than to compositional
variations. A significant compositional unknown, even if we are dealing primarily with
basaltic magmas, is the volatile content and constituents. The limited samples currently
available from other planets do not provide strong constraints on the type and abundance of
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volatiles actually present in extraterrestrial lavas. Since volatile abundance and type may have
a significant impact on eruption and emplacement mechanisms (Chapters 2, 4, and 8), the
reader should be cognizant of the limitations to our present models and theories.

We conclude this brief discussion of lava composition by considering viable alternatives
to the silicate magma presumed to dominate throughout much of the solar system. Carbon-
rich volcanic products are a rare but still important part of the terrestrial volcanic record
(Chapter 8), and such magmas might have played a role in some volcanic features present on
Venus and Mars. Sulfur flows are also rare but documented on Earth, and were a favored
alternative for some flows on Io (although recent temperature measurements reduce the
likelihood that sulfur flows comprise a substantial part of the volcanic record on this moon—
see Chapter 7). Water and even ammonia act as magma in the cold temperatures of the outer
solar system (Chapter 8), and at the extreme edge of the solar system, vaporizing nitrogen
powers geysers on the frigid (38 K) surface of Triton (McKinnon and Kirk, 1999). These
examples should encourage us to keep an open mind with regard to both the prevalence of
basaltic volcanism and how the conditions in the distal portions of the solar system
fundamentally alter our concept of “magma” and “volatile.”

1.4. LAVA RHEOLOGY

Similar to the tacit assumption that most extraterrestrial volcanism in the inner solar
system is basaltic, we also assume that the majority of extraterrestrial lava flows have a
theology consistent with our current understanding of the behavior of basaltic magmas. It is
challenging to obtain measurements of rheologic parameters in actively flowing lava (e.g.,
Pinkerton, 1993), whose high temperatures make it hard on both the instrumentation and the
humans involved. Yet an accurate understanding of lava rheology is crucial to a complete
description of lava emplacement, which in turn is the current limit on our ability to model the
details of flowing lava. Laboratory measurements of melted volcanic rocks and simulants that
mimic the bulk properties of lava are providing important insights about flowing lava (Figure
1.2), yet in the laboratory it is difficult, if not impossible, to re-create the actual volatile and
crystal content of fresh lava, both of which contribute to its overall rheologic properties (e.g.,
Dragoni, 1993). There is also a great need for laboratory and field studies of nonsilicate lavas,
some of which may behave quite different from “typical” basalt flows (see Chapter 8). Add to
this the complete lack of information about the rheologic properties of extraterrestrial lava
flows and you begin to see how serious is this deficiency in our current state of knowledge,
since morphology is not as yet indicative of unique composition and rheology information.

In spite of these limitations, we can still appreciate some of the physical parameters that
are important contributors to lava rheology. These include, but are not limited to, composition
(with all of the caveats discussed in the previous section), temperature (both of the lava and of
the surroundings, as well as the temperature gradient across the growing solidified crust),
volatile content (both the abundance and the composition of the volatiles), crystal content
(abundance, size, and size distribution), flow rate and slope (both of which contribute to the
rate of shear experienced throughout the flow), and flow front characteristics (perhaps the
least understood of all factors). Flow front dynamics are important for assessing how fresh
liquid lava is supplied to the growing flow, which varies greatly between pahoehoe and a’a
flows, for example. The reader should keep such factors in mind whenever lava rheology is
discussed throughout the book.
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Figure 1.2. A laboratory simulation of lava flow emplacement using carbowax in a sugar water
solution that reproduces the essential rheologic properties of flowing basalt. Lines on the floor are 2 cm
apart; vent is to the left. Solid wax is light; liquid wax is dark. Courtesy of Jonathan H. Fink, Arizona
State University, and Tracy K. P. Gregg, SUNY-Buffalo.

1.5. EMPLACEMENT STYLES

The manner in which volcanic materials are emplaced can be as important as the nature
of the volcanic materials themselves. Pyroclastic materials are by definition the result of
explosive ejection that disrupts the rising magma into small clots and particles, but the size
distribution of the resulting materials is closely related to the explosive intensity and magma
supply rate to the vent. For lava flows, effusion rate remains a controversial but still
fundamental factor to emplacement. Hawaiian subaerial flows have been documented with
effusion rates of tens to hundreds of cubic meters per second, with pahoehoe flows
comprising practically all flows <10 m* s~! (Rowland and Walker, 1990; see Chapter 2).
In spite of our familiarity with Hawaiian-style eruptions, they may not be typical of eruptions
on a planetary scale. For example, volcanism along midocean ridges is likely the dominant
way in which lava is emplaced on our planet, and yet no seafloor eruption or lava flow has
been observed during emplacement (see Chapter 5). The largest effusion rate for a historic
eruption is likely that of the Laki eruption in Iceland where fissures supplied
~4 x 10* m*® s™! of lava at peak discharge (Thordarson and Self, 1993), which may be
more indicative of midocean ridge volcanic activity. Effusion rates for extraterrestrial lava
flows can only be inferred from final flow dimensions; such estimates range from ~10? to
107 m? s~! but concentrate around ~10° m? s~! (Zimbelman, 1998).

The question of effusion rate is directly related to the broader issue of whether the
emplacement was “fast” or “slow” (see Chapter 2). Advocates of fast emplacement
traditionally were required to invoke turbulent flow, although recently this requirement has
been dropped because of chemical and field-related arguments (Reidel, 1998). Advocates of
slow emplacement use the mechanism of flow inflation to raise the flow crust and increase its
resultant thickness severalfold (Thordarson and Self, 1998). This debate has spread to include
seafloor flows (Gregg and Chadwick, 1996), and there is no a priori reason to exclude either
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option while considering flows in diverse planetary environments. The role of lava tubes in
the emplacement of large flows is beginning to undergo quantitative evaluation and it too
requires careful consideration for planetary applications.

Eruption of lavas beneath an ice cover is a specific example where the environmental
situation may strongly influence the details of emplacement. Subglacial eruptions have led to
well-documented cases of the sudden release of large volumes of meltwater, called jokulhlaups
in Iceland (see Chapter 3). Unfortunately, it is not possible to observe directly how eruptions
progress beneath the ice, but when exposed by the subsequent removal of the ice cover,
distinctive deposits of hyaloclastites (essentially pyroclastic material strongly influenced by
interaction with the meltwater surrounding a subglacial eruption), underlain by pillow lavas,
are the common result (see Chapter 3). The interaction of volcanics and ice is also possible on
Mars (Chapter 3) and the ice-rich satellites in the outer solar system (Chapter 8).

1.6. ENVIRONMENTAL IMPACT OF VOLCANISM

Much of the above discussion has centered around how volcanic materials interact with
their surroundings on leaving the volcanic vent. However, it has also become clear that
volcanic eruptions can in themselves influence and alter their surroundings. This situation is
most often cited for the consequences of very large subaerial volcanic eruptions that may
result in a pronounced, if temporary, effect on regional and even global climate (see Chapter
2). Both acidic aerosol components and quantities of greenhouse gases released during a large
eruption can contribute to climatic effects, some of which can be devastating to agriculture
and its dependent human population (Thordarson and Self, 1993). Pyroclastic flows also may
generate a local environment around the rapidly traveling cloud of heated gas and particulates
(see Chapter 2). This is perhaps most dramatic for the long-lived large eruptions occurring on
To, where localized column collapse and pyroclastic flow generation may produce local
environments substantially different from the normal Ioian conditions (see Chapter 7). There
is great potential for synergy between studies of terrestrial and planetary eruptions in
evaluating their potential impact on the regional and global climate; each area of investigation
likely can learn much from the other, and hopefully this book can contribute to this process.

1.7. CONCLUSION

When the reader has reached the end of this book, we hope that he or she will go away
with the thought that the environment may significantly modify compositional and rheologic
constraints on lavas. Traditional geologic training emphasizes the dominant role of magma
composition on volcanic mechanisms and resulting landforms, with physical variations often
attributed to rheologic changes to the flowing lava. Here we do not contest this view, but we
hope that the solar system perspective provides readers with a range of examples in which
they can judge for themselves the degree to which magma properties may be affected by the
environment into which the eruption takes place. The wealth of new information obtained
from many planetary spacecraft, as well as continuing investigations of both subaerial and
subaqueous volcanism on Earth, has greatly expanded our range of “known” examples of
volcanism. We have learned a lot, as reported in this book. However, we also still have a long
way to go to understand fully the mechanisms and processes that cause a volcanic feature to
look the way it does (see Chapter 9).
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Subaerial Terrestrial Volcanism

Eruptions in Our Own Backyard

James R. Zimbelman, Sarah A. Fagents, Tracy K. P. Gregg,
Curtis R. Manley, and Scott K. Rowland

2.1. INTRODUCTION

Current understanding of volcanic eruptions is the result of millennia of written observations
refined by decades of scientific research. There is still much to learn about the details of how
individual volcanoes work, but the existing body of literature about subaerial volcanism on
Earth represents the basis against which all other volcanic eruptions are compared. Excellent
books summarize the processes and products of subaerial volcanism (e.g., Macdonald, 1972;
Williams and McBirney, 1979; Cas and Wright, 1987; Cattermole, 1989; Francis, 1994), and
it would be impossible to condense all of this information into one chapter. However, it is
important to provide a concise compilation of the most salient aspects of subaerial volcanism
to which all other examples of volcanism can be compared.

The purpose of this chapter is to review the basic eruptive styles, landforms, and
products that result from volcanism on Earth’s surface, where observations and samples are
both readily obtainable. At present, documented samples of extraterrestrial lavas have been
collected and returned only from the Moon, and these materials are all basaltic in composition
(Heiken et al., 1991). However, to these Apollo and Luna samples can be added a suite of
basaltic meteorites now thought to come from Mars (McSween, 1994; see Chapter 4), plus
various remote sensing data sets that indicate a preponderance of basaltic materials on rocky
surfaces throughout the solar system (Basaltic Volcanism Study Project, 1981). Thus, we
focus primarily on basaltic volcanism, but information on other compositional types is also
included both to illustrate the diversity of volcanism on Earth, as well as to cover the strong

Environmental Effects on Volcanic Eruptions: From Deep Oceans to Deep Space.
Edited by Zimbelman and Gregg, Kluwer Academic/Plenum Publishers, New York, 2000. 9
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likelihood that our present information substantially underrepresents the full volcanic
diversity throughout the solar system (see Chapter 8).

This chapter begins by following volcanic magma at depth as it rises toward the surface.
The location and style of volcanic eruptions on Earth are strongly influenced by both the plate
tectonic setting and the presence of localized, deep-seated hot spots, which guides our
understanding of most terrestrial volcanic centers. Effusive eruptions result in a plethora of
products, but there are some basic forms and textures that transcend the location or type of
individual volcanoes. Explosive eruptions occur when escaping magma is violently disrupted;
for basaltic lavas, this tends to involve interaction with ground or surface water, but more
evolved magma chemistries fragment through the degassing and violent explosion of
magmatic volatiles. Some parts of Earth’s surface were the sites of massive outpourings of
lava, resulting in localized Large Igneous Provinces (LIPs), apparently special cases of how
magma reaches Earth’s surface. The chapter closes with a brief discussion of how lava and ash
interact with Earth’s subaerial environment, including how that environment is altered through
magmatic input.

2.2. MAGMA GENERATION AND RISE CONDITIONS

2.2.1. Magma Generation

Many of the processes involved in the genesis of materials that will eventually erupt at
the Earth’s surface take place at such great depths that little is known about their details.
However, the synthesis of many lines of investigation (e.g., geophysical, geochemical, and
theoretical) permits formulation of some general models. Basaltic magmas are thought to
originate at depths of 50—170 km as a consequence of partial melting of mantle materials. The
source rocks most likely are garnet peridotites or lherzolites, which are crystalline aggregates
of olivine, orthopyroxene, and clinopyroxene with other constituents (e.g., garnet) (Yoder,
1976; Wright, 1984). Energy to melt the parent rock is derived from a wide variety of sources.
The most significant sources for basalt include: (1) pressure-release melting induced by
diapiric rise (Ramburg, 1972) or solid-state convection (Verhoogen, 1954) in the mantle; (2)
friction related to viscous strain (Shaw, 1973), shear strain along propagating cracks (Griggs
and Baker, 1969), or tidal dissipation (Shaw, 1970); (3) reduction in melting temperature by
the addition of volatiles (Yoder and Tilley, 1962); (4) conductive heat trapping as a result of
changes in thermal conductivity with temperature and pressure (McBirney, 1963); and (5)
internal radiogenic heat production. The temperatures at which partial melts form are a
function of source depth and composition, but because of the release of latent heat the melting
process should be approximately isothermal for any given case. For example, the formation of
Hawaiian tholeiite magma at a depth of 60km will take place at ~1350-1400°C (Decker,
1987). Melting commences along boundaries between mineral grains, initially forming thin
films (Yoder, 1976). As melting progresses the films increase in volume until segregation into
discrete melt pockets takes place, a process governed by the rheology of the liquid-rock mush
and the balance between melt buoyancy, local stresses, and viscous forces (Spera, 1980).

2.2.2. Rise Mechanisms

The accumulation of the melt pockets to form larger magma bodies will eventually cause
net vertical motion as a result of increased buoyancy forces. In the asthenosphere, magma
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may rise as diapirs by deforming the ductile country rock, the ascent rate being a function of
diapir size, density contrast, and rheologic properties. However, ascent through the litho-
sphere must overcome the rigidity of the cooler rock, and magma may stall at the astheno-
sphere-lithosphere boundary (Pitcher, 1979) before sufficient stresses accumulate to initiate
brittle fracture and continue motion through the resultant dikes (Sleep, 1988). Buoyant ascent
may also be halted in the shallow crust as the country rock density decreases as a result of the
decreasing compaction related to lithostatic overburden. Such levels of neutral buoyancy may
therefore define storage zones where trapped batches of melt accumulate to form a magma
reservoir at depths of a few kilometers (Rubin and Pollard, 1987; Ryan, 1987). Further dike
propagation is precluded until some driving mechanism overcomes the barrier imposed by the
density trap. Possible examples include pressurization of the magma reservoir related to
continued magma input from below, or redevelopment of buoyancy as a result of volatile
exsolution and generation of a zone of low-density bubble-rich magma (Jaupart and
Vergniolle, 1989), and/or loss of dense mineral components related to fractional crystal-
lization (Sparks et al., 1980). An increase in reservoir pressure might lead to lateral dike
propagation within the edifice, whereas buoyancy-driven motion would be more nearly
vertical. The velocity of magma in the dike and consequent eruption rate are governed by the
magnitude of the driving forces (pressure or buoyancy), dike width, and magma rheologic
properties (Wilson and Head, 1981). Eruption volume may be linked to the size of the
subsurface reservoir, where one exists (Blake, 1981). However, not all magmas will erupt:
Velocities must be sufficient to avoid excessive cooling and solidification, and pressure forces
must be sufficient to drive the magma all the way to the surface.

2.2.3. Vesiculation and Fragmentation

During the final stages of magma ascent, the behavior of magmatic volatiles such as
H,0, CO,, and SO, can critically influence the manifestation of the eruption. Volatile
solubility is a function of magma composition and pressure (i.e., depth) (Mysen, 1977). CO,
and SO, are less soluble than H,O and usually they will exsolve at much greater depths.
Consequently, these may be lost during transport or residence in a magma chamber. As the
confining pressure decreases during ascent, the volatiles exsolve and gas bubbles nucleate and
grow, initially by diffusion of the volatiles through the melt and into bubbles; later, as the
pressure drops (i.e., approaching the external ambient pressure), bubble size increases and
decompression dominates the growth (Sparks, 1978). If the near-surface magma rise speed is
relatively low, bubble rise velocity may exceed that of the melt because the buoyancy forces
increase with bubble size. Runaway bubble collision and coalescence may take place to form
very large bubbles ascending much faster than the magma, producing intermittent, strombo-
lian-type eruptions (see Section 2.5.2) (Blackburn et al., 1976). Alternatively, such gas
pockets might form in shallow reservoirs by coalescence of a bubbly foam. On reaching the
surface of the magma column the bubbles burst, ejecting a spray of small magma clots and
fragmentation products formed from disrupted bubbles. At magma rise speeds of ~0.5 to
1 ms~! the bubbles remain effectively locked to the magma during ascent. Once the gas
occupies a critical fraction (~75 vol%) of the total magma volume (such that the bubbles are
close-packed and further expansion is prohibited) which typically occurs at depths of a few
tens to a few hundred meters, disruption of the magma into a collection of magma clots
entrained in a gas stream is almost inevitable (Sparks, 1978). These conditions favor the
formation of sustained, Hawaiian-type lava fountains or plinian columns (Wilson and Head,
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1981). However, if enough gas is lost during either storage or transport, lava will simply
effuse passively from the vent.

A number of interrelated factors, associated mainly with magma composition, influence
the “explosivity” of an eruption. The low viscosity of basalt means that viscous opposition to
bubble expansion is negligible, allowing bubbles to grow relatively large and precluding
significant excess pressures in the bubble (Sparks, 1978). Although fragmented to some
degree, the resulting eruptive products are coarse-grained. Bubbles in magmas with higher
silica contents and viscosities can develop significant excess pressures and undergo sudden,
violent decompression on reaching the fragmentation level, disrupting the magma into fine
particles that are able to transfer heat efficiently to the surrounding atmosphere. The heated
atmosphere is then entrained to drive buoyantly a vigorous eruptive plume (Wilson, 1976). By
comparison, basaltic eruptions involve low gas pressures, large pyroclasts and, together with
the low total volatile contents, these factors contribute to the low fountains (and lack of a tall
convecting plume) that characterize typical explosive basaltic eruptions (Head and Wilson,
1989). More vigorous explosive basaltic eruptions are possible as a result of interaction with
external water sources (e.g., Williams, 1983; Walker et al., 1984). The above scenario can be
compared to magma rise on other planetary bodies (see Chapters 4, 6, and 8).

2.3. GLOBAL SETTING: PLATE TECTONICS AND “HOT SPOTS”

2.3.1. The Unifying Theory of Plate Tectonics

For many the ears the location and distribution of volcanoes on Earth could not be easily
reconciled with existing theories. During the 1960s, geophysical and geologic data led to the
“Plate Tectonic Revolution” that was finally successful in presenting a unified theory that
accounted for the global distribution of volcanic and seismic phenomena (see Press and
Siever, 1974; Summerfield, 1991; Francis, 1994). The strong correlation of active volcanism
and seismicity with the margins of crustal plates (Figure 2.1) provided a rationale for why

Figure 2.1. Plate margins superposed on the outline of the continents. Selected prominent hot spots
are also indicated by dots. Redrawn from Simkin et al. (1994).
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most volcanic eruptions occurred where they do. Concentrations of volcanoes are found at
island arcs and continent-margin subduction zones, mid-ocean ridges, and continental rift
valleys, representing either divergent or convergent boundaries.

2.3.2. Divergent Margins: Generation of New Crust

Plates of Earth’s crust move away from each other at divergent margins. The spreading
apart of two plates causes passive upwelling in the underlying asthenosphere, resulting in
partial melting of the asthenosphere and subsequent volcanism. The gross morphologic and
volcanologic characteristics of divergent margins vary widely, and depend on whether the
rifting is occurring on land (such as the East African Rift) or underwater (such as the Mid-
Atlantic Ridge). The vast majority of Earth’s divergent margins are found on the ocean floor,
where they form a submarine volcanic chain approximately 75,000 km long called the mid-
ocean ridge (MOR). Spreading rate has a strong control on morphologic and volcanologic
characteristics. For discussion, MORs are classified on the basis of spreading rate: slow
(<30 mm a~!, full spreading rate), intermediate (~60-90 mm a~"), and fast (>90 mm a~!).
The northern Mid-Atlantic Ridge, excluding Iceland (the only subaerial portion of a MOR),
typifies a slow-spreading center while the Juan de Fuca Ridge and northern East Pacific Rise
are type examples of intermediate- and fast-spreading margins, respectively.

At a MOR, the forces of volcanism, magmatism, and tectonism interact to generate the
overall ridge morphology, which is reflective of the relative dominance of these processes
over the scale of a million years. However, all spreading ridges are characterized by a broad
topographic rise capped by a central valley, graben, or collapse trough (Chadwick and
Embley, 1998; Fornari et al., 1998). The width and depth of the summit depression depend on
the long-term magma supply. For example, the slow magma supply to the Mid-Atlantic Ridge
results in a central valley as wide as 40 km that is flanked by faulted walls reaching as high as
2 km above the valley floor (Mutter and Karson, 1992). The floor of the axial valley contains
large volcanic constructs termed axial volcanic ridges that can be up to several kilometers
long and as high as 2000 m (Smith and Cann, 1996). In contrast, the magmatically robust East
Pacific Rise near 9°50'N is characterized by a narrow (~40 m wide), shallow (5-8 m) summit
collapse trough formed by repeated near-surface collapse of lava flow crusts (Haymon et al.,
1991; Fornari et al., 1998). The southern East Pacific Rise near 17°30’S does not display a
summit trough, but instead appears to be covered with a relatively young lava flow that could
have obliterated any previous structure on the axial summit (Auzende et al., 1996). These
trough-filling eruptions may take place approximately every 5-10 years per 10km of ridge
(Fornari et al., 1998).

The precise frequency and duration of volcanic eruptions at MORs are unknown because
technologic and financial constraints preclude constant monitoring of the global MOR system
(see Chapter 5). The Juan de Fuca Ridge has been monitored with a SOund SUrveillance
System (SOSUS) since 1993, and since that time, four eruptions have been detected (Fox et
al., 1995; Chadwick et al., 1998). These events lasted up to 14 days, and emplaced
~105-10 m? of lava, giving an average effusion rate of ~1 to 100 m* s™' (Gregg and
Fink, 1995; Fox, 1998; Chadwick et al., 1999). The site of an eruption between 9°46’ and
52N on the East Pacific Rise was visited shortly after activity ceased (Haymon et al., 1993).
Results of recent modeling suggest that here ~10° m? of lava was emplaced in <2 h, giving
an average effusion rate of 10*~10° m? s! (Gregg et al., 1996). Based on mapping as well as
numerical and physical modeling of submarine lava flow behavior, it appears that eruptions at
fast-spreading centers are more frequent, of shorter duration, and have smaller volumes than
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those at slow-spreading centers (Smith et al., 1995; Gregg et al., 1996; Chadwick et al.,
1998).

Iceland, located directly on the Mid-Atlantic Ridge, provides the unique opportunity to
study MOR volcanism and tectonism in a subaerial environment. The volcanism on Iceland
consists primarily of basalt and icelandite (a term recently applied to possible basaltic andesite
compositions on Mars, see Chapter 4). The Mid-Atlantic Ridge is visible on Iceland as a
series of fissures across which the spreading of the rift has been closely monitored (e.g.,
Thorarinsson, 1967). Historic fissure eruptions in Iceland have provided valuable insight into
divergent margin volcanism; these include the Laki eruption of 1783 (Thorarinsson, 1969;
Thordarson and Self, 1993) and a fissure eruption within the Askja caldera, which was closely
observed by geologists in 1961 (Thorarinsson and Sigvaldason, 1962). The manifestation of
Icelandic (and MOR) volcanism is generally very distinct from that associated with rifting
within continents, such as along the East African Rift, where exotic lavas like carbonatite (see
Chapter 8) accompany the basalts.

2.3.3. Subduction: Destruction of Old Crust

Lithospheric material descends back into Earth’s interior along subduction zones; as the
name implies, lithosphere is forced under either oceanic or continental crustal materials.
Subduction zones are compressive tectonic regimes, with driving forces resulting primarily
from the pulling force of the descending slab, along with the relative motion of the plates on
either side of the trench (see Summerfield, 1991, pp. 48-54; Bebout et al., 1996).

Subduction zones formed between two oceanic plates are characterized by a topographic
trench along the line where the subducted slab disappears, with a line of volcanic islands
paralleling the trench on the overriding slab. Because of the geometry of a spherical planet,
volcanoes associated with oceanic subduction zones tend to form broadly curving archipe-
lagos (“arcs”) of volcanic islands. The subducted lithosphere consists of both basalts and
peridotites, plus a liberal coating of oceanic sediments and trapped seawater. As the slab
descends into the hot mantle, water and other volatiles are “boiled” out of the slab. The
volatiles ascending from the slab alter the properties of the asthenospheric wedge between the
downgoing and overlying plates, leading to extensive partial melting (see Stein and Stein,
1996). These melts rise through the overlying oceanic plate to produce island arc volcanoes,
typically found between 70 and 90km from the associated subduction trench. Erupted
materials include basalts, broadly similar to those found at ocean ridges but with a slightly
different chemistry distinctive of island arc basalts, as well as minor amounts of silica-
enriched basaltic andesites and andesites.

Where an oceanic plate collides with a continent, the resulting subduction zone is
broadly similar to that of an oceanic subduction zone described above, but with the added
complication of continental crustal materials. The ascending magma can now cause partial
melting of the lower continental crust, providing new (usually silica-rich) materials for
incorporation into the magma as it rises through this region. Continental margin volcanism,
such as that found in the Andes along the western margin of South America, tends to be
dominated by more evolved materials such as basaltic andesite, copious quantities of andesite
and dacite, but very little basalt, most of which is underplated at the base of the crust (Francis,
1994, p. 38). Fractional crystallization can eventually lead to very silica-rich magma such as
rhyolite.

Both island arc and continental margin volcanoes contribute to make one of the largest
subaerial volcanic regions on Earth. The margin of the Pacific Ocean, comprised of many
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hundreds of active or recently active volcanoes, has been termed the “Ring of Fire™; it is the
result of subduction processes at the convergent boundaries around the Pacific plate. In
comparison with subduction zones, the magmatic sources for intraplate volcanism tend to be
much deeper within the Earth.

2.3.4. Hot Spots: Deep Mantle Sources

The deep interior of the Earth accumulates heat at a rate faster than it is lost by the
combined processes of conduction to the Earth’s surface and of volcanism at oceanic
spreading centers and subduction-related volcanoes. This causes large diapirs of hot mantle
material known as mantle plumes (Figure 2.2) to rise toward the surface, presumably from the
deep mantle (see Francis, 1994, pp. 38-47). As the large plume head rises, it remains
connected to its source by a much narrower tail, through which additional material also rises.

When the plume head flattens itself against the base of the oceanic or continental
lithosphere, it causes doming of the crust via both physical uplift and thermal expansion of
the crustal rock (Phipps Morgan et al., 1995), as well as radiating dike swarms (see Chapter
5). The material in the 800- to 1000-km-diameter plume head begins to melt primarily as a
result of the decrease in lithostatic pressure. The volume of such a diapiric plume head is
great, so the amount of magma it can produce is tremendous. Huge areas of flood basalts are
the result, and they have been found across the globe (see Section 2.6). The Columbia River
Plateau basalt in the USA’s Pacific Northwest is a young and well-studied example; its total
area is 164,000 km® and total volume is approximately 174,000 km®, with individual basalt
lava flows reaching up to 2000 km?; 90% of its volume erupted over a period of 1.5Myr
(Tolan et al., 1989; Reidel and Hooper, 1989). Other flood basalt provinces include the
Deccan Traps in India and the Parana Basin in Brazil, both on continental crust. Not all of the

Figure 2.2. Plumes of material rising from the base of the mantle are thought to have a similar
morphology and behavior to these plumes of hot glucose syrup (dark) rising diapirically through
cooler syrup (light) in a lab experiment at the Australian National University. (A) Rising plume
entraining cooler material. (B) Impingement of the plume head against a horizontal barrier (i.e., the
base of the lithosphere). After the head becomes stagnant, hot material continues to rise through the
tail of the plume. Modified from Hill et al. (1992).
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Figure 2.3. The Hawaiian-Emperor chain of seamounts and islands, marking the motion of the Pacific
plate over the Hawaiian hot spot. Numbers show the oldest reliable ages (in Ma) of selected basaltic
volcanoes. The bend in the chain marks a change in the vector of motion of the Pacific plate about
40Ma. Redrawn from Calgue and Dalrymple (1987).

magma generated by the plume head is erupted; much may be intruded as dikes and sills
within the crust, adding heat to the crust and changing its bulk composition. The plume head
eventually equilibrates thermally with the upper mantle and ceases producing magma.
However, hot mantle material may continue to rise through the tail for many millions of
years. This represents a “hot spot” beneath the crust, so magmatism continues, though at
much reduced rates (Richards et al., 1989).

Hot spots are thought to be fairly stationary relative to the mobile tectonic plates that
make up the Earth’s surface. Thus, as the lithospheric plates move over hot spots, tracks of
volcanic centers are formed on the crust, in a manner similar to the way burn holes form in a
sheet of paper being moved horizontally just above a candle flame. In the ocean basins, hot
spot traces are expressed as linear chains of islands and seamounts, each of which is
composed of several basaltic shield volcanoes. The Hawaiian-Emperor island and seamount
chain (Figure 2.3), active for at least 80 Myr, is perhaps the most extensive and best-known
example (Clague and Dalrymple, 1987).

On the continents, hot spots generally leave tracks of silicic volcanic centers instead of
basaltic shields. The Snake River Plain (White ef al., in press), in southern Idaho, USA, is
believed to be primarily the track of the tail of the hot spot presently under Yellowstone
(Figure 2.4). The head of this same plume may also be responsible for the Columbia River
basalts. Volcanic activity along the Snake River Plain (SRP) began about 16 Ma in south-
eastern Oregon and southwestern Idaho and progressed to the Yellowstone Plateau, which has
been volcanically active for the past 2 Myr. Both discrete and less well-defined silicic eruptive
centers, up to at least 100 km in diameter, were formed sequentially as the North American
tectonic plate moved southwestward over the plume. Basaltic magma generated from the
material in the plume tail provides the heat source for SRP plume track volcanism, leading to
abundant basalt and silicic products in close proximity. Fractional crystallization of the
basaltic magma, plus partial melting of basalts intruded into the deep crust, generated the
silicic magmas; melting of silicic crustal rocks can also occur. Hot spot magmatism tends
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Figure 2.4. The Columbia River Basalt (CRB) and related volcanics in the northwestern United
States. Impingement of the head of the Yellowstone plume at ~17 Ma is commonly thought to have
led to rifting in northern Nevada, and possibly to the eruption of the CRB and the Oregon Plateau
Basalts (OPB), both ~17-13 Ma. After magmatism associated with the plume head waned, the plume
tail created a track of silicic eruptive centers (labeled with ages in Ma) as the North American plate
moved southwest, relative to the hot spot. The hot spot is still active and is presently located beneath
Yellowstone National Park. Redrawn from Pierce and Morgan (1992).

toward silicic magmas with somewhat lower water contents compared with silicic magmas
from non-hot-spot-related centers. These lower water contents manifest themselves in
extremely voluminous silicic lava flows, which are common features of hot spot centers
(Bonnichsen, 1982; Manley, 1995). Elsewhere on the continents are large, long-lived, silicic
centers similar to those along hot spot tracks, but which do not seem associated with any hot
spot.

2.4. EFFUSIVE ERUPTIONS

2.4.1. Lava Flows

The flow of lava is the primary mechanism through which effusive eruptions build
edifices and invade the surrounding terrain. Flow properties are inherently associated with a
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host of parameters such as viscosity, density, temperature, and crystal content (see Chapter 9),
but remarkably most lava flow textures fall within a few broad categories. The following
discussion focuses primarily on basaltic lava (see Williams and McBirney, 1979, pp. 106
112), but includes brief references to other significant compositional types. Also note that
transitional textural types can be found between these basic types.

A’a. The Hawaiian word a 'a refers to flows covered with jumbles of rough, clinkery, and
spinose fragments, ranging from small chips to blocks meters across (Figure 2.5a). Flows
with a’a texture range from one-half to tens of meters in thickness, and are usually comprised
of distinct lobes fed by a central leveed channel. Once solidified, a’a lava typically displays
rubbly upper and lower surfaces, with a massive central unit where the liquid core of the flow
solidified under the insulating effects of the rubble zones. Basalts, basaltic andesites, and
andesites all commonly display a’a textures.

Pahoehoe. The Hawaiian word pahoehoe refers to flows with smooth crusts that can
occur in a bewildering array of shapes, ranging from twisted ropes (Figure 2.5b) to shelly
blisters. Pahoehoe textures result from fluid lava usually emplaced at relatively low effusion
rates (see Section 2.4.3); pahoehoe flow fields are composed of many thousands of individual
flow units or “toes.” These toes are usually <50 cm thick, up to 1 m wide, and up to 10m
long. Individual flows can transition from pahoehoe to a’a, particularly if the localized flow
rate increases such as on a steep slope. Adjectives such as scaly, shelly, slabby, and massive
have been used in field descriptions of pahoehoe flows, along with tumuli and “squeeze-ups”
for pahoehoe that is locally extruded along cracks into the flow crust. A glassy pahoehoe
surface is readily weathered in temperate environments, leaving vesicular blocks lacking the
intricate pahoehoe surface textures. Near-vent basalts commonly have pahoehoe textures, but
pahoehoe is usually absent from more silica-rich lavas. Recently portions of the Columbia
River Basalt (CRB) sequence have been interpreted to be inflated pahoehoe flows (Self et al.,
1996, 1997).

Block Flows. Block flows are sometimes considered synonymous with a’a flows, but the
term should be restricted to flows made up largely of detached, polyhedral blocks with planar
to curved faces (Figure 2.5¢). Block basalt flows are much less common than a’a flows, and
they are best developed in intermediate to siliceous flows that formed thick, glass-rich crusts
that subsequently fractured into angular blocks. Andesite, dacite, and rhyolite flows display
blocky characteristics that grade with increasing volume into domes, discussed in Section
2.4.4 below.

Pillow Lavas. Pillow lavas may be the most abundant volcanic rocks on Earth, since
they form where lava is slowly erupted under water (see Chapters 3 and 5); they are
essentially the underwater equivalent of pahoehoe. Because this chapter concentrates on
subaerial eruptions, we will not discuss them further here. However, the distinctive budded
pillow morphology occurs in flows ranging from ultrabasic to rhyolitic in composition; more
viscous lavas tend to generate larger pillows.

2.4.2. Constructs

When a centralized volcanic vent is active for a prolonged period of time, substantial
constructs are formed through the accumulation of lava flows and pyroclastic material. As
with lava flows, volcanic constructs take on a myriad of shapes and forms. Fortunately, two
broad types of constructs encompass the majority of volcanic landforms encountered
throughout the world.
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Figure 2.5. Lava flow textures. (a) A’a flow. Episode 5 of the Pu'u O’o eruptions of Kilauea, Hawaii.
(Photo by J. Zimbelman, Jan. 1984.) (b) Pahoehoe flow. 19691972 flows from Mauna Ulu, Hawaii.
(Photo by J. Zimbelman, Sept. 1983.) (c) Block flow. SP flow near Flagstaff, Arizona. (Photo by J.

Zimbeiman, June 1998.)
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Shield Volcanoes. Repeated eruption of fluid lava from a central vent produces a broad
convex-upward volcanic edifice called a shield volcano (Figure 2.6a), based on its resem-
blance to the rounded shields of early Germanic warriors (Macdonald, 1972, p. 271). Shield
volcanoes typically have flanks with slopes of 4° to 5°, culminating in a collapse caldera or
caldera complex near the summit. The edifice is comprised of countless individual lava flows
stacked adjacent to and on top of each other, with only a very small amount of included
pyroclastics. Shield volcanoes are predominantly comprised of basaltic lavas, although
basaltic andesites are not uncommon. Well-known examples include Mauna Loa and other
volcanoes in Hawaii, the smaller but very symmetrical Icelandic shields like Skjalbreidur, and
the Galapagos archipelago where some volcanoes have flank slopes >20° (Williams and
McBimey, 1979, pp. 197-205). Huge shield volcanoes occur on other planets, including both
Mars (see Chapter 4) and Venus (see Chapter 5).

Composite Volcanoes. If effusive flows (generally more viscous than basalt) are
intermixed with substantial pyroclastic deposits, a composite volcano is formed (Figure
2.6b), the classic conical form that even nongeologists associate with a volcano. The term
composite is preferable to the earlier term stratovolcano because shields and many domes can
also be considered to be stratified (Williams and McBirney, 1979, p. 179). Rarely is the
composite structure built of regularly alternating effusive and pyroclastic layers, but the
relatively common mixture of flows and pyroclastics (Figure 2.6¢) lets the volcano flanks
attain slopes of 10° to 12°, more than twice the average slope of a shield volcano. Composite
volcanoes are predominantly comprised of andesite and dacite materials, which contributes to
the abundance of pyroclastics, although once again basaltic andesites are not uncommon.
Composite volcanoes are common throughout the world, but Fujiyama in Japan, several of the
Cascade peaks in the western United States, and preeruption Mt. Pinatubo in the Philippines
are among the better-known examples.

Other Volcanic Centers. Many volcanoes do not fall into either the shield or composite
category. Pyroclastic (cinder) cones are monogenetic constructs composed of scoriaceous
ejecta (Figure 2.6d). When a cinder cone eruption stops, it rarely erupts again at the same
vent; instead, a new cinder cone forms in the general vicinity of the previous eruption,
resulting in local concentrations of tens to hundreds of cinder cones. Fissure eruptions likely
produce the largest volumes of effusive materials (see Section 2.7), but they rarely result in
significant landforms other than low spatter cones or ramparts along the active segment of the
fissure. Volcanic domes represent an important volcanic construct distinct from other effusive
or explosive volcanoes (see Section 2.4.4).

2.4.3. Flow Effusion Rates

The emplacement of lava flows is governed by the lava rheology (a complex function of
composition, temperature, volatile content, and so on), preflow topography (slope and
roughness), and effusion rate, perhaps the single most important parameter in characterizing
an eruption. An evaluation of documented Hawaiian eruptions led Rowland and Walker
(1990) to conclude that effusion at a rate <10 m> s~! results in almost exclusively tube-fed
pahoehoe flows whereas eruptions at >20 m® s~! are almost exclusively a’a flows. The
average effusion rate for current eruptions at Kilauea is ~5 m> s~! (Wolfe et al., 1989). From
1983 to mid-1986 the Kilauea eruption was characterized by distinct episodes at high effusion
rates that produced high fountains and fast-moving a’a flows. Since mid-1986 the eruption
has been more or less continuous, producing pahoehoe flows and little or no pyroclastic
activity. In contrast, the 1984 Mauna Loa eruption emplaced a 27-km-long a’a flow over 21
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Figure 2.6. Volcanic constructs. (a) Shield volcano. Mauna Loa, Hawaii. (Photo by J. Zimbelman,
Sept. 1983.) (b) Composite volcano. Villarrica, Chile. (Photo by J. Zimbelman, Dec. 1985.) (c) Ash
interbedded with basaltic andesite lava, on the northem flauk of Villarrica volcano, Chile. (Photo by J.
Zimbelman, Dec. 1985.)
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Figure 2.6. Volcanic constructs. (d) Cinder cone. Sunset Crater, north of Flagstaff, Arizona. (Photo
by J. Zimbelman, July 1992.)

days at an average eruption rate of ~110 m? s~! (Lipman and Banks, 1987). The largest
effusion rate inferred for a historical flow comes from the Laki eruption of 1783-1785 in
Iceland, with a peak effusion rate of 4600 m® s™!, equivalent to an effusion rate of ~6 m* s™!
per meter of active fissure (Thordarson and Self, 1993). Such observations are important
considerations when examining the emplacement of large lava flows on other planets
(Zimbelman, 1998).

Lava tubes can significantly enhance the delivery of relatively unaltered lava to an active
flow front well removed from the vent (e.g., Greeley, 1987). Tubes develop primarily within
fluid basaltic lavas, at least in some cases through the roofing over of an active channel
(Greeley, 1971). Complex networks of tubes can feed the emplacement of many large flow
fields. Some drained lava tubes can be very large; tube sections in the Undara volcanic field in
northeastern Australia attain widths of up to 20 m (Atkinson et al., 1975). Calculations of the
thermal efficiency of a well-developed tube indicate that lava can be transported many
hundreds of kilometers without losing enough heat to alter the lava rheology (Keszthelyi,
1995; Sakimoto et al., 1997). Tubes may play an important role in the emplacement of
enormous volumes of basaltic lava found around the world (see Section 2.6).

2.4.4. Volcanic Domes

In the simplest definition, a lava dome is an extrusion of lava with a thickness
comparable to its diameter. Lava domes form most often from lavas with high viscos-
ities—andesite, dacite, rhyolite, and trachyte. Several broad types of domes have been
distinguished, based largely on gross morphology, but with differences in lava rheology
(primarily the yield strength of the lava) as the underlying factor. Domes can display a variety
of surface textures (e.g., Anderson and Fink, 1990), but the various emplacement mechanisms
lead to the following basic types.

Upheaved Plug Domes. When the lava solidifies in the vent and becomes very strong
before reaching the surface, it may be forced slowly upward in a steep-sided, coherent mass of
rock that can barely spread under its own weight. Lassen Peak, in northern California, USA,
and the Chain of Puys in France are well-known examples.
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Peléean Domes. Lava that reaches the surface before solidifying, but which still has an
appreciable strength, will form a dome similar to that extruded during 1902-1903 at Mont
Pelée, Martinique. Spines (small versions of upheaved plugs) and craggy piles of rubble
protrude from the summits of Peléean domes, and their lower portions are usually completely
engulfed by aprons of rubbly talus. The spines themselves are transitory, as they often
crumble and collapse as they cool. Episodic growth over many years, punctuated by
avalanches and explosions, is common with these domes. It was a block-and-ash flow from
the Mont Pelée dome that destroyed the town of St. Pierre on Martinique in 1902 (see Section
2.5.2).

Coulees. Lava that would form a circular dome on a flat surface will tend to flow slowly
down a slope, forming a coulee (a short but very thick lava flow). Most coulees are covered by
a carapace of broken pumiceous or scoriaceous blocks. The Mono Domes in eastern
California, USA, contain several classic examples. If a large volume of magma is available
to erupt, a coulee may continue to increase its lateral extent, usually with only a minor
increase in height; a dome may thus lose its domical aspect and become a lava flow.

Low Domes. Lava sufficiently low in viscosity so as to spread slowly away from the vent
on a flat surface will form a generally circular, smooth-profile dome called a low lava dome by
Blake (1990). Although their upper surfaces can be covered with loose rubble, they lack the
craggy relief typical of a Peléean dome. Avalanches and explosions are uncommon. A well-
studied example is the 1979 Soufriére dome on the island of St. Vincent (Huppert et al.,
1982).

Cryptodomes (Intrusive Domes). In some cases, the magma does not reach the surface
but intrudes at shallow depths, doming or lifting up the overlying rock and soil. These
intrusive domes have been termed cryptodomes, for the magma itself remains hidden.

The Dome Spectrum. A complete spectrum exists from plug domes through low domes
to coulees and lava flows (Figure 2.7), because the controlling factors of viscosity and erupted
volume also vary smoothly. For example, the dome that grew in the crater of Mount St.
Helens from 1980 to 1986 showed aspects of both low and Peléean-type domes. Other domes
change character abruptly during their growth. In the Inyo Domes of eastern California, USA,
the last lava that erupted was more viscous and had a higher yield strength than the first, so it
piled up high over the vent, forming a craggy Peléean-type dome surrounded by a low-dome
aureole (Figure 2.8) only half as thick (Sampson, 1987).

Figure 2.7. South Deadman dome, in the Inyo volcanic chain, eastern California, USA. The dashed
line separates the earlier-erupted, low-yield-strength, crystal-poor lava, which makes up a flat-topped
aureole that surrounds the tall (Peléean-type) center, comprised of later-erupted, high-yield-strength,
crystal-rich lava. Photo courtesy of Allen F. Glazner.
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Figure 2.8. The four types of extrusive lava domes. Their morphologies are primarily controlled by
the viscosity and yield strength of the lava. Redrawn from Blake (1990) and Francis (1994).

Viscosity and Size. Although the high viscosity of most silicic magmas might seem to
limit the size of lava domes and flows, in fact it simply slows the rate of advance of the lava
across the Earth’s surface. The distance the lava may move from the vent then becomes
dependent on the balance between the lava’s cooling and crystallization on the one hand, and
its rate of supply on the other (Manley, 1992). Voluminous silicic lava flows have now been
mapped in many locations on Earth, but the great majority are associated with the trails of
mantle plume hot spots across the continents, such as the Snake River Plain hot-spot track
across southern Idaho, USA (Bonnichsen, 1982), and the Parana continental flood basalt (and
rhyolite) province of southern Brazil (Garland et al., 1995).

2.4.5. Interactions with Meteoric Water

When a subaerial lava flow advances into wet areas such as a lake bed or a marshy
depression, water can become trapped beneath the lava and flash into steam, bursting
explosively through the lava to form a pseudocrater or rootless vent (Francis, 1994, pp.
151-152). One of the best-known locations for pseudocraters is around Lake Myvatn in
Iceland where dozens of pseudocraters are clustered. Pseudocraters are discussed in more
detail in Chapter 3, because lava-ice interactions can also contribute to steam explosions. If
ground water within a shallow aquifer is brought into contact with ascending magma, steam
explosions can excavate into the preexisting substrate and produce a broad, shallow
depression termed a maar, after lake-filled craters in Germany generated in this fashion
(Francis, 1994, pp. 341-342). As the water-magma ratio increases, phreatomagmatic
eruptions can achieve significantly increased mechanical energy release (governed by fuel-
coolant reactions) that result in tuff cones or tuff rings as the energy of emplacement increases
(Wohletz and Sheridan, 1983). If the water-magma ratio continues to increase beyond the tuff
cone/ring stages, eventually pillow lavas result from the rapid chilling of lava lobes in the
surrounding water. When lava enters standing water >1500 m deep, the hydrostatic pressure
of the water is sufficient to inhibit the formation of steam, leading to the benign generation of
pillow lavas (see Chapter 5).

Interaction of basaltic volcanic ash with water shortly after emplacement can lead to
alteration of the glassy shards by hydration to form palagonite. The orange-brown color of
palagonite is distinctive of this wet alteration process; these materials have reflectance spectra
very similar to those of the bright dusty regions on Mars. If palagonite is a significant
component of the Martian fines, this would strengthen the likelihood that both basaltic
products and access to a hydrating agent such as water were readily present at some point in
Martian history (see Chapter 4).
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2.5. EXPLOSIVE ERUPTIONS

2.5.1. Pyroclastics

Pyroclastic rocks (Greek, “fire-broken”) consist of material that is fragmented and
ballistically ejected by expanding gases, and which subsequently accumulates into a deposit
(Macdonald, 1972, p. 23). Pyroclastics can encompass other descriptive terms like pumice or
ash, although the latter term also indicates a specific size range. What mechanisms contribute
to this breaking of rocks by expanding gases? By far, the most important mechanism is related
to the initial fragmentation of magma, either during ascent or at the surface (see Section 2.2).
Fragment sizes relate directly to basic properties of the magma itself, such as viscosity and
volatile content. The greater the gas content and viscosity, the higher the gas pressure can
build up within the magma; the stronger the explosions, the smaller the resulting fragments.
After eruption, additional processes may further reduce the size of the erupted products. Some
fragmentation results from the tensile stress exerted when the particle cools from a molten
state, and abrasion between fragments during transportation can both round the particles as
well as generate abundant fine abrasion products. If conditions are right, some pyroclastic
particles actually grow in size after eruption, such as accretionary lapilli formed when moist
ash particles adhere together, but this requires abundant meteoric water to form.

Pyroclastic materials can be broadly subdivided by the readily observable quantity of
particle size. Pyroclastic deposits are termed ash when individual particles are <2 mm across,
lapilli (Latin for “little stones”) when between 2 and 64 mm, and bombs when >64 mm
(Fisher, 1961). If particle size is not part of the intended description, the more generic Greek
term tephra is preferred (Francis, 1994, p. 185). Deposit thickness measurements can be
combined with the areal extent of a deposit; if measurements are sufficiently distributed, this
provides a reasonable estimate of the deposit volume. Other important quantities either
measured in the field or determined from later laboratory measurements include the
maximum clast size in a given deposit at a given location (related to the energy of
emplacement), the degree of sorting, the vesicularity of the clasts, and the presence or
abundance of either crystal or lithic fragments.

Pyroclastic materials do not in themselves imply any particular composition. Magmas
from basaltic to rhyolitic compositions can all produce pyroclastic materials if the eruption is
sufficiently vigorous to break apart the erupting liquid. In general, the areal extent of mafic
pyroclastics tends to be more restricted than that of either andesitic or especially rhyolitic
magmas, which typically produce increasingly explosive eruptions.

2.5.2. Modes of Emplacement

The depositional products from explosive eruptions can be broadly divided between falls
and flows where, as the names suggest, the former descend either ballistically or roughly
vertically out of the atmosphere while the latter are emplaced by movement across the surface.
There is no way to cover the diversity found within such deposits within one summary
chapter; the interested reader is referred to standard texts for more detailed treatment (e.g.,
Williams and McBirney, 1979; Fisher and Schmincke, 1984; Cas and Wright, 1987; Francis,
1994).

Falls. The degree of explosivity of an eruption is a useful way to classify eruptive styles
and the pyroclastic products that result from them. Early on these distinctions were assigned
to type volcanoes displaying specific attributes, but more recently the Volcanic Explosivity
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Index (VEI) has provided a way to quantify some of these eruptive types based on the size and
dispersal of pyroclasts (Newhall and Self, 1982). At the low end of the explosive sequence are
Hawaiian eruptions, which are primarily effusive but which can be accompanied by fire-
fountaining that deposits a wide variety of glassy particles (e.g., spatter, clots, “Pélé’s tears,”
reticulite). Strombolian eruptions launch magmatic cobble-sized vesicular cinders (scoria)
that collect around the vent to produce the classic cinder cone; rare larger blocks are termed
volcanic bombs. Vulcanian eruptions incorporate a large fraction of nonmagmatic lithic
fragments derived from the initial “throat-clearing” and subsequent erosion of the vent wall,
with products ranging in size from ash to bombs. Strombolian and Vulcanian eruptions
discussed thus far deposit materials almost exclusively in the immediate vicinity of the vent,
with very limited dispersal, in marked contrast to the very explosive Plinian eruption.

Plinian eruptions derive their name from both the famous Roman naturalist, Pliny the
Elder, who died in the catastrophic outburst of Vesuvius in 79 AD, and Pliny the Younger, who
meticulously described the eruption (Macdonald, 1972, p. 231). Plinian eruption columns can
enter the stratosphere in the most dramatic cases. In Plinian and sub-Plinian explosive
eruptions, magma (commonly with preeruptive water contents of 4 to 6 wt%; Lowenstern,
1995) vesiculates to the point of explosive comminution as it rises in the conduit toward the
Earth’s surface. This produces tephra with a large proportion of fine ash particles, so the
eruptive column above the vent becomes a roiling, turbulent mass of gas and dust.
Entrainment of air into the column completely cools the fine-grained tephra and carries
much of it high into the atmosphere and far from the vent. The prodigious ash produced by
these eruptions may travel large distances, blanketing the surroundings with deep layers of
bedded deposits. Both nonmagmatic lithics and highly vesiculated magmatic pumice
fragments abound; the sizes of these can provide information on the variability of intensity
during the course of an eruption (Sigurdsson ef al., 1985). A Plinian deposit represents the
most explosive product from a single vent, surpassed only by massive caldera collapse
eruptions that lead to ignimbrite deposits, discussed below.

Flows. Pyroclastic flow products range from low-density, vesiculated pumice to dense,
unvesiculated lava clasts; the following discussion utilizes the broad division of pyroclastic
flows derived from this distinction (Fisher and Schmincke, 1984).

Ignimbrites. In broad terms, an ignimbrite is the deposit left behind by a pyroclastic
flow, consisting of poorly sorted mixtures of pumice blocks and lapilli in a matrix of fine ash
(Williams and McBirney, 1979, pp. 161-165). Ignimbrites are predominantly rhyolitic in
composition, although rhyodacites and dacites are also common. An ignimbrite can result
from one or more individual pyroclastic flows, but if multiple flows are emplaced rapidly
enough, they can result in a single compound cooling unit. The pyroclastic flows that produce
an ignimbrite result from many causes, but the most widely held model involves flow by
collapse of a Plinian column when the local cloud density can no longer be supported by
buoyancy (Sparks et al., 1997, pp. 144-178). Ignimbrite materials do not conduct heat very
efficiently, so that the heat remaining after emplacement can partially to completely weld the
pumice and ash into a central zone of dense obsidianlike glass (Fisher and Schmincke, 1984).
The top of an individual flow within an ignimbrite sometimes consists of fine co-ignimbrite
ash, which settles from the cloud of hot gas and ash that rises above an active pyroclastic flow
(Sparks et al., 1997, pp. 180-208). The 1815 eruption of Tambora produced the largest
accumulation of ignimbrite and co-ignimbrite deposits yet identified for a historic eruption
(Sigurdsson and Carey, 1989).

Block-and-Ash Flows. Observers of the eruptions of Mt. Pelée in 1902 introduced the
term nuées ardentes (“glowing clouds™) to describe the pyroclastic block-and-ash flows that
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periodically swept down the volcano, one of which wiped out the town of St. Pierre. For our
purposes, nuées ardentes can be considered pyroclastic flows where the magmatic component
is dense rock rather than the vesiculated pumice found in ignimbrites (Francis, 1994, p. 247).
The mechanism of generation of such flows can range from explosive disruption of a volcanic
dome, as occurred on Mt. Pelée (Boudon and Gourgaud, 1989), to hot avalanches caused by
the nonexplosive gravitational collapse of a dome, as at Merapi, Indonesia, and Unzen, Japan
(Francis, 1994, pp. 250-253), to eruption column collapse incorporating hot juvenile blocks,
such as the 1968 eruption of Mayon (Moore and Melson, 1969). The deposits from all of
these pyroclastic flows are generally very poorly sorted, chaotic, and unstratified; these
deposits are now termed block-and-ash flows because of the distinct particle sizes involved.

Surges. The precise origin of pyroclastic surges remains rather controversial, but their
distinctive characteristics include reduced bulk density (relative to ignimbrites and block-and-
ash flows) and evidence of turbulent rather than laminar emplacement regimes (Francis, 1994,
p. 236) Surges are usually associated with hydromagmatic eruptions, where the interplay of
nonjuvenile water and magma is dominant and which leads to a high degree of fragmentation
(Sheridan and Wohletz, 1983; Wohletz and Heiken, 1992, pp. 26-37). Surges are also
identified with the initiation of many ignimbrites, and they may form crucial parts of the
column collapses involved in the AD 79 eruption of Vesuvius (Sheridan et al., 1981;
Sigurdsson et al., 1985). Surge deposits often include sections with sand waves and climbing
dunes, indicative of emplacement by saltation (bouncing along the ground) rather than full
suspension (Sigurdsson et al., 1987), which is directly related to the intensity of energy
release associated with a hydromagmatic eruption (Sheridan and Wohletz, 1983).

2.5.3. Fountain-Fed Rhyolitic Eruptions

Fire-fountaining is commonly considered an eruptive mode confined to basalts and other
mafic magma compositions with relatively low viscosities, but an increasing number of
rhyolitic units are interpreted to have formed by fountaining. They range from small welded
tephra rings through moderately sized secondary lava flows to widespread welded airfall tuffs
that blanket any preeruptive topography (Christiansen and Blank, 1975; Duffield, 1990;
Manley, 1994; Christiansen, in press; Manley and Mclntosh, in press), and are known
primarily from Yellowstone National Park in Wyoming, southwestern New Mexico, and
southwestern Idaho, all in the United States. The fountaining mode of eruption in these units
is facilitated not by low viscosities caused by high temperatures, but rather by the behavior of
the erupting magma before and during disruption in the conduit. These units all seem to have
preeruptive water contents lower than those erupted in a Plinian manner, and many have high
fluorine contents. Rhyolitic magma with a preeruptive water content of less than about 3 wt%
(Manley, 1994, 1996) becomes less comminuted and produces a much smaller proportion of
ash-sized tephra than those with more water. This results in a low-bulk-density eruptive
column; entrainment of air is minimized, as is heat loss, and the clasts are emplaced
ballistically, as in a basaltic fire-fountain. Because more of the tephra lands nearer the vent
and remains hot enough to weld, a welded airfall deposit forms. High magmatic fluorine
contents of up to 3wt% (Webster and Duffield, 1991) may play an important role by
decreasing the viscosity (Dingwell ef al., 1985) of the rather dry magma sufficiently that it is
still able to rise through the conduit and erupt.
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2.5.4. Modification of Ash Deposits

Ash deposits can generate distinctive geomorphic terrains. Large ignimbrite deposits fill
in preexisting topographic lows to produce remarkably flat units that can bury valleys and
embay the surrounding hills, often with only a gradual slope extending away from the vent
area. Individual pyroclastic flows can have a planform similar to that of lava flows but which
can demonstrate remarkable fluidity in detail in skirting around topographic obstacles. If
remobilized by water, ash can produce enormous mudflows (identified by the Philippine word
lahar) capable of doing considerable geomorphic work and moving at rapid speeds when
traveling over steep slopes. Remobilized ash is often difficult to distinguish from a traditional
mudflow without close examination of the deposits.

The erosional characteristics of ash deposits also are not uniquely diagnostic of a
pyroclastic origin, but they do highlight variations in consolidation that may be difficult to
duplicate with other processes. Thick ignimbrites usually show a vertical progression of
alteration and competency that results from the slow cooling of such deposits (see Section
2.4.2). A densely welded zone can form near the middle of the deposit, which can make a
prominent cliff-forming unit as compared with the overlying alteration zone (where vapor-
phase interactions are important) and the underlying weakly consolidated ash, both of which
rapidly weather. Large ignimbrites in the Andes are locally sculpted into immense yardang
fields where wind and sand supply are sufficient, as along the elevated Altiplano in Bolivia
and Chile (de Silva and Francis, 1991). However, yardangs themselves are not diagnostic of
ignimbrites, only of a material strong enough to hold steep slopes but weak enough to be
scoured by aeolian processes (see Chapter 4 for a discussion of yardang fields associated with
hypothesized ignimbrite deposits on Mars).

2.6. LARGE IGNEOUS PROVINCES

2.6.1. Distribution

LIPs represent some of the largest volcanic features on Earth, both in terms of areal
coverage and total volume of lava (Table 2.1). LIPs occur across the entire globe (Figure 2.9);
several are located on the ocean floor, including the Ontong Java Plateau, which at
~3.6 x 107 km® is the largest LIP on Earth (Coffin and Eldholm, 1993). The most intensely
studied LIPs (to date) are found on continents, such as the CRB group in the Pacific
Northwest, USA, and the Deccan Traps in western India. The diverse settings for LIPs result
in considerable variability in what is known about a given site, yet to date an impressive
global data set has been compiled for various LIPs (Macdougall, 1988; Mahoney and Coffin,
1997).

Why do such voluminous outpourings of lava occur in these locations? There are several
hypotheses, numbering almost as many as there are identified LIPs. The most widely cited
explanation ties together both a mantle plume and the initiation of plate rifting. White and
McKenzie (1989) relate the Parand basalts in southeastern South America (see Renne et al.,
1992) and the Etendeka basalts in southwestern Africa (see Renne et al., 1996) to continental
rifting and the opening of the south Atlantic. Rifting was associated with the buoyant rise of
the mantle into the thinned lithosphere, which led to decompression melting that generated
copious quantities of basalt magma. This process may have contributed to the opening of the
south Atlantic as well as the formation of a stable mantle plume whose volcanic products can
be traced from the South American and African basalts to the Tristan island group, which
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Table 2.1. Large Igneous Provinces® Emplaced in the Past 300 Myr

Name Province Age (Ma) Area (10° km?)
Snake River Western United States (SRP) 0.002-15 0.3
Columbia River Western United States (CRB) 6-17 0.2
Iceland North Atlantic Tertiary Basalts 7-20 0.04
Traps Ethiopia 20-40 0.8
Britain/Greenland North Atlantic Tertiary Basalts 45-65 0.7
Deccan India 60-67 0.5
Caribbean Caribbean 70-93 1.0
Ontong Java Pacific Ocean 90 & 122 1.5
Kerguelen Southemn Indian Ocean 90-115 0.7
Parana Brazil 115-135 1.2
Manihiki Pacific Ocean 115-125 0.7
Karoo South Africa 110-200 14
Patagonia Argentina 190-210 0.7
Siberia Russia 250-280 1.5

? Information from Coffin and Eldholm (1993) and Mursky (1996).

represents the recent output from the plume source (Ewart et al., 1998) (see also Section
2.3.4). Similar conclusions can be drawn for other LIPs such as those around the north
Atlantic, but with volcanic tracks less obvious than the Parana—Tristan—Etendeka volcanics.
Interested readers are referred to Mahoney and Coffin (1997) for a recent compilation of both
observations and hypotheses for many LIPs.

2.6.2. Emplacement

There is considerable debate concerning how LIPs were emplaced. Favored mechanisms
can be separated into diametrically opposed camps: rapid emplacement of fast-moving flows
and slow emplacement with progressive inflation of the individual flows. The rapid

Figure 2.9. Large Igneous Provinces (black), present on both continental (gray) and oceanic (white)
crust. See Table 2.1 for information on selected examples.
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emplacement scenario was pioneered by Shaw and Swanson (1970), who made the first
quantitative estimates of CRB emplacement by relating steady effusion along feeder dikes to
turbulently flowing lava powered by the hydraulic head resulting from the gentle slope of the
lava surface. Their calculations led to emplacement times for individual CRB flows of days to
weeks, an interpretation favored by some more recent investigations (Swanson et al., 1989,
pp. 21-26; Tolan er al., 1989; Reidel and Tolan, 1992). In contrast, recent observations of
inflated basaltic flows in Hawaii provide a mechanism for slow emplacement of what
eventually becomes a thick flow (Walker, 1991; Hon et al., 1994). Inflation features recently
have been tentatively identified in CRB flows at several locations, suggesting that individual
CRB flows may have been emplaced over years to decades (Self et al., 1996, 1997). An
advantage of the slow emplacement mechanism is that required effusion rates are comparable
to documented effusion at Hawaii and Laki (see Section 2.4.3), rather than invoking effusion
rates that are orders of magnitude larger than any documented eruption. One recent model
attempts to incorporate elements of both fast and slow emplacement to explain the CRB
(Reidel, 1998).

The inflation mechanism has applications to flows other than just those of basalts or
LIPs. Ultramafic komatiite flows have compositions suggestive of very fluid lava (see Chapter
8), but komatiites typically are quite old and preserved evidence of flow emplacement is often
difficult to find. Inflation has recently been proposed as a way to reconcile known komatiite
characteristics with models for the generation and eruption of ultramafic lavas (Cas and Self,
1998). Clearly all investigators need to look for details that might test the inflation hypothesis,
not only in basaltic terrains, but also with more exotic lavas.

2.7. DISCUSSION: VOLCANO/ENVIRONMENT INTERACTIONS

2.7.1. Physical Interaction between Volcanic Products and Earth’s Environment

As volcanic materials leave the vent, they will immediately interact with whatever
environment is surrounding the volcano. This interaction can take the form of generation of a
solid crust, mechanical degradation of solidified materials, or even agradation of fine particles
(e.g., accretionary lapilli). Here we will not explore all of the variety of ways this interaction
manifests itself, because that is one of the main goals of this book. However, it may be helpful
to discuss briefly some of the physical consequences of fresh volcanic materials erupted
subaerially on Earth (subaqueous eruptions are discussed in Chapter 5).

The tensile strength of a geologic material is a fundamental physical property that affects
not only possible tectonic deformation but also how the material responds to sudden
environmental change. Without question, the abrupt transition from conditions within the
vent to those at the Earth’s surface will be the most dramatic change the magma experiences.
Physical properties have been measured for numerous igneous and volcanic rocks (e.g., Shaw
et al., 1968; Murase and McBirney, 1973; Robertson and Peck, 1974; Horai, 1991), but the
important issue here is the total magnitude of the temperature contrast experienced by a
volcanic product and the rate at which the thermal change is imposed. In both effusive and
explosive eruptions, the temperature contrast will be very large (up to 1000°C) and rapidly
applied (seconds). This combination exerts a substantial mechanical stress on the cooling
material.

For effusive eruptions, the temperature contrast and the thermal conductivity of the lava
allow crustal growth to be modeled (Crisp and Baloga, 1990; Kilburn and Lopes, 1991;
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Manley, 1992; Kilburn, 1993). Crusts on slow-moving pahoehoe flows allow the discrete
“toes” (~10 to 30 cm in width) typical of pahoehoe to form and grow at a rate comparable to
the average rate of flow advance. This newly formed glassy crust remains sufficiently heated
(by the still-molten lava within the flow) to deform plastically, so that intense fracturing of the
pahoehoe surface typically does not occur during emplacement. Faster-moving a’a flows
disrupt the surface of the active lava channel into centimeter-scale clinkers that aid somewhat
in insulating the flowing lava beneath them. However, gaps between solidified portions of an
active flow surface, produced either by thermal stress or by the shearing action of the flow,
allow incandescent lava to radiate energy more efficiently than does the cooled crust, which
can significantly affect the cooling history of the flow (Crisp and Baloga, 1990). When a flow
section comes to rest, thermal stresses can still contribute to pervasive fracturing of the outer
sections of the flow.

Which is more important: the physical conditions of the magma at eruption, or the
external environment into which the eruption takes place? It is unlikely that any one answer
will apply to all volcanic eruptions, especially when the discussion extends to the plethora of
environmental conditions found throughout the solar system. Instead, the combination of lava
properties and the environmental conditions will be playing against each other to constrain the
condition of the final volcanic product. In each individual situation, it is important to consider
this dynamic interplay of material properties and environment when evaluating volcanic
features (see Chapter 9).

2.7.2. Volcanic Effects on the Atmosphere and Climate

Historic eruptions provide the opportunity to look for potential links between volcanism
and environmental change (Francis, 1994, pp. 368-379). Probably the first documented case
of making the connection between a volcanic eruption and unusual atmospheric conditions is
a report by Benjamin Franklin (1784), describing several weather anomalies from summer
through winter that he conjectured may have been related to an eruption reported in Iceland.
Although Franklin did not know specifics about the eruption, it was in fact the 8-month-long
Laki fissure eruption whose consequences were devastating for Iceland and very serious
elsewhere in Europe. Recent analysis indicates this eruption released massive quantities of
SO, and other caustic gases (Thordarson and Self, 1993), which turned into an acid rain and
haze in Scandinavia and damaged much of the fall harvest. The consequences were worst in
Iceland, where the acid haze demolished the summer crops, resulting in famine that led to the
death of 75% of Iceland’s livestock and 25% of the human population (Thordarson and Self,
1993).

The massive Krakatau eruption of 1883 also resulted in enormous loss of life (primarily
through tsunamis). The estimated 20 km® of erupted pyroclastic material, in association with
stratospheric droplets condensed from volcanic gases, decreased the intensity of sunlight
reaching Earth’s surface and resulted in worldwide unusual optical effects (e.g., dramatic
sunsets and solar rings). Available evidence supports a cooling in the Northern Hemisphere of
0.25°C for 1 to 2 years (Rampino and Self, 1982). The even larger 1815 eruption of Tambora
released >50 km® of magma in a series of explosions from April 5 to 10 that produced large
Plinian columns, massive pyroclastic flows, and co-ignimbrite ash (Sigurdsson and Carey,
1989). Unusual optical effects also accompanied this eruption. More importantly it produced
an observable decrease in both sunlight and starlight around the world, which when combined
with documented weather changes (e.g., the “year without a summer” in the Northern
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Hemisphere) make a strong case for volcanically induced climate change of more than 2
years’ duration (Stommel and Stommel, 1983; Stothers, 1984).

A better understanding of the mechanism behind these volcanic environmental conse-
quences resulted from two more recent eruptions in Mexico and the Philippines. Several
Plinian columns and associated pyroclastic surges erupted from El Chichén volcano in
Mexico between March 29 and April 4, 1982, releasing ~1 km’ of magma with severe
consequences to nearby villages (Sigurdsson et al., 1987). The climatic significance of this
eruption was that the tephra contained up to 2 wt% sulfates (including anhydrite crystals),
resulting in an eruption cloud unusually rich in sulfuric acid aerosols that quickly encircled
the globe, as monitored by orbiting satellites (Rampino and Self, 1984). The importance of
sulfur-rich eruptions was highlighted by the larger eruption of Mt. Pinatubo in the Philippines
on June 15-16, 1991, which released 3 km® of magma (Wolfe and Hoblitt, 1996), and which
also contained abundant anhydrite and sulfur-rich gases (Bluth et al., 1992; Hattori, 1996).
Sulfur-rich gas, once in the stratosphere, condenses into sulfuric acid droplets that are the
primary long-term agents of global cooling. In this situation, volcanic eruptions that place a
sufficient volume of the right materials into the stratosphere might affect the environment
more than the eruption itself is affected by its surrounding environment.

2.8. CONCLUSION

In this chapter we have reviewed the considerable diversity of volcanic products
emplaced within a subaerial environment on Earth. Field observations and theoretical
developments have provided a good indication of what happens to magma during its
ascent to the Earth’s surface. Plate tectonics provides the unifying theory through which
the wide range of volcanic styles and locations can be understood. Volcanic materials are
derived from both effusive and explosive eruptions, resulting in a wide range of volcanic
constructs and deposits. Massive outpourings of basaltic lavas occur in LIPs distributed
throughout the world, but most are likely associated with mantle plumes and the initiation of
plate rifting. All of the volcanic materials described here have interacted with the subaerial
environment found at Earth’s surface, and in some cases the environment itself may have been
influenced by the eruptions. This information represents the basis against which we can
evaluate volcanic eruptions and associated products encountered throughout the rest of the
solar system, as discussed in the remainder of this book.
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3.1. INTRODUCTION

When volcanoes and ice interact, many unique types of eruptions and geomorphic features
result. Volcanism appears to occur on all planetary bodies, but of the inner solar system
planets, ice is limited to Earth and Mars. Earth, the water planet, is covered by ice wherever
the temperature is cold enough to freeze water for extended periods of time. Ice is found in
sheets covering the Antarctic continent and Greenland, as glacial caps in high mountainous
regions, as glaciers in polar and temperate regions, and as sea ice in the northern and southern
oceans. With changes in climate, landmass, solar radiation, and Earth orbit, ice masses can
contract or expand over great distances, as occurred during the Pleistocene Ice Age. The Earth
is still in an ice age—at the beginning of the Cenozoic, 65 million years ago, our planet was
ice-free. In fact, there is now so much ice that about 70% of the world’s total fresh water is
contained within the Antarctic ice sheet.

It is less well known that Mars also has a significant amount of ice, including polar caps
somewhat like (those on) Earth. Its north polar cap consists of mostly water ice, its south
polar cap is surfaced by CO, ice (Kieffer, 1979). The most important reservoir of ice,
however, is retained in the ground as pore fillings or segregated masses. The average mean
temperature on Mars is —80°C overall, —60°C at the equator (Fanale e? al., 1992), resulting in
a permafrost layer (ice rich?) ranging from about 1 to 2 km thick at the equator to 3 to 6 km at
the poles (Rossbacher and Judson, 1981; Clifford, 1993); a common estimate for midlatitude
permafrost thickness is 2km (Squyres et al., 1992). However, in near-surface rocks or soil
between about 50° north and south latitude (Mellon and Jakosky, 1995), ice may not be
retained, because in the Martian thin atmosphere water vapor migrates out of the ground in
the warmer equatorial areas. On the other hand, complexities of the surface expressed in
varying albedo (relative brightness), thermal inertia (ability to absorb and release heat), and
orbital obliquity (angle between equatorial plane and orbit) may allow for the existence of
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near-surface ice even in this region (Paige, 1992; Mellon and Jakosky, 1995). Geologic
observations attest to a large reservoir of ground ice, near the surface or at depth, almost
everywhere on Mars, leading Carr (1995) to suggest an ancient water layer several hundred
meters thick (if evenly distributed). These observations include flow lobes on crater ejecta,
features possibly attributed to thermokarst such as chaotically collapsed ground and irregular
depressions, flow lobes on scarps that resemble rock glaciers, and numerous fluvial valleys
and outflow channels. Water from channels appears to have pooled in the northern lowlands,
forming a lake or ocean (Lucchitta, 1981; Witbeck and Underwood, 1983; Lucchitta et al.,
1986; Parker et al., 1989, 1993; Jons, 1990; Baker et al., 1991; Scott et al., 1992; Lucchitta,
1993; Kargel et al., 1995). This ocean, though blanketed by dust, may remain as a vast
reservoir of subsurface ice.

Our knowledge of planetary volcano and ice interactions begins on Earth. Many
terrestrial composite volcanoes have considerable ice covers on their slopes and some
volcanic regions are covered by large ice sheets and icecaps. These different settings give
rise to two types of eruptions: (1) those in alpine situations beneath mountain snow or summit
and valley glaciers and (2) those beneath broad continental-scale glaciers or ice sheets. A third
type are not true eruptions but result from explosions caused by lava flowing over water/ice-
saturated ground and form phreatic craters. Terrestrial volcano/ice interactions of eruption
types 1 and 2 both involve large volumes of meltwater and therefore usually generate floods,
ranging from water floods to mudflows or lahars (an Indonesian term) composed chiefly of
volcaniclastic materials. Jékulhlaup is an Icelandic term for glacier outburst flood.

On Earth, sub-ice-sheet eruptions (type 2) from fissures or point sources produce pillow
lavas and hyaloclastites (vitroclastic tephra produced by interaction of water and lava).
Overlain by meltwater and ice, such eruptions from fissure sources form hyaloclastic ridges,
while those from point sources form mounds. If the eruption penetrates the ice, subaerially
extruded layered lava may cap these volcanoes, resulting in a tuya. This feature is often
commonly and perhaps incorrectly called a table mountain, since a table mountain in a
geomorphic sense refers to a flat-topped mountain of any origin and translates directly to
mesa.

Volcanic accumulations of hyaloclastites, combined with pillow lavas, irregular intru-
sions, and occasionally subaerial lavas, are widely exposed in the volcanic zones of Iceland.
Moberg, a generic Icelandic term, literally means “rock that looks like peat” and is used to
describe all brownish, rich in palagonite (hydrated volcanic glass), basaltic, hyaloclastic rocks
of Iceland, including all subglacial volcanic materials that formed during the upper
Pleistocene but also during recent times. Therefore the use of the term méberg ridge,
when discussing a hyaloclastic ridge, is a misnomer.

The origin of the hyaloclastite volcanoes was for a considerable time a matter of dispute.
Peacock (1926) was first to present a “volcano-glacial” origin for hyaloclastites. Noe-
Nygaard (1940) gave a description of a subglacial volcanic eruption in Iceland. Independently
in the 1940s, Kjartansson (1943) in Iceland and Mathews (1947) in British Columbia
presented the hypothesis that the Pleistocene hyaloclastite mountains are piles formed in
subglacial eruptions. The work of Van Bemmelen and Rutten (1955) in the northern part of
Iceland established the theory. Moore and Calk (1991) provided definitive geochemical
studies of Icelandic tuyas. Because of the late acknowledgment of subglacial volcanism as a
process, it is a relatively young science and geologists are unfamiliar with the subject. This
chapter seeks to help alleviate this problem with detailed terrestrial examples of recent
volcano/ice eruptions, lithologic details of hyaloclastic ridges and a tuya deposit, and
descriptions of recent lahars and jokulhlaups.
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Our planetary discussion of volcano/ice interactions is limited to Mars, whose surface
contains ice and a variety of volcanic landforms, including volcanic plains, ancient highland
volcanoes, and two large volcanic regions, Tharsis and Elysium (see Chapter 4). Crater
density data suggest that volcanism continued throughout Mars’s geologic history (Tanaka et
al., 1992). Because extensive morphologic evidence exists for ground water and ground ice
throughout the planet’s history, ground ice and frozen waters likely interacted with subice
volcanoes. In fact, there are Martian geomorphic features that have been interpreted to be
analogous to those terrestrial edifices that form from all three types of subice eruptions.
Therefore, in addition to the discussion of terrestrial volcano/ice interactions, other sections
in this chapter note these examples of Martian analogues.

Volcano/ice interactions on Earth produce catastrophic lahars and distinctive edifices.
On Mars these types of interactions seem to produce geomorphic change on two time scales.
The emplacement of the volcano itself can produce large-scale geomorphic signatures (e.g.,
cones, tuyas). On a more gradual time scale the subsurface heat source could heat and cycle
ground water to the near-surface environment over periods of thousands to millions of years,
depending on the size of the intrusion. The resulting hydrothermal systems may also provide
hospitable environments for the evolution of life on Mars. Therefore, the important
implications of ground water and snow/ice perturbations from hydrothermal systems will
also be discussed in this chapter.

3.2. NEVADO DEL RUIZ, COLOMBIA: ERUPTION BENEATH
ALPINE ICE

Although Baker et al. (1991) have suggested the possibility of local snowfall on elevated
areas surrounding the hypothetical paleo-ocean of Mars, certain volcano/ice interactions may
be unique to the Earth, where precipitation occurs regularly. This limitation may be the case
for eruptions beneath ice-capped volcanoes. A recent, relatively small example of this type of
eruption occurred on November 13, 1985, at Nevado del Ruiz, Colombia. Nevado del Ruiz is
5400 m high, the northernmost-active volcano of the Andes, and a typical subduction zone
andesite (Williams et al., 1986) volcano, that produced a horrible catastrophe, killing more
than 23,000 people living 72 km away, in the city of Armero. The 1985 eruption is only the
most recent event in a series of 12 eruptive stages that have occurred in the past 11,000 years
at the 0.2-Myr-old volcano (Thouret et al., 1990).

About 25 to 30% of the ice on the icecap of Nevado del Ruiz was fractured and
destabilized by earthquake and explosion; nearly 16% (4.2 km?) of the surface area of the ice
and snow (about 0.06 km® or 9% of the total ice and snow volume) was lost (Thouret, 1990).
Large volumes of meltwater were produced (20 millionm® and combined peak discharge of
80,000m’® s™!) that flowed downslope, liquefied some of the new volcanic deposits, and
generated avalanches of saturated snow, ice, and rock debris within minutes of the eruption
(Pierson et al., 1990; Pierson, 1995). Lahar extents varied from 7.2 to 102.6 km from the vent.
Thouret (1990) estimates that the meltwater volume released during the 1985 eruption was
two to four times that which was incorporated into the lahars. This noncontributing water
was: (1) included in snow avalanches or bound up in pyroclastic surge deposits, (2)
incorporated in the phreatic explosive products (see Chapter 2), (3) sublimated into steam,
or (4) stored within the current icecap (Thouret, 1990).
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The key lessons of the Nevado del Ruiz eruption are: (1) catastrophic lahars (Section
3.6) can be generated on ice- and snow-capped volcanoes by relatively small eruptions, (2)
the surface area of an icecap can be more critical than total ice volume when considering lahar
potential because of mobilizing processes acting predominantly at the surface, (3) placement
of hot rock debris on snow is insufficient to generate lahars—the two materials must be
mechanically mixed together (in pyroclastic flows, surges, and mixed avalanches) for
sufficiently rapid heat transfer, (4) lahars can increase their volumes significantly by
entrainment of water and eroded sediment, and (5) valley-confined lahars can maintain
relatively high velocities and can have catastrophic impacts as far as 100 km downstream
(Pierson et al., 1990). Based on these lessons, one might expect much larger lahar volumes
and extents on the comparatively larger volcanoes of Mars.

Many factors continue to render the Ruiz domes unstable, including deeply dissected
troughs, strongly hydrothermally altered summit flanks, currently glaciated high cliffs, and
steep unstable icecap margins (Thouret er al., 1990). The presence of a large volume of
hydrothermally altered rock within the volcano not only increases the potential for edifice
collapse because the altered rock is less competent, but also increases its potential to become
a saturated, liquefied debris flow because the rock can hold more water (Carrasco-Nuiiez et
al., 1993). Alteration gases and waters are emitted from fumaroles and thermal springs on the
flanks of the volcano and are likely to be derived from a two-phase vapor-brine envelope
surrounding the magmatic system (Giggenbach et al., 1990).

Hydrothermal alteration leading to unstable flanks may have also occurred on Mars.
Olympus Mons and Apollinaris Patera are bound by steep scarps, indicating failure of flanks,
and Olympus Mons appears to be surrounded by some type of debris lobes (aureole; see
Section 3.9.3). Furthermore, hydrothermal discharge from fumaroles and springs may have
formed valleys on the flanks of Martian volcanoes (see Section 3.9).

3.3. GJALP, VATNAJOKULL: ERUPTION BENEATH AN ICE SHEET

Because outflow channels may have accumulated water in ponded situations, subglacial
eruptions under broad ice sheets may be a more likely occurrence on Mars. Subglacial
eruptions are frequent in Iceland, and the majority occur within the Vatnajokull icecap (Figure
3.1A; Thorarinsson, 1967, 1974; Bjérnsson and Einarsson, 1990; Voight, 1990; Williams,
1990; Larsen et al., 1998). However, owing to low activity in recent decades, the first such
eruption to be monitored in any detail was the 13-day-long fissure eruption in Gjalp,
Vatnajokull, in October 1996 (Gudmundsson et al., 1997). The progress of the eruption is
shown schematically in Figure 3.1B. The eruption melted its way through 500 m of ice in
30hr, forming a subaerial crater (Figures 3.2 and 3.3). The eruption produced basaltic
andesite with a SiO, content of 54% (Gudmundsson et al., 1997). A thin layer of tephra was
dispersed over about 10,000 km? but its volume is no more than 1-2% of the total erupted.
The eruption formed a 6-km-long ridge with three peaks in the bedrock (Figure 3.1B), with an
estimated volume of 0.7 km®. The bedrock relief increased by 200-350 m; the highest peak is
about 150 m below the initial ice surface. The new ridge is partly built on a ridge formed in a
similar eruption in 1938.

Data on melted volumes allowed calorimetry to be used to infer roughly the eruption rate
with time and provide an estimate of the total volume erupted (Gudmundsson et al., 1997).
Magma discharge was highest in the first 4 days (melting rate 0.5 km® day‘l) and by the end
of the eruption melted ice had produced 3 km® of water. After 100 days the melted volume
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Figure 3.1. (a) Distribution of Upper Pleistocene (<0.78 Ma) and Recent hyaloclastites and
associated lithofacies in Iceland. Modified after Johannesson and Saemundsson (1998). The hyalo-
clastite units shown cover an area of about 10,600 km?, those hidden by present icecaps may bring the
total area to some 15,000 km?. The total volume is unknown, but by rough estimate, 60-70% of the
exposed units are primary or redeposited hyaloclastites, 15-25% are pillow lavas, with the remainder
being subaerial lavas and intrusions. Basalts are 90% of the volume, probably <5% are intermediate
rocks and ~5% silicic rocks. Insert shows the location of Gjalp and Grimsvétn. During the latter part
of the eruption an ice canyon formed in the ice surface, where part of the meltwater flowed before
disappearing down into the glacier (after Gudmundsson et al., 1997). (b) Sections showing
schematically the development of the subglacial ridge in the Gjalp eruption and the accumulation
of meltwater in the subglacial lake of the Grimsvétn caldera. Five weeks after the eruption started, the
subglacial lake was drained in a very swift jokulhlaup.
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Figure 3.2, The eruption on October 3, 1996. The crater in the ice surface is about 500 m in diameter.
The ice surface is covered with tephra. From Gudmundsson et al. (1997).

was 4 km® and the total reached 4.7 km® in January 1998. The high rate of heat transfer
during the eruption suggests that fragmentation of magma into glass (hydroclasts or
vitriclasts) was the dominant form of activity, not eruption of pillow lava. About 20% of
the melting during the eruption occurred over the subglacial path of the water, indicating that
its temperature was 15-20°C when it left the eruption site. This high temperature must have
greatly enhanced the opening of subglacial drainage channels.

The meltwater from the eruption accumulated in the Grimsvétn caldera lake for 5 weeks
before it was released in a very swift jokulhlaup. An estimated volume of 3.5 km® was
drained in 2 days, flooding the Skeidararsandur outwash plain to the south of Vatnajokull,
destroying bridges and roads.

In June 1997, inspection of the exposed uppermost 40 m of the edifice showed that it was
mainly made of hydrothermally altered clastic rocks with ash- to lapillus-sized glass particles;
only a small fraction was crystalline rock (maximum diameter of fragments ~20 cm). The
temperature at a depth of 0.5 m was 60-70°C. By June 1998, ice flow had covered the edifice.
Monitoring of heat flow and other observations may show to what extent the ridge becomes
palagonitized and consolidated.

Significant storage of meltwater at the eruption site did not occur at Gjalp, as explained
by applying the theory of water flow under temperate glaciers (Paterson, 1994; Bjémsson,
1988). The direction of flow is down the slope of a potential function determined by (1) the
slope of the bedrock and (2) the slope of the overlying ice surface. The ice surface slope is
nine times more influential and controls the flow direction except in areas of very rugged
bedrock (flow may be uphill, see Figure 3.1A). Thus, meltwater was drained away from the
beginning, as if it were flowing on the ice surface. (This has potential implications for Mars,
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Figure 3.3. Schematic sections showing the penetration of the icecap by the eruption. The central
piston was rapidly melted as it collapsed onto the underlying vent. From Gudmundsson et al. (1997).

where overlying, nonpolar surface ice has long since sublimated away and paths of meltwater
are assumed to follow bedrock slopes.) After depressions had formed, subglacial drainage
continued, since melting related to the heat of the water prevented closure of the subglacial
conduits.

The opening formed in the ice (Figure 3.3) remained only 200-300m in diameter
throughout the eruption; wall melting was apparently compensated by ice flow. The water
level at the eruption site was 150-200m below the original ice surface; the icecap in the
surrounding area is 600-700 m thick, hence, the height of the water column was 70-80% of
the ice thickness. Outside the subsidence cauldrons, no signs of enhanced ice flow have been
detected, indicating that for temperate glaciers the effects of subglacial eruptions on ice flow
are localized.

3.4. SUBGLACIAL YOLCANIC HYALOCLASTIC RIDGES

Subglacial hyaloclastic ridges are unique indicators of volcano/ice interaction and
appear to have only been described in Iceland. However, some formations on the volcanic
island Jan Mayen in the Norwegian Sea (Imsland, 1978) may be classified as short ridges.
Although unreported, hyaloclastite ridges probably occur in other volcanic subarctic or arctic
regions.
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A distinction is made between three main phases in the generation of a subglacial
volcano: pillow lava, hyaloclastites, and subaerial lava. A pile of pillow lava forms if the
hydrostatic pressure exceeds the gas pressure of the magma (see Chapter 5). Typically, only a
minor amount of hyaloclastites form between pillows. Pillow lavas are often found at the base
of hyaloclastite mounds, ridges, and tuyas. The thickness of basal basaltic pillow lava piles
often exceeds 60-80m, and a 300-m-thick section has been reported (Jones, 1970).

The depth at which effusive eruption of pillow lava transitions to fragmentation of
hyaloclastites is not well known. The transition depth appears to be controlled by two factors:
(1) the volatile content of the magma and (2) the hydrostatic pressure at the vent. Eruption rate
may also be an influencing factor. On the basis of Late Pleistocene formations, Jones (1970)
suggested basaltic phreatomagmatic explosions produce hydroclastites at a water depth less
than approximately 100-200m. Recent field studies in Iceland, however, suggest that a
somewhat greater depth may be typical for basalts (Kokelaar, 1986).

Hyaloclastites of Icelandic deposits can be subdivided into two main types. Type one is
poorly bedded, unsorted hyaloclastite (Jakobsson and Moore, 1982) that probably was
quenched and rapidly accumulated below sea level without penetrating the surface. The
coarse-grained, often massive core of many of the larger tuyas and ridges may have formed in
this way. Type two is more fine grained than the lower, more massive part and forms at
shallow water depths (approximately 20-30 m in the submarine Surtsey eruption; Kjartans-
son, 1966). At these shallow depths, the phreatic eruptions penetrate the water surface, and
bedded hyaloclastite (tephra) is deposited by air fall or base surge on ice or land and sediment
gravity flows into ponded water (e.g., in the Surtsey and Gjalp eruptions). In some cases,
hyaloclastites form flows, but their extent is not known and may be limited to southeast and
south Iceland (Walker and Blake, 1966). Walker and Blake (1966) have described such an
Early Pleistocene mass of hyaloclastite with associated pillows and columnar basalt in
Dalsheidi in southeastern Iceland. It is interpreted as a flow beneath a valley glacier in a
channel previously excavated by englacial floods. It is 300 m thick and may originally have
been 35 km long and about 0.5 km wide.

Lava caps the hyaloclastite section of the tuyas and possibly about 10-15% of the
Icelandic hyaloclastite ridges. This lava is comparable to other subaerial lava; sheet lava is
most common but massive, simple flows also occur. The lava grades into foreset breccia and
sometimes into gently dipping, degassed pillow lava. Besides regular feeder dikes, apophyses
and small irregular intrusions are common.

Moore and Calk (1991) studied the geochemistry of four Icelandic tuyas and one
hyaloclastite ridge. A systematic upward change in rock composition was found in most
cases, exemplified by decrease of the MgO content. The upward decrease in sulfur content is
thought to be a measure of the change in depth of water (or ice) cover at the vent during eruption.

Evidence for gravitational sliding (Furnes and Fridleifsson, 1979) and collapse in the
walls of the subglacial volcanoes is commonly seen. Evidently the walls became unstable
when the confining ice retracted. Prior to consolidation the hyaloclastites are easily eroded by
glaciers and running water, both during and after the eruption.

The bulk of the hyaloclastites are consolidated and altered. The volcanic glass is
thermodynamically unstable and the basaltic glass alters easily to palagonite (Fisher and
Schmincke, 1984). Palagonite is a complex substance and variable in composition; the overall
process of alteration is not well understood. Alteration primarily occurs under two different
types of conditions: in short-lived, mild, hydrothermal systems and in weathering conditions
(Jakobsson, 1978). Intrusions in the hyaloclastite provide the heat for the hydrothermal
system in the Surtsey tuya (Jakobsson and Moore, 1986). The basal pillow lava pile possibly
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serves as a heat source in subglacial and subaquatic volcanoes (Sigvaldason, 1968). The
identification of bacteria in near-surface subaerially formed palagonite has led Thorseth et al.
(1992) to suggest that microbes have played an important role in the development of certain
textures in porous palagonite.

The distribution of upper Pleistocene and Recent Icelandic eruption units with signifi-
cant hyaloclastite is shown in Figure 3.1A. Most of these units belong to the Moberg
Formation (Kjartansson, 1960), formed during the upper Pleistocene (0.01-0.78 Ma), and are
predominantly of subglacial origin, though a smaller part is formed in lacustrine and marine
environments. Tuff and tuff breccia are common along with pillow lava. Moraines and
fluvioglacial deposits are often intercalated with the hyaloclastites. Intraglacial and inter-
glacial lavas are also an important constituent. Subglacial eruptions within the icecaps of
Vatnajokull and Myrdalsjékull have continued up to the present.

Subglacial hyaloclastite ridges and mounds are distributed throughout the volcanic zones
of Iceland. The number of exposed units is not known but may easily exceed 1000-1200. A
recent study (unpublished) in the northern part of the Western Volcanic Zones (Figure 3.1A)
has identified 83 englacial volcanoes, of which 59 are hyaloclastite ridges or mounds and 24
are tuyas. The most common lithofacies is poorly bedded tuff breccia, often with pods and
lenses of pillow lava, and finely bedded tuff. Basal pillow lava is found in 30 mountains, 8 are
solely made of pillows. The length of these ridges ranges from 1 to 18 km and the width from
0.5 to 2.2 km. Maximum height is commonly 200—400 m.

Two examples of medium-sized subglacial hyaloclastite ridges occur in the Western
Volcanic Zone (Figure 3.4A, B). Pillow lava is seen at the base of both ridges. The distinction
between the ridges and tuyas sometimes is not clear, as demonstrated by the mountain Stéra-
Bjornsfell (Figure 3.4C). The basal pillow lava appears to have erupted from a fissure. As the
eruption progressed, activity concentrated at one vent and eventually produced the subaerial
lava cap. Nine ridges in the Western Zone have remnants of subaerial lava on the top;
therefore, these units, like the tuyas, have penetrated the ice sheet.

Jones (1969, 1970) published a structural analysis of the subglacial ridge Kalfstindar in
the Western Volcanic Zone. Kalfstindar (Figure 3.5) is not a typical ridge in that it is
unusually large, has an exceptionally thick basal pillow pile, and may be composed of a few
smaller eruption units.

The area between Vatnajokull and Myrdalsjokull is dominated by hyaloclastite ridges
(Figure 3.6 and Figure 3.17A); no basaltic tuyas are found in the area. The ridges are larger
than in the Western Zone, with the largest eruption unit 44 km long (Vilmundardottir and
Snorrason, 1997). The ridges in this area commonly have relief of 300400 m. A number of
ridges have been found with radio-echo soundings under the western part of Vatnajokull
(Bjornsson, 1988).

Silicic subglacial hyaloclastites are found within Pleistocene central volcanoes in
Iceland, although comparatively rare (Furnes et al., 1980). Typical rhyolitic formations are
ridges 2 to 2.5km long and 0.7 to 1km wide. Well-known examples are Blahnukur in the
Eastern Volcanic Zone (Saemundsson, 1972) and Hlidarfjall in the Northern Zone (Jonasson,
1994). A few examples of rhyolitic tuyas have been briefly described [e.g., Kirkjufell in the
Eastern Zone (Saemundsson, 1972) and Héttur in the Western Zone (Gronvold, 1972)].

The reason hyaloclastite ridges form in some cases and tuyas in other cases remains
unclear. Analyses of rocks from the northern half of the Western Volcanic Zone have shown
that the distinction is not governed by magma chemistry. Tectonic control may be important
since in an eruption on a typical rifting-related fissure, the available magma will be quickly
erupted along the length of the fissure. The hyaloclastite ridges most likely form in such



48 Chapman, M. G., et al.

Figure 3.4. Morphology and main structural units of three Upper Pleistocene subglacial volcanoes in
the region southwest of Langj6kull, the Western Volcanic Zone in Iceland. (A) Tindaskagi. (B)
Skefilsfjoll, two typical medium-sized hyaloclastite ridges. Only minor pillow lava is exposed. The
ridges are partly buried by Recent lava flows. (C) Stora-Bjomsfell, an elongated medium-sized tuya.
The basal pillow lava appears originally to have erupted from a fissure.

eruptions. In contrast, the tuyas in Iceland appear to form in eruptions along short tectonic
fissures producing large volumes of magma per unit length (Figure 3.7). Possibly, the
underlying tectonics in tuya-forming eruptions are vertical crustal movements related to
loading/unloading when overlying ice sheet advanced/retreated in response to climatic
fluctuations.

The height of a tuya/ridge subaerial lava cap must have some relation to the ice
thickness, but the relationship is not simple. The level of a meltwater lake determines the
height where subaerial flow of lava starts. In temperate icecaps, the water level of subglacial
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Figure 3.5. Schematic sections through the large Kalfstindar hyaloclastite ridge in the Western
Volcanic Zone in Iceland. From Jones (1970).

lakes rarely rises to 90% of the ice thickness, the level required to float the ice and such lakes
are drained in jokulhlaups at levels several tens of meters below the floating level (Bjornsson,
1988). Thus, within temperate glaciers, semistable water levels higher than 80% of the ice
thickness appear unlikely (see Section 3.3). Cold-based glaciers are frozen to their beds, and
if water is to flow subglacially, brittle failure of the ice-bedrock contact must take place.
However, because of the strength of the ice-bedrock contact, water flow along the ice surface
may be dominant in eruptions within thin cold-based glaciers. No observations exist, but in

Figure 3.6. An oblique aerial photo of subglacial hyaloclastite ridges southwest of Vatnajokull,
Iceland. The ridges are 20-30km long and have a relief of 300500 m. (Photo by Oddur Sigurdsson.)



50 Chapman, M. G., et al.

10
8 (¢]
(o}
e (e}
6-
x~ oO o ® Ridges, West Voicanic Zone
£ A Ridges, East Voicanic Zone
°
= 4 ' O Tuyas, West Volcanic Zone
E 8 Gjalp, 1996 y
o]
2 oo® * * A oA ad @
n A
[¢] Q. ’ . = [ ] : A .
0 oling

Length, km

Figure 3.7. A diagram showing the relationship between what various authors have designated
basaltic subglacial hyaloclastite ridges and tuyas, as regards length and maximum width. Data from
the Western and Eastern Volcanic Zones in Iceland. The estimated position of the basalt-andesitic
hyaloclastite ridge formed in the 1996 Vatnajokull eruption is indicated.

this case, the water level of an meltwater lake may be comparable to the ice thickness. At the
peak of the last glaciation in Iceland, the ice sheet would have had a mean thickness of about
1.0km, double the typical height of ridges and tuyas. This may suggest that the tuyas and
lava-capped ridges were formed during intervals with less extensive glacial cover.

3.5. SUBGLACIAL VOLCANIC TUYAS

Hyaloclastic ridges capped by subaerial lavas are called fuyas. Basaltic hydrovolcanic
sequences with tuya or table-mountain form, which have been interpreted as the products of
subglacial and englacial eruptions, have been recorded at several localities on Earth. All of the
localities are in present-day high-latitude areas, reflecting the low preservation potential of
such sequences and/or problems of interpretation in areas situated far from present-day
glaciers or ice sheets. Sequences have been recorded from Iceland (Saemundsson, 1967;
Sigvaldason, 1968; Jones, 1969, 1970; Allen et al., 1982), British Columbia (Mathews, 1947;
Allen et al., 1982; Hickson and Souther, 1984), and Alaska (Hoare and Coonrad, 1978).

Brown Bluff volcano (Smellie and Skilling, 1994; Skilling, 1994) is a 1-Myr-old (Rex,
1976) tuya, located at the northern tip of the Antarctic Peninsula (Figure 3.8). A number of
factors suggest Brown Bluff was initially erupted subglacially and later within an englacial
lake. Field evidence suggests that there were drainage and refilling episodes of the lake, with
drawdown and rise of at least 100 m, during construction of the volcano (Figure 3.9). This is
characteristic of englacial lakes, which are typically unstable, especially in active volcanic
regions (Bjornsson, 1988). Changes in sea level or a nonglacial lake level of this magnitude
are unlikely to have occurred during construction of the volcano. There is also no likely
paleotopography in this area that could have caused a lake to pond.
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Figure 3.8. Maps illustrating location of Brown Bluff volcano. In B, the dips of hyalotuff cone
deposits (Units B and D) radiate approximately from the present summit region, indicating a source
region in that area. Adapted from Skilling (1994).

Figure 3.9. Summary diagrams of the evolution of Brown Bluff volcano. 1: entirely subglacial
(pillow volcano stage); 2: hyalotuff cone stage, terminated by lake drainage; 3: slumping within tuff
ring; 4: lake refilling and continuation of tuff cone construction; 5: subaerial lava flows erupted and
formation of hyaloclastite deltas; 6: second episode of lake drainage and partial infilling of trough
surrounding the cone by subaerial lava flows. Adapted from Skilling (1994).
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The total thickness of >400 m for the Brown Bluff succession implies that the ice
thickness was at least of a similar order. Skilling (1994) suggested that the original diameter
of the volcano was about 12-15 km, probably with a single central vent. The rock is exposed
in five corries (cirques) in the northern half of the volcano, labeled corries 1 to 5 (Figure 3.8).
The southern half of the volcano is obscured by ice. Brown Bluff conforms to the simple
fourfold structural and lithologic subdivision of tuyas, described by Jones (1969, 1970) from
Laugarvatn, Iceland. This sequence comprises basal pillow lavas overlain by lapillus-sized
(2-64 mm) vitric tuffs (hyalotuffs) and is capped by hyaloclastite delta deposits and overlying
subaerial lava flows. The following is an account of the processes and products that gave rise
to this sequence at Brown Bluff. A more detailed account of the sedimentology is given in
Skilling (1994).

Brown Bluff is subdivided into four stages—pillow volcano, tuff cone, slope failure, and
hyaloclastite delta/subaerial—and into five structural units (A to E, Table 3.1). Unit A is the
basal and oldest unit, termed the pillow volcano stage, and is composed dominantly of pillow
lavas draped by massive hyaloclastite. Units B and D comprise the tuff cone stage and consist
dominantly of vitric lapillus tuffs. These units are separated in the northeast of Brown Bluff
by deposits of Unit C. This unit represents the slope failure stage, and consists dominantly of
debris avalanche deposits. Unit E is the uppermost hyaloclastite delta/subaerial stage, and is
composed of hyaloclastite delta deposits and overlying subaerial lava flows. Figure 3.9
summarizes the evolution of Brown Bluff, including periods of lake drainage and recharge.

The major lithofacies and their relative abundances within each unit are illustrated in
Table 3.1. More detailed information on lithofacies is given in Skilling (1994). Most of the
facies are subdivided into “hyaloclastite” and “hyalotuff.” These are defined on the basis of
an estimate of the vesicularity of the lapillus (or coarser) clasts (<25%: hyaloclastite; >25%:
hyalotuff). No particular fragmentation is implied by these terms. The sedimentary term
conglomerate is used where lithification prior to resedimentation had taken place. Sedimen-
tary grain sizes are used throughout.

Table 3.1. Description and Interpretation of Lithofacies of Brown Bluff Volcano, a Tuya in Antarctica

Stage Units Lithofacies

Hyaloclastite delta and subaerial E Subaerial: pahoehoe lavas > water-cooled lavas (near
base)

Hyaloclastite delta: stratified cobble and gravel
hyaloclastite > massive cobble hyaloclastite > massive
sandy hyaloclastite > normally graded sandy
hyaloclastite > complete pillow-rich hyaloclastite >
sandy conglomerates

Slope failure (interbedded between Units B C Sandy conglomerates > gravel hyalotuffs > stratified
and D; present in corries 1 and 2 only) cobble and gravel hyaloclastite
Tuff cone Band D  Gravel hyalotuffs > massive gravel hyalotuffs > water-

cooled lavas > sandy conglomerates > normally
graded sandy hyalotuffs > massive cobble
hyaloclastite > complete pillow-rich hyaloclastite >
pillow lavas
Pillow volcano A Pillow lavas > stratified cobble and gravel
hyaloclastite > massive gravel hyalotuffs > complete
pillow-rich hyaloclastite > massive sandy
hyaloclastite > stratified gravel hyalotuffs
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3.5.1. Unit A

Unit A has similarities to pillow volcano or seamount sequences, which often consist of
a core of pillow lavas draped by massive and steeply bedded hyaloclastites (Lonsdale and
Batiza, 1980; Staudigel and Schmincke, 1984). The presence of pillow lavas at the base of the
Brown Bluff succession and at the base of several other subglacial tuyas (Jones, 1969, 1970;
Worner and Viereck, 1987) suggests suppressed explosivity related to the overlying water/ice
hydrostatic head. Unit A was constructed by both extrusive and intrusive processes with
intrusion of pillows and pillow-margined bodies continuing at depth while tuff cone
construction had already commenced (Skilling, 1994). The massive hyaloclastites that
drape the pillow lavas probably represent slumped deposits produced by failure of a steep-
sided pillow volcano, or may represent slumped hyaloclastite delta deposits, from an early
stage of emergence, developed without an intervening tuff cone.

3.5.2. Units B and D

Units B and D represent the deposits of a Surtseyan-type tuff cone. In the summit region,
the presence of some inward-dipping beds, more pervasive hydrothermal alteration, and radial
dips of the outer cone slope deposits away from this area, imply the proximity of a vent. A
steep inward-dipping contact in this region is interpreted as a crater margin (Figure 7 in
Skilling, 1994), and the facies as the crater-fill. Tuff cone deposits were probably generated
initially by subaqueous and subaerial wet tephra fallout (and surge?), with redeposition into
the crater by mass flows and slumps. The occurrence of massive tephra in this area is
interpreted as a vent slurry (Figure 3.10). Curvicolumnar-jointed lavas in the summit area are
interpreted as water-cooled lavas ponded within the crater. The interbedding of air and water-
cooled lavas in the uppermost parts of Unit D implies periodic water flooding of the crater
floor.

The deposits of the outer cone slope were interpreted by Skilling (1994) as density-
modified grain flows that had transformed to turbidites on the lower slopes. The occurrence of
turbidite deposits, the absence of fluidal gravity flow deposits, and the lack of reworking of
the tephra, imply that the tuff cone was constructed within a ponded water environment
(Figure 3.10). The lateral impersistence and amalgamation of most of the beds suggests that
the primary emplacement was from low-volume, discrete, simultaneous eruptions, interpreted
as Surtseyan “tephra jets” (Figure 3.10). There is no evidence of direct deposition by
pyroclastic surges or airfall, implying either that all of the tephra was resedimented downslope
or back into the crater, or that the subaerial upper part of the tuff cone has been lost to erosion.

Figure 3.10. Diagram illustrating the eruptive and depositional processes that operated during the
hyalotuff cone stage. Adapted from Skilling (1994).
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3.5.3. Unit C

The conglomerates of this unit record the failure of the northeast flank of the volcano,
during tuff cone construction. Jigsaw-brecciated clasts, very poor sorting and poor mixing of
clast populations with steep internal contacts, imply that this unit comprises dry debris
avalanche deposits. This means that the ponded water necessary for turbidite deposition in
Unit B had drained away, but that the lake must have refilled to allow continued depostion of
Unit D turbidites (Figure 3.9). The origin of the collapse is unclear, but the abundance of
strongly hydrothermally altered clasts suggests that pervasive alteration of tephra to clay
minerals in the vent region was a contributing factor. Drainage of the lake may also have
contributed to collapse.

3.54. Unit E

The wedge-shaped morphology, steep to asymptotic bedding, and the capping of lava
flows with lobes that extend down into hyaloclastite (Skilling, 1994), suggest that Unit E
represents hyaloclastite delta deposits (Figure 3.11). The angle of deposition and the presence
of inverse grading implies that the dominant process of deposition was density-modified grain
flow. The occurrence of several conglomerate facies on the upper parts of the delta slope, and
their juxtaposition with facies at the delta brink point from which they were derived, suggests
that they originated by oversteepening and collapse in this area (Figure 3.11). Skilling (1994)
suggested that a variable input rate and volume of lava streams into the lake influenced the
type of deposits that ponded at the brink point, and consequently the type of flows that are
generated by their collapse. Narrow lava streams generated density-modified grain flows of
cobble hyaloclastite, while wider streams formed pillow lavas that ponded at the brink point,
and subsequently collapsed down the delta front. The widest streams of lava ponded at the
brink point as large masses of curvicolumnar-jointed lavas, which also collapsed downslope.

Figure 3.11. Diagram illustrating the processes and products generated during hyaloclastite delta
construction (Unit E). Adapted from Skilling (1994).
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Rockfalls from the surrounding lithified tuff cone deposits also collapsed onto the delta. The
juxtaposition of subaerial lava flows and hyalotuffs in corrie 4 without any intervening
hyaloclastite (Figure 7 in Smellie and Skilling, 1994), implies that a second drainage of the
lake took place, allowing subaerial lava flows to fill a drained trough around the tuff cone
(Figure 3.9).

3.6. LAHARS AND JOKULHLAUPS

As we have learned in the previous sections, hyaloclastic ridges and tuyas are a vent
phenomenon and are restricted to eruptions beneath ice sheets or water (Surtsey is a marine
tuya); therefore they are a definitive indicator of volcano/ice interaction. Floods and resulting
mass flows are triggered by numerous causes including volcano/ice interaction, which form
lahars and jokulhlaups (mass flows consisting of volcanic material). Although mass flows are
not definitive indicators of volcano/ice interaction, they are usually the most widespread,
voluminous, and destructive products of subice eruptions.

Mass flows are gravity-driven, viscous non-Newtonian fluids. Features shared by most
mass-flow deposits are poor sorting (Rodine and Johnson, 1976), lack of internal stratification
(Crandell and Waldron, 1956), support of large clasts in a finer-grained matrix (Johnson,
1970), sharp contacts (Hooke, 1967), and somewhat uniform thickness over large expansive
flats (Bull, 1972) like the Martian lowlands. Morphologically, they may have steeply dipping
lobate snouts, elevated margins, and central plugs of coarse clasts (Johnson, 1970). Lahars
have been known to abraid underlying bedrock, contain well-rounded cobbles and boulders
with increased distance downstream, and deposit boulder clasts at flow obstructions (Pierson
et al., 1990). The following discussion provides details of terrestrial lahars and jokulhlaups.

3.6.1. Alpine Situations

Snowmelt by Pyroclasts. Explosive eruptions and subglacial melting at snowclad
volcanoes swiftly generate in several ways (Major and Newhall, 1989) huge floods that are
hazardous and can alter landscape. A common process is turbulent hot flows entraining snow
to produce diverse “mixed avalanches” consisting of debris-bearing snow avalanches,
snowflows, and slushflows that may transform downvalley into great debris-laden floods
(Pierson and Janda, 1994; Pierson, 1995).

During the first 2 minutes of the May 18, 1980, eruption of Mount St. Helens, a great
turbulent pyroclastic surge melted snowpack, fim, and the surfaces of small glaciers.
Thousands of small slushflows mixed with surge debris and accumulated unstably on steep
slopes, coalescing downslope into slushy floods. Because constituent snow and debris
retarded turbulence, the flows accelerated to 100 km hr™! and more (Waitt, 1989) into valleys,
which channeled the floods for tens of kilometers (Pierson, 1985; Scott, 1988). During
eruptions at Mount St. Helens between 1982 and 1991, small pyroclastic flows and surges
repeatedly melted snowpack and formed various mixed pyroclast-snow-grain flows and
floods (Figure 3.12; Waitt et al., 1983; Waitt and MacLeod, 1987; Pierson and Waitt, 1997).

Alaska’s snowy volcanoes often generate floods during eruption. Pyroclastic-flow
deposits of eruptions of Augustine volcano in 1976 and 1986 grade into bouldery flood
deposits (Waitt and Begét, 1996). During each of three eruptions of Crater Peak (Mount
Spurr) volcano in 1992, hot pyroclasts melted snowpack to form diverse debris-rich snow
avalanches and flows intermediate between pyroclastic flows and lahars (Waitt, 1995).
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Figure 3.12. Snowy flood from crater of Mount St. Helens induced by small explosive eruption in
March 1982. From outer margin to center is the succession: snowflow, slushflow, watery flow.

Influence of Glaciers. Like Nevado del Ruiz (Section 3.2), other historical summit
eruptions have triggered remarkable lahars. In winter 1989-1990, dome-collapse pyroclastic
flows at Mt. Redoubt, Alaska, stripped snowpack and fim to form a 3- to 20-m-thick icy
diamict of snow grains and coarse ash freighted with huge blocks of andesite, glacier ice, and
snow (Waitt et al., 1994). Some icy flows reached 14 km laterally over an altitude drop of
2.3km. Erupting hot andesite probably mixed turbulently with snow, triggering avalanches
that rapidly entrained fim and ice blocks from the heavily crevassed glaciers. Successive
eruptions melted snow and glacier ice, incising and eventually beheading Drift glacier
(Trabant et al., 1994). Resultant floods swept down Drift River valley for 35km to the sea
with discharges as high as 10,000 to 60,000m> s~ (Dorava and Meyer, 1994).

Glaciated Mount Rainier volcano has shed at least 60 sizable lahars in postglacial time,
many of them clearly originating by eruption but a few very large ones originating as
landslides, perhaps noneruptively (Crandell, 1971; Scott et al., 1995). Though Rainier’s
eruptions tend to be far less explosive than Mount St. Helens, meltwater from pyroclastic
eruption or geothermal heating near Rainier’s summit must flow at least 5km across or
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beneath steep, snowclad, much-crevassed glacier(s), a situation ripe for generating lahars and
floods.

3.6.2. Icecaps and Ice Sheets

Many volcanoes, especially in middle to high latitudes, are crowned by icecaps or ice
sheets. Besides the swift melting of snow and ice during explosive eruption, these volcanoes
and their geothermal systems can slowly melt ice and store water at the glacier bed
(Bjornsson, 1975; Figure 3b in Bjornsson, 1988). Such unstable icebound water may then
break out as a subglacial jokulhlaup.

Iceland’s Vatnajokull (icecap) overlies several hydraulic basins (Plate 8 of Bjornsson,
1988), some of which are repeatedly swept by jokulhlaups. Archetypical jokulhlaups issue
from the iceshelved caldera of Grimsvétn and flow down Skeidararsandur (Figure 3.1A),
typically without eruption. Geothermal heating gradually melts ice and lifts the lake level in
Grimsvétn until hydraulic stability is exceeded and the lake suddenly drains subglacially
(Bjémnsson, 1974; Nye, 1976). Before 1940 the lake drained every 7-10 years and released
large volumes (4.5 km®) of water in large-discharge (>25,000 m* s~!) floods; in 1938 a
flood was thought to have peaked at about 30, 000 m* s~! (Bjérnsson, 1992; Gudmundsson
et al., 1995) but was recently recalculated to 40, 000 m® s~!, although the peak value is very
sensitive to the estimated duration of the flood (Arni Snorrason, personal communication,
1998). Since 1940 jokulhlaups recur every 4-5 years, have typically smaller volume (1 to
2.5 km®), and have lower peak discharges of 600 to 11, 000 m* s~!. The unusually large 1996
Skeidara jokulhlaup of 52,000 m® s™! (Jénsson et al., 1998a,b) was caused not just by
passive geothermal melting but by a subglacial Gjalp eruption (Section 3.3) that rapidly
melted glacier ice.

Skafa River on southwest Vatnajokull has flooded suddenly many times. Some 40 km
above the glacier terminus where the flood emerges, the glacier surface sags as two deep
cauldrons, where Bjérnsson (1977) concludes geothermal heating melts the glacier bed to
form cupola lakes. Sudden draining of either of these unstable lakes causes the ice surface
directly above it to subside. Glacier flow then gradually infills the cauldrons.

In southeast Vatnajékull, icecapped Orazfajokull—Iceland’s largest volcano—erupted
explosively in 1362, sending huge debris-laden floods down outlet glaciers and erasing
farmsteads (Rorarinsson, 1958). Bouldery diamict hummocks 2—4 m high stand well out in
front of the glacial moraines. Voluminous snow and glacier-surface ice may have been melted
swiftly as at Mount St. Helens, but the floods were large enough to indicate release of
subglacially stored water, as in 1918 at Katla (see below).

Jokulsé 4 Fjéllum, a large glacial river, drains from Vatnajékull icecap 190 km northward
to the sea. A scabland-carving flood had swept down lower Jokulsa & Fjollum about 8000
years ago. About 2000 years ago Kverkfjoll caldera generated a gigantic flood that carved
recessional cataracts and other scabland topography and laid gravel bars along 150 km of
Jokulsa valley (Figure 3.13). Smaller floods from Kverkfjoll in the fifteenth to eighteenth
centuries destroyed farms in Axarfjérdur. Many erosional and depositional features along this
path resemble parts of Washington’s Channeled Scabland, carved by one of Earth’s largest
Pleistocene floods. The late Holocene Jékulsa flood probably peaked between 0.4 and 1
million m3 s™! (Témasson, 1973; Waitt, 1998). Subglacial Kverkfjoll caldera is a flood
source, but farther west a subglacial fissure system and Bardarbunga caldera are also potential
sources. Had the 1996 Gjalp eruption (Section 3.3) been farther north along the subglacial
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Figure 3.13. Scabland with relief of 20m carved about 2000 years ago by huge jokulhlaup along
Jokulsa 4 Fjollum, north Iceland.

rift, its meltwater would have drained north to Jokulsa 4 Fjollum rather than as it did south to
Grimsvotn and Skeidara.

In south Iceland Myrdalsjékull (icecap) overlies Katla caldera, whose eruptions triggered
enormous floods in 1660, 1725, 1755, and 1918 (Jénsson, 1982). For the great 1918 Katla
flood, Témasson (1996) recalculates peak discharge at about 300,000 m® s~'—one of Earth’s
largest historic floods. It seems impossible that the enormous Katla jokulhlaups could have
originated solely from melted snow and ice during brief eruption. Quick release of such
volumes implies breakout of dammed water, probably geothermally melted water stored in a
cupola at the base of the ice. The eighteenth-century jokulhlaups of Mjrsdalssandur
transported megaclasts, which Jonsson (1982) interprets to be deposits of dense debris
flows. The poor sorting and weak stratification indeed resemble deposits of debris flows and
hyperconcentrated flows from Mount St. Helens during its May 18, 1980, eruptions (Scott,
1988).

3.7. PHREATIC CRATERS ON EARTH AND MARS

Another type of volcano/ice interaction occurs not as a true volcanic eruption, but as a
result of steam explosions when lava flows over ground saturated with water or ice (see
Section 2.4.5). Many of the Earth’s volcanic regions are dotted with craters formed by steam
explosions. Eruptions near the ocean or lava flowing into the sea commonly produce tuff rings
or littoral cones. The Hawaiian and Galapagos islands contain many such features. The
encounter of magma with ground water at depth can yield spectacular maars and explosion-
collapse depressions such as the Pinacate craters of Sonora, Mexico.
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Tuff rings and maars are found in Iceland, but a third type of steam explosion crater
seems unique to that country. This is the phreatic crater, or pseudocrater, a landform resulting
from explosions caused by lava flowing over water-saturated ground (Thorarinsson, 1960).
Phreatic craters are cones, generally resembling small cinder cones, which are rootless. That
is, they are not formed above a vent.

The type locality for these pseudocraters is Lake Myvatn in northern Iceland,
where basaltic lava flowed into the shallow lake basin around 2500 years ago. The
southern shore and islands of Myvatn are dotted with over 1000 of these small cones
(Figure 8 of Allen, 1979b). They can be as high as 30 m and have basal diameters as large
as 320m. The average Myvatn phreatic crater rises no more than 5 to 10m and is
approximately 50 to 100 m across. They were formed in a pahoehoe flow that ranged from
3 to Sm thick.

Though the phreatic craters at Myvatn are the best known, similar features occur in many
parts of Iceland. At least eight fields of these craters have been mapped in other parts of the
country. Phreatic craters are diverse in terms of composition, size, and morphology. A broad
central pit is common, often approximately one-half of the basal diameter across. Not even
the crater form is requisite, however. Some of the features in southern Iceland have no summit
pits, but are tumuli several meters in height. Most phreatic craters are composed primarily of
spatter, indicating that the explosions occurred while the bulk of the lava was still molten or at
least semiplastic. In some cases coherent basalt layers over a meter thick were uplifted and
contorted without breaking (Allen, 1979b).

Individual phreatic craters are similar in many respects to small cinder and spatter cones,
though their origin is significantly different (see Chapter 2). Morphologic evidence for an
origin by steam explosion includes small size, large crater diameter/basal diameter ratio, lack
of alignment among craters, and confinement to a single flow.

The formation of phreatic craters by steam explosion is well accepted, on the basis of
field observations. Fluid basalt can flow rapidly enough to trap water, which flashes to
superheated steam. The calculated steam pressure is around 100 times the pressure exerted by
the overlying lava (Allen, 1979a). Violent explosions should be expected in such an
environment.

What if, instead of water, lava flows over ice? The situations are actually very similar.
The heat needed to melt ice and create superheated steam is only around 7% more than the
energy required to make the steam by heating water (Allen, 1980). If the ice is buried under a
few meters of crushed rock, the heat of a lava flow is still sufficient to produce a steam
explosion (Allen, 1979a,b). This simplified description of the near surface may apply to some
areas of Mars. With surface gravity less than 40% of that on Earth and a much more tenuous
atmosphere, phreatic craters several times larger than their terrestrial counterparts might be
formed (McGetchin et al., 1974).

Groups of small cones, suggested to be of phreatic origin, have been recognized by
several independent investigators in the Chryse Planitia (Greeley and Theilig, 1978),
Deuteronilus Mensae (Lucchitta, 1978), and Acidalia Planitia (Frey e al., 1979; Allen,
1980) regions of Mars (Figure 3.14), but the origin of these features is under debate. Most of
these features measure approximately 600 m across the base, or double the size of the largest
Myvatn crater. The Martian examples are simple, occasionally overlapping cones with craters
about half their basal width. The cones are morphologically distinct from primary and
secondary impact craters of the same size, as well as from the small shield volcanoes in the
region. If these are really phreatic craters, they hold promise for mapping near-surface
Martian ice deposits.
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Figure 3.14. Part of Viking Orbiter image 72A02 showing possible hyaloclastic ridge and surround-
ing phreatic cones in Acidalia Planitia, Mars; note central ridge and alignment with nearby fissures;
illumination is from the left.

3.8. HYALOCLASTIC RIDGES, TUYAS, LAHARS, AND JOKULHLAUPS
ON MARS

Possible analogues to terrestrial hyaloclastic ridges, tuyas, lahars, and jokulhlaups have
been identified on Mars in the Acidalia Planitia region, north and northwest of Elysium Mons,
a large volcanic construct on the east edge of the Utopia Planitia basin, and in Ares Valles at
the site of the Mars Pathfinder Lander (see Chapter 4).

3.8.1. Hyaloclastic Ridges and Tuyas

Hodges and Moore (1978) noted that landforms resembling tuyas are concentrated in
Acidalia Planitia. Allen (1979a) identified three tuya analogues and two possible hyaloclastite
ridges in the Acidalia area. These features closely resemble Icelandic subice volcanoes in both
morphology and size. Figure 3.15 shows a steep-sided, flat-topped mountain near latitude
45°N and longitude 21° in central Acidalia Planitia. A large cone with a shallow crater caps
the mountain. The main plateau measures approximately 7km by 4.8 km. By analogy, tuyas
with similar structural features in Iceland are characteristically less than 10 km across. On
Earth the height of the plateau approximates the local thickness of the ice during eruption,
generally 200 to 1000 m. Figure 3.14 features a sharp ridge at latitude 38°N and longitude
13°. The ridge is 6 km long and 2 km at maximum width. Several smaller ridges and fissures
parallel the main feature. These dimensions are well within the range of the myriad
morphologically similar hyaloclastite ridges throughout central Iceland. These subice eruptive
features range from <1 km to >35 km in length and are generally 200400 m high.

Northwest of Elysium Mons, landforms interpreted to be subice volcanoes occur as
ridges on the flanks of the volcano (Anderson, 1992; Chapman, 1994) and as mesas in Utopia
Planitia, near the Viking 2 Lander Site (Hodges and Moore, 1978; Allen, 1979a,b). The
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Figure 3.15. Part of Viking Orbiter image 26A28 showing possible tuya in Acidalia Planitia, Mars;
illumination is from the left.

enigmatic ridges and mesas on the flank of Elysium Mons were initially included in large
areas mapped as lahars (Mouginis-Mark, 1985; Christiansen, 1981; Christiansen, 1989).
However, as discussed in Section 3.6, mass flows tend to form deposits of uniform thickness,
not high-standing mounds and ridges. A subice volcanic origin of the ridges on the Elysium
flank is supported when these features are compared with the Icelandic subglacial volcano
Herdubreidartogl, a tuya whose narrow central ridge is clear evidence of its origin by fissure
eruptions (Figure 3.16A; Werner et al., 1996). The rough-textured Martian mounds and ridges
contain similar central, narrow, linear ridges and pits; narrow ridges also extend away from
the mounds (Figure 3.16B). Méberg ridges erupted along fissures southwest of the
Vatnajokull icecap (Figure 3.17A) form lineaments that appear very similar to some rough-
textured ridges in the Elysium area (Figure 3.17B). Central, narrow, linear ridges and pits
within the mounds and the alignment of mounds with Elysium Fossae (volcano-tectonic
depressions) and linear chains of domes attest to fissure eruptions as the likely source of the
mounds and ridges. Their rough texture, topography, and similarity to Icelandic features
suggest that they may be formed from friable materials such as palagonite and breccia and are
possible hyaloclastic ridges. The slopes of the Elysium ridges average about 2°. Curiously, the
slope of Kalfstindar, Iceland (Figure 3.5), is a much steeper 18°. This discrepancy may be
related to erosion of friable hyaloclasts on the much older Martian ridges (<0.8 Ma for
Kalfstindar versus 200 Ma or more on Mars) and because Kalfstindar is unusually large (see
Section 3.4).

Mesas in the northeastern part of Utopia Planitia may be tuyas erupted from central point
sources (Figure 3.18A; Hodges and Moore, 1978; Allen, 1979a). Gaesafjoll (Figure 3.18B) is
an Icelandic tuya that erupted palagonite-forming basalt from a central source until the
surrounding icecap retreated and the meltwater drained; continued eruptions produced
layered, subaerially extruded lavas and a central summit crater (Van Bemmelen and Rutten,
1955). One Martian mesa at about latitude 46°N, longitude 229° (Figure 3.18A) is super-
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(A) ®)

Figure 3.16. Comparison of Icelandic and Martian features; illumination is from the right. (A)
Herdubreidartdgl (Van Bemmelen and Rutten, 1955), a tuya 4 km wide; its narrow central ridge is
evidence of emission via fissure eruptions. (B) Part of Viking Orbiter image 541A10 showing a mound
interpreted as hyaloclastic ridge; note mound contains an inner ridge.

A) ®

Figure 3.17. Comparison of Icelandic and Martian features; illumination is from the bottom left. (A)
Hyaloclastic ridges, 2—3 km wide, erupted along fissures southwest of Vatna icecap (Van Bemmelen
and Rutten, 1955). (B) Part of Viking Orbiter image 541A20 showing possible hyaloclastic ridges;
note central pits and ridges extending away from mounds.
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(A) ®)

Figure 3.18. Comparison of Martian and Icelandic features. (A) Possible tuya on Mars in Utopia
Planitia at about latitude 46 °N, longitude 229 °; arrows denote break in slope between cap rock and
underlying material; illumination is from the upper left. (B) Gaesafjoll (Van Bemmelen and Rutten,
1955), a tuya about 5 km wide with a central summit crater; illumination is from the top.

posed on polygonal terrain; the break in slope between the cap rock (layered lavas?) and
underlying slope (palagonite?) is clearly visible. The morphology of the mesas, their location
in the Utopia Basin near the large volcanic center of Elysium Mons, and their alignment with
other volcanic cones (Chapman, 1997) suggest that they may be tuyas.

As noted in the introduction, water may have ponded in the northern lowlands of Mars,
which includes Utopia Planitia. As some additional evidence suggests, any hypothetical
paleolake or ocean (and any connecting ephemeral lakes) in the basin was likely frozen to
some depth (Lucchitta et al., 1986, 1987; Scott and Underwood, 1991; Kargel and Strom,
1992). The thickness of the ice sheet and water level may be estimated from the height of the
subglacial volcanoes (Section 3.4) in Utopia Planitia. Photoclinometric measurements of the
ridges and mesas northwest of Elysium indicate that the paleo-ice sheet in Utopia may have
been 200m thick (Chapman, 1994). In addition, on images obtained by the Mars Orbiter
Camera on Mars Global Surveyor, researchers at Malin Space Science Systems have
interpreted small cones in the Elysium and Amazonis regions to be possible phreatic craters.

3.8.2. Lahars and Jokulhlaups

Surrounding and downslope of the hypothetical hyaloclastic ridges of northwest Elysium
Mons, extending 1500km away into central Utopia Planitia, is a lobe of coarse, rough-
appearing material with inner, smooth areas. This lobe was interpreted by Christiansen (1989)
to be laharic material, based on its morphologic similarity to terrestrial mass flows. Because
of its proximity to the hypothetical hyaloclastic ridges, this rough-textured material was
reinterpreted as jokulhlaup deposits (Chapman, 1994). The material appears to have been
discharged from fissures related to the Elysium moberg ridges, as the lobe deposit can be
traced back to these volcanic features. These rough deposits form topographically lower,
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smoother appearing deposits locally bounded by lobate scarps. The smooth areas contain
nested 1-km-wide concentric craters and smooth-floored, irregular channels that may be
related to collapse and dewatering of mass flow material (Christiansen, 1989).

On the north flank of Elysium Mons (west of Hecates Tholus) are local, subdued relief
flows that are less lobate than other upflank lava flows. Mouginis-Mark (1985) interpreted the
subdued flows to be the Martian equivalent of Icelandic jokulhlaups. Finally, deposits in Ares
and Tiu-Simud Valles at the site of the Mars Pathfinder Lander were compared by Rice and
Edgett (1997) to similar Icelandic outwash plains formed by jokulhlaups.

3.9. VOLCANO-GROUND WATER INTERACTIONS AND SNOW/ICE
PERTURBATIONS ON MARS

Ground ice on Mars is a likely indicator of ground water at depth. In fact, volcano—
ground water or ground ice interactions appear to have been pervasive throughout the
geologic history of Mars. Ground water or ground ice can interact with volcanoes in several
ways. Shallow intrusions can interact directly with ground water, resulting in explosive
volcanism, such as maar craters. Or water might enter a magma chamber, thereby affecting
the style of volcanism, perhaps producing pyroclastic activity (see Chapters 2 and 4). A
magmatic intrusion at depth will alter the flow of ground water, producing convecting cells of
water and a potentially long-lived hydrothermal system.

Perhaps the most convincing evidence for volcano-ground water interactions are the
large channels found immediately adjacent to some volcanoes. These channels emanate from
discrete collapse zones, suggesting a close relation between intrusive igneous activity and the
sudden release of ground water. Examples are the channels west of Elysium Mons volcano
(Mouginis-Mark, 198S; labeled 10 in Figure 4.1), Dao Vallis on the flank of the volcano
Hadriaca Patera (Squyres et al., 1987; Figure 4.13), and the small channels immediately to the
east of Olympus Mons (Mouginis-Mark, 1990; Figure 4.2). On the largest possible scale,
Baker et al. (1991) have suggested that the formation of the largest outflow channels was
linked to a regional-scale hydrothermal system triggered by the formation of the Tharsis
bulge.

On a smaller scale, fluvial valleys are found predominantly in the ancient cratered
highland terrain and on the slopes of some volcanoes. The northern flank of the volcano Alba
Patera is dissected by many small valleys (Gulick and Baker, 1989, 1990). Several other
volcanoes, including Apollinaris Patera, Hecates Tholus, and Ceraunius Tholus (see Chapter
4), also exhibit small valleys. These valley systems conceivably could have been formed by
rainfall processes, although evidence exists for ground water outflow in many cases.
Furthermore, Alba Patera formed long after the putative early warm, wet period of Mars’s
climatic history. Fluids discharged by hydrothermal activity are thus an attractive alternative
for the source of these valleys (Gulick and Baker, 1989, 1990).

3.9.1. Hydrothermal Systems

The possible influence of hydrothermal systems has long been recognized. Schultz et al.
(1982) and Brakenridge et al. (1985) suggested that impact-induced hydrothermal systems
could be responsible for valleys on ejecta blankets on Mars. Gulick and Baker (1989, 1990)
proposed that the discharge of hydrothermal fluids to the surface was an important process for
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the formation of those valleys that formed on the flanks of Martian volcanoes, particularly on
the younger, ash covered Hesperian- and Amazonian-aged volcanoes. Some hybrid models
include both precipitation and hydrothermal systems. Gulick et al. (1997) proposed that a
substantial amount of water could be transported during modest greenhouse periods from
surfaces of frozen bodies of water to higher elevations, despite global temperatures well below
freezing. This water, precipitated as snow, could ultimately form fluvial valleys if deposition
sites were at or near regions of hydrothermal activity. Hydrothermal systems have also
received a great deal of attention as agents for producing aqueous alteration of the SNC
meteorites (Wentworth and Gooding, 1994) (see Chapter 4), for exchanging deuterium and
hydrogen between the crust and atmosphere (Jakosky and Jones, 1994), for providing
paleohabitats for life, and for preservation of fossils (Walter and DesMarais, 1993; Farmer
and DesMarais, 1994).

An example of an idealized model of ground-water flow associated with a magmatically
generated hydrothermal system as might be produced by the formation of a Martian volcano
is shown in Figure 3.19. Soon after emplacement of the magma, the outer shell of the magma
chamber starts to solidify, forming a low-permeability outer shell of hot rock, the thickness of
which increases with time (Gasparini and Mantovani, 1984). Thermal energy is transported
primarily by conduction from the magma through the shell, and then primarily by convection
into the saturated, permeable country rock. This shell prevents ground water from contacting

Figure 3.19. Conceptual model illustrating the ground-water flow field of a vigorous hydrothermal
system associated with volcano formation on Mars. Vertical scale is exaggerated by a factor of 4 in
order to illustrate details of ground-water flow in the stratigraphic layers of the volcano. Martian
volcanoes are unusually large compared with their terrestrial counterparts, ranging on the order of 10?
to 10°km in diameter, and those that are dissected by valleys tend to have low aspect ratios with
average slopes of less than a few degrees. Our numerical model considers hydrothermal systems
associated with magmatic intrusions on Mars in general. Topography, multiple intrusions, and boiling
are not directly simulated in our model, although their effects on these systems are discussed
elsewhere. From Gulick (1993, 1998).
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the intrusion itself. Surrounding ground water that is heated by the magma forms an upwardly
moving buoyant plume near the intrusion. Colder, denser ground water flows in toward the
intrusion from surrounding regions and continues to replace the upwardly moving ground
water as long as a thermal gradient exists. Depending on the size of the intrusion, ground
water within several tens of kilometers or more could flow into the system. Ground ice above
and near the intrusion would be melted, locally eliminating or thinning the permafrost zone
(Gulick and Baker, 1992; Gulick, 1993). Ground water reaches the surface as liquid or vapor
or both. The near-surface behavior of the hydrothermal fluids would depend on their
temperature and mineral concentration, and on the atmospheric temperature and pressure.

Ground water that reaches the near-surface environment can contribute to the
geomorphic modification of that surface. If local hydrologic and lithologic conditions
permit, water could flow on the surface and reenter the ground water system in regions
where the rate of infiltration is sufficiently high. However, if the atmospheric temperature and
pressure are not favorable for fluid flow, ground water would initially start to boil and
evaporate but then freeze as a result of the heat-liberating process of evaporation. This process
would result in the formation of an insulating ice layer beneath which subsequent outflows of
hydrothermal water may move as ice-covered streams (Wallace and Sagan, 1979; Carr, 1983;
Brakenridge et al., 1985). Ground water that does not interact with the surface would help to
recharge near-surface aquifers and eventually could outflow to the surface farther away from
the intrusion. Whether ground water remains liquid would depend on the local lithologic
conditions, the temperature and mineral concentration of the water, and the atmospheric
conditions at the time of ground water outflow.

3.9.2. Permafrost

The presence of ice-rich permafrost would affect an active hydrothermal system on
Mars. Upwardly moving hydrothermal fluids must melt through permafrost to reach the
surface. Assuming that convective warming is much faster than conductive cooling, Gulick
(1998) computed the time required to melt through a 2-km-thick permafrost zone. She found
that if permafrost on Mars fills a region with a pore space of 10 to 35%, then hydrothermal
fluids can melt through the permafrost in several thousand years. This time is short compared
with the lifetime of moderately sized hydrothermal systems (about 100,000 years for a
50 km? intrusion). Therefore, the presence of an ice-rich permafrost zone should have a
negligible effect on the lifetime of a hydrothermal system on Mars.

Even directly above a volcanic intrusion, the surface temperature at Mars would be
primarily controlled by the balance between absorbed solar and emitted infrared radiation
(Fanale et al., 1992). The surface temperature will remain below freezing and a residual ice-
rich permafrost zone will remain near the surface, except for areas directly above the intrusion
or where springs or seeps have formed. Figure 3.20 (from Gulick, 1998) illustrates the
equilibrium thickness for a variety of heat flows and surface temperatures (applying McKay et
al., 1985, Equation 2). The present-day background geothermal gradient probably provides an
average of around 0.03-0.04 Wm™2 (Fanale, 1976; Tokséz and Hsui, 1978; Davies and
Arvidson, 1981). However, the average heat flow in the presence of an active terrestrial
hydrothermal system can range from 2 to 5 W m™2. For example, at Wairaki, New Zealand,
the regional heat flow averaged over approximately 50 km™? is 2.1 W m™2, whereas fluxes
averaged over the more intense regions are of order 500 W m~? particularly in localized areas
around springs (Elder, 1981). Figure 3.20 shows that the equilibrium permafrost thickness
above an active hydrothermal system may be less than 100m. Any inhomogeneities in the
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Figure 3.20. Equilibrium permafrost thickness as a function of geothermal heat flow. Permafrost
thickness is shown for three mean surface temperatures. Typical estimates of current Martian heat flow
as well as geomorphologic evidence indicate permafrost thicknesses of approximately 2 km. Higher
surface temperatures and interior heat fluxes both produce thinner permafrost layers. Heat flow above
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an active hydrothermal system may be as large as 3 to 5 W m™2, indicating equilibrium thicknesses of
several hundred meters or less. From Gulick (1993, 1998).

subsurface, such as fractures, would permit egress of hydrothermal water to the surface. The
system can adjust to the new permafrost equilibrium thickness in less than about 10,000
years, a time that is short compared with the lifetime of the hydrothermal system.

Though these theoretical ideas apply to hydrothermal systems on Mars, to date little
work has been done to analyze specific potential hydrothermal sites, partly because relatively
little imaging data at sufficiently high resolution are available to unequivocally identify sites
of hydrothermal outflow. Also, insufficient high-resolution spectral data exist to identify
hydrothermal minerals that might be associated with sites of hydrothermal activity. Once such
data become available, as from Mars Global Surveyor and later orbiters, it may be possible to
constrain uniquely the properties of specific hydrothermal systems on Mars.

3.9.3. The Aureole Deposits of Olympus Mons

The origin of the lobate overlapping aureole deposits around Olympus Mons remains
controversial. These deposits extend from the volcano’s basal scarp to distances up to
1000km (Mouginis-Mark et al., 1992) and consist of enormous lobes of closely spaced,
roughly parallel arcuate ridges. Data from the laser altimeter (MOLA) aboard Mars Global
Surveyor indicate that the volcano’s basal scarp appears to be approximately 8 km high and
the aureole deposits are roughly 3 to 4 km of relief (Smith et al., 1998). Several hypotheses
have been put forth to explain these landforms, including Hodges and Moore (1979), who
suggested that Olympus Mons is analogous to Icelandic tuyas and its aureole deposits were
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formed by subglacial lava flows. They conclude that the associated ice sheet thickness was
comparable to that of the aureole deposits, or 3—4 km thick. Difficulties with this hypothesis
cast doubt on its validity, and mainly revolve around the preferential location of an extremely
thick ice sheet late in Martian history around Olympus Mons. Subsequently, Lopes et al.
(1980) and Frances and Wadge (1983) have attributed the presence of the aureole deposits as
mass movement of slide material from the volcano.

3.10. CONCLUSION

Volcano/ice interactions produce meltwater. Meltwater can enter the ground water cycle
and under the influence of hydrothermal systems, it can be later discharged to form channels
and valleys or cycle upward to melt permafrost. Water or ice-saturated ground can erupt into
phreatic craters when covered by lava. Violent mixing of meltwater and volcanic material and
rapid release can generate lahars or jokulhlaups, which have the ability to transport coarse
material great distances downslope from the vent. Eruption into meltwater generates unique-
appearing edifices that are definitive indicators of volcano/ice interaction. These features are
hyaloclastic ridges or mounds and if capped by lava, tuyas. On Earth, volcano/ice interactions
are limited to alpine regions and ice-capped polar and temperate regions. On Mars, where
precipitation may be an ancient phenomenon, these interactions may be limited to areas of
ground ice accumulation or the northern lowlands where water may have ponded relatively
late in Martian history.
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4.1. INTRODUCTION

Of all of the planets in the solar system, Mars is the most Earth-like in its geologic
characteristics. Like Earth, it has been subjected to exogenic processes, such as impact
cratering and erosion by wind and water, as well as endogenic processes, including tectonic
deformation of the crust and volcanism. The effects of these processes are amply demon-
strated by the great variety of surface features, including impact craters, landslides, former
river channels, sand dunes, and the largest volcanoes in the solar system.

Some of these features suggest substantial changes in Mars’ environment during its
history. For example, as reviewed by Carr (1996), today Mars is a cold, dry desert with an
average atmospheric pressure of only 5.6 mbar, which does not allow liquid water to exist on
the surface. To some planetary scientists, the presence of the channels bespeaks a time when
Mars was warmer and wetter. However, others have argued that these features might have
formed under current conditions and that there might not have been a shift in climate.

Could the morphology of volcanoes and related features provide clues to past Martian
environments? What role is played by atmospheric density in the styles of eruptions on Mars
and resulting landforms? If these and related questions can be answered, then we may have a
means for assessing the conditions on Mars’ surface in the past and comparing the results with
models of Martian evolution.

In this chapter, we outline the sources of information available for volcanism on Mars,
explore the influence of the Martian environment on volcanic processes, and describe the
principal volcanic features and their implications for understanding the general evolution of
the Martian surface.

Environmental Effects on Volcanic Eruptions: From Deep Oceans to Deep Space.
Edited by Zimbelman and Gregg, Kluwer Academic/Plenum Publishers, New York, 2000. 75
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4.2. BACKGROUND

Earth-based telescopic observations are unable to resolve volcanoes on Mars. However,
even before volcanic features were identified in spacecraft images, astronomers noted the
presence of a unique W-shaped cloud in the Tharsis region that developed around local noon
and persisted through the afternoon. This cloud was “anchored” to what we now know are
three enormous volcanoes. The first identification of these volcanoes came early in the
Mariner 9 mission in 1971 (McCauley et al., 1972). A massive global dust storm obscured the
entire surface when the spacecraft arrived at Mars. As the dust slowly settled, four dark
“spots” in the Tharsis region were revealed to be the summits of Olympus Mons, perhaps the
largest volcano in the solar system, and the Tharsis Montes (Masursky et al., 1972; Carr,
1973). By the end of the mission, additional volcanoes were identified throughout the Tharsis
and Elysium regions, as well as in the southern highlands (Figure 4.1). Cameras on two
Viking Orbiter spacecraft operated at Mars from 1976 to 1980, greatly improving our
understanding of these and other volcanoes (Figure 4.2), as well as revealing extensive
volcanic plains (Figure 4.3), small volcanoes in many areas, including the cratered highlands,
and other features related to volcanic processes (Carr et al., 1977).

Much of the understanding of Martian volcanoes has been derived from photogeologic
studies of the surface. Through careful mapping, the global geology of Mars is now well
established (Carr, 1981; Scott and Tanaka, 1986; Greeley and Guest, 1987; Tanaka and Scott,
1987). The areal density of impact craters on the mapped units allows a relative stratigraphy
to be determined even where units are not in contact. The three major divisions for Mars’
geologic history are the Noachian (oldest), Hesperian, and Amazonian (youngest) Periods.

Figure 4.1. Shaded airbrush relief map of Mars (from 65 °N to 65 °S) showing the location of
principal volcanic features. 1, Alba Patera; 2, Albor Tholus; 3, Amphitrites Patera; 4, Apollinaris
Patera; 5, Arsia Mons; 6, Ascraeus Mons; 7, Biblis Patera; 8, Ceraunius Tholus; 9, Elysium Mons; 10,
Hadriaca Patera; 11, Hecates Tholus; 12, Jovis Tholus; 13, Olympus Mons; 14, Pavonis Mons; 15,
“Tempe” Patera; 16, Tharsis Tholus; 17, Tyrthena Patera; 18, Ulysses Patera; 19, Uranius Patera; 20,
Uranius Tholus. In addition, many of the plains portrayed here are thought to be of volcanic origin.
From Greeley and Spudis (1981).
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Figure 4.2, The shield volcanc Olympus Mons is more than 600 km across. It is constructed from
countless individual flows erupted from the summit region and the flanks of the volcano. (Viking
Orbiter frame 646A28.)

Unfortunately, the absolute ages are poorly constrained; for example, different models of the
impact cratering rate allow the start of the Amazonian Period to be from millions (e.g.,
Soderblom, 1977) to billions (e.g., Neukum and Hiller, 1981) of years in age. The ages will
remain unconstrained until radiometric dates are obtained (probably from rock samples
returned to Earth) for relevant stratigraphic units on Mars. Despite the uncertainty in absolute
age, the stratigraphy provides a framework within which relative ages can be constrained,
including those of volcanic features.

Other types of remote sensing provide information about Martian volcanoes that is
complementary to photogeologic studies. Earth-based telescopic reflectance spectra indicate
that bright regions are covered with dust rich in oxidized iron, whereas dark regions are less
dusty and may include pyroxene-bearing mafic rocks such as basalt (Soderblom, 1992).
Thermal infrared measurements by the Viking Orbiters suggest that much of the surface is
coated with fine-grained material ranging from micrometer-sized dust covering bright regions
to sand-sized particles mixed with larger materials in dark regions (Kieffer et al., 1977). The
dust coating also affects individual volcanoes, where dust might interfere with reflectance or
emission from the underlying rocks, hindering remote sensing interpretations of bedrock
compositions.
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Figure 4.3. Volcanic plains have “resurfaced” many areas of Mars, including cratered terrain seen
here northwest of the Hellas basin where lava flows have partly buried older craters. Area shown is
about 170 by 150km. (Viking Orbiter frame 95A10.)

4.3. MARS’ COMPOSITION

Composition strongly affects the rheology and explosivity of magmas and lavas. As
such, it must be considered to understand Martian volcanology.

4.3.1. Bulk Composition

The mass and volume of Mars are well known and yield a mean uncompressed planetary
density of 3933.5+0.4kgm™. This is considerably lower than Earth’s density of
5514.8 kg m~3, implying that Mars’ interior (core + mantle) is depleted in heavy elements,
such as Fe, relative to light elements such as O, Mg, Si, and S. Further insight into Mars’
composition comes from the class of meteorites known as SNCs (for the meteorites
shergottites, nakhlites, and Chassigny). These basaltic to ultramafic rocks are considered to
be of Martian origin based on the compositional similarity of their trapped gases to Mars’
atmosphere (McSween, 1994). Although they probably do not completely represent volcanic
rocks on Mars, the inferred SNC parent magmas share geochemical and isotopic character-
istics that suggest melting of the same mantle source at various times (McSween, 1994).
SNCs are enriched in iron relative to magnesium, which may indicate formation from evolved
liquids, but can also be traced to an iron-rich mantle.

Mars’ polar moment of inertia of 0.3662 + 0.0017 suggests that it has a differentiated
interior (Folkner et al., 1997). Although several nonunique models that consider core size,
mantle and core compositions, and temperature gradient can reproduce the observed moment
of inertia, the best model involves a core ranging in composition from Fe to FeS that is a
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smaller fraction of the planetary mass than is Earth’s core. The Martian mantle would contain
the remainder of the iron and be more iron-rich than Earth’s mantle (Table 4.1). The
mineralogy of the upper mantle is probably lherzolitic, made up of olivine, pyroxene, and
minor aluminum phases (Longhi et al., 1992). This is similar to Earth’s upper mantle, except
that on Mars the mafic minerals would be more iron-rich. Combining the iron contents of the
small Martian core and iron-rich mantle results in a total iron content that is less than that of
the bulk Earth.

4.3.2. Remote Sensing

Remote sensing of Mars divides the surface into ferric-rich (oxidized) bright regions and
ferrous-rich dark regions (Bell, 1996). Broad, weak absorption bands from 9.0 to 1.1 um in
the dark regions are interpreted as Fe?* cations in pyroxene and olivine. Infrared absorption
indicative of sulfates and possibly carbonates on the surface and in atmospheric dust is also
apparent (Blaney and McCord, 1990, 1995; Pollack et al., 1990; Soderblom, 1992).
Additional information provided by the Mars Global Surveyor spacecraft about thermal
emission features in some dark regions indicates abundant pyroxene and plagioclase, and
limits the amount of olivine, quartz, carbonates, and clays to be no more than 10, 5, 10, and
20% of the surface, respectively (Christensen et al., 1998). Mineralogic OH™ or H,0 has
been observed in the near infrared, but the associated mineralogy is uncertain (Bell, 1996).

The ferrous—ferric heterogeneity observed from Earth and orbit is also seen on the
surface. Spectra from the visible-near-infrared Imager for Mars Pathfinder (IMP) camera
indicate the presence of three classes of rocks and four classes of soils (Smith ez al., 1997;
McSween et al., 1999). Many of the diagnostic spectral characteristics of the classes are
explained by differences in the abundance of ferric (high red/blue ratio) and ferrous (low
red/blue ratio) components.

The morphology of volcanic features provides some insight into surface chemistry. The
appearance of most volcanoes and lava flows is consistent with low-viscosity basaltic
volcanism (Blasius and Cutts, 1981; Hodges and Moore, 1994). Attempts to derive
compositionally dependent parameters by matching flow morphology to rheology suggest
compositions ranging from basalt to andesite (Hulme, 1976; Malin, 1977; Moore et al., 1978;
Zimbelman, 1985). Landforms suggestive of silicic volcanism are represented by a few
highland structures resembling volcanic domes, a possible composite volcano (Greeley and
Spudis, 1978), and festooned flows (Fink, 1980; Hodges and Moore, 1994).

4.3.3. In Situ Measurements

In situ measurements of the elemental composition of Martian surface materials were
made by the Viking X-ray Fluorescence Spectrometer (XRF) and the Pathfinder/Sojourner
Alpha Proton X-ray Spectrometer (APXS). In situ mineralogy was also inferred from the
Pathfinder magnetic properties experiments. The soils at the Viking and Pathfinder sites are
similar, although the soils at the Pathfinder site are somewhat depleted in S and enriched in Ti
(Table 4.1; Banin et al., 1992; Rieder et al., 1997). The soils have compositions comparable
to those of palagonite, a hydrated volcanic glass, and could represent the weathered products
of basaltic rocks. The abundant S and CI may be derived from volcanic gases that reacted with
the surface (Banin et al., 1992). The Pathfinder magnetic properties experiments indicate that
the magnetized component of Martian dust is composed of claylike aggregates stained or
cemented by Fe,0,. Some of the ferric oxide is probably maghemite (g-Fe,0;) formed by the
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leaching of Fe** from rock by liquid water (Hviid e al., 1997), followed by oxidation and
precipitation.

Data from five rocks at the Pathfinder site reveal a composition rich in Si and K and
depleted in Mg relative to the soils and SNC meteorites (Figure 4.4). The rock chemistry is
similar to that of icelandite, an anorogenic andesite (Figure 4.5; McSween et al., 1999). This
composition closely mirrors that of the average composition of Earth’s continental crust,
except for a higher iron content, which may be related to the greater abundance of Fe thought
to exist in the Martian mantle (Table 4.1). The S content of the rocks is unusually high for a
primary igneous composition because it exceeds the S solubility in most magmas and
common volcanic rocks (Rieder et al., 1997; McSween et al., 1999). There is a strong
correlation between the red/blue ratio derived from IMP spectra and S content, suggesting
contamination by dust derived from sulfur-rich, red soil (Bridges et al., 1997). Subtracting S
from the rock composition by adjusting the other elements according to regressions of each
element versus S indicates that the rock could contain as much as 62% SiO, (Rieder et al.,
1997; McSween et al., 1999).

4.3.4. Implications

From the various data sources, we can summarize the likely compositions of Martian
volcanoes and lava flows. SNC parent magmas have low alumina and high iron
[Fe/(Fe + Mg)] contents relative to terrestrial basalts and in some respects more closely
resemble basaltic komatiites (McSween, 1994). Basaltic shergottites probably represent
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Figure 4.4. Weight percent alkalis versus silica for representative Pathfinder rocks (X, including
Barnacle Bill) and SNC meteorites (squares). The “no dust” rock composition is found by plotting
linear regressions of each oxide versus sulfur and then extrapolating to zero percent S.
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Figure 4.5. FeO*/MgO versus silica for Pathfinder rocks, SNC meteorites, and terrestrial igneous
associations. Tholeiitic and calc-alkaline differentiation trends that result in andesites are shown
(trends from Gill, 1981). Pathfinder rocks plot along a tholeiitic trend and have compositions close to
those of anorogenic icelandites. The label “FeO*” is used to recognize that all Pathfinder iron analyses
are reported as FeO even though some Fe,O; is probably present. From McSween et al. (1998).

shallow intrusive rocks or thick lava flows that contained suspended crystals (McCoy et al.,
1992; McSween, 1994). The morphology of most volcanoes and lava flows is consistent with
low-viscosity, basaltic compositions. If the compositions measured by the Pathfinder APXS
represent igneous rocks and are not strongly affected by chemical weathering, then andesites
may also be present on Mars.

Although knowledge of Martian geochemistry is incomplete, it can provide insight into
volcanic processes on Mars. The best estimates of physical properties of mafic Martian lavas
come from analyses of the SNC meteorites. The viscosities of crystal-free, liquidus SNC
magmas range from a few to tens of pascals seconds and can be even lower if dissolved water
is present. These values are similar to the liquidus viscosities of terrestrial and lunar basalts.
The average density of SNC parent magmas might be slightly greater (by ~5%) than those of
terrestrial basalts (McSween, 1994). The lack of Martian rock samples of more evolved
compositions precludes estimates of their physical properties.

An important factor controlling the viscosity and bulk density of lava is the volatile
content, which affects magma ascent rate, vesicle abundance, bulk density, and viscosity.
Unfortunately, the amount of water in the SNC parent magmas and the Martian mantle is
unknown. The bulk water content of SNCs is 130-350 ppm, lower than most terrestrial
basalts (Figure 4.6). Carr and Wanke (1992) used this value to estimate a Martian mantle
water content of 35 ppm, drier than estimates for the terrestrial mantle, which range up to
102 ppm or more (e.g., Wood et al., 1996; Dreibus et al., 1997). However, if kaersutite
amphiboles in SNC meteorites are water-bearing, SNC parent magmas may have contained up
to 1.4 wt% H,O after kaersutite crystallization and 4 wt% prior to crystallization (Johnson et
al., 1991, McSween and Harvey, 1993). If the kaersutites are H-deficient (Popp et al., 1995),
then the amount of water in the magma is uncertain.
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Figure 4.6. Water contents of Martian and terrestrial materials. Mantle values represent a range of
estimates; the horizontal line represents the possible water content of the SNC parent mantle source
prior to kaersutite crystallization. Bulk SNC and possible parent SNC water contents are from
McSween and Harvey (1993) and McSween (1994). Earth basalt and dacite/rhyolite values are from
compilations by Johnson ef al. (1994) and Clemens (1984).

4.4. INFLUENCE OF MARS’ ENVIRONMENT ON VOLCANISM

Many factors influence the styles of volcanic eruptions (Whitford-Stark, 1982) and the
resulting volcanic morphology (Greeley, 1977; Wilson and Head, 1983). In addition to
magma composition, the physical environment of Mars (Table 4.2) influences volcanic
activity. For example, Mars is about half the diameter of Earth but possesses some of the
largest volcanoes in the solar system. Smaller bodies cool more efficiently, so Mars probably
developed a thicker lithosphere than Earth (Schubert et al., 1992), perhaps accounting for the
absence of plate tectonics on Mars. In turn, lack of relative motion between the lithosphere
and magma source regions could have facilitated edifice construction to the large sizes
observed. Furthermore, the lower mass of Mars, lower gravitational acceleration, low-density
atmosphere, and cooler surface and atmosphere, work together to influence almost every
aspect of ascent, storage, eruption, and emplacement of Martian magmas.

Table 4.2. Comparative Planetary Environmental Characteristics

Atmospheric  Atmospheric Surface

Radius  Density  Gravity pressure density temperature Atmospheric
Planet (km) (kgm™) (ms™?) (Pa) (kgm™) (K) composition
Mars 3390 3930 3.73 7 x 10° 0.162 225 >95% CO,, N,Ar,0,
Earth 6380 5510 9.81 ~10° 1.23 288 75% N 23% O,, Ar, CO,
Venus 6050 5160 8.88 ~10 70 ~745 >96% CO,, N,,S0,.Ar,CO
Moon 1730 3340 1.62 — e ~240 —

¢ Atmospheric characteristics given for mean planetary radii on Mars and Venus, and for sea level standard temperate atmosphere on
Earth. Temperatures are average diurnal/seasonal values.
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4.4.1. Magma Ascent

The ascent of magma is driven by buoyancy, which is a function of diapir volume, ¥
acceleration related to gravity, g, and the contrast between the density of the country rock, r;,
and magma, r,;,, such that the buoyancy force is given by F, = g(r, — r,,)V. Assuming that
density contrasts are similar for terrestrial and Martian mafic magmas, the low gravity of Mars
implies a smaller buoyancy force and, hence, a smaller rise velocity for a given magma
viscosity. To avoid cooling and solidification during ascent, rising magma bodies on Mars
must be larger than on Earth (Wilson and Head, 1994). Rising magma can stall at rheologic
barriers such as the asthenosphere-lithosphere boundary or the brittle—ductile transition at the
base of the elastic lithosphere, or at a density barrier, at which buoyancy forces are reduced to
zero as the country rock density decreases toward the surface (Rubin and Pollard, 1987). In
both instances, magma ascent may continue through dikes as a result of brittle fracture of the
country rock in response to stresses imposed by the magma body. A thick lithosphere on Mars
would imply deeper rheologic barriers. In the case of neutral buoyancy zones, development of
excess pressure in the magma reservoir (e.g., as a result of continued magma input or gas
exsolution) could initiate dike propagation.

Consideration of gravity and compaction of Martian crustal rock suggests that neutral
buoyancy zones and magma reservoirs should be deeper on Mars than on Earth (Wilson and
Head, 1994). For magma to reach the surface from deep rheologic or density traps, wider
dikes and greater driving pressures are required. Fracture mechanics suggests that the
dimensions of dikes are inverse functions of planetary gravity (Wilson and Head, 1994).
Thus, dikes on Mars should be larger and accommodate greater magma velocities. Further-
more, large magma reservoirs, inferred from both theory and the large sizes of many Martian
calderas (Wood, 1984; Crumpler et al., 1996b) and lava flows (Cattermole, 1987), should
maintain greater driving pressures for longer durations. Together, these influences on magma
motion imply systematically greater eruption rates and individual eruption volumes than on
Earth.

4.4.2. Role of Volatiles

Volatiles such as H,O and CO, contained in the magma are important to the style of
eruption. Volatile solubility is partly a function of pressure, so as pressure decreases during
magma ascent, bubbles of gas nucleate and grow by diffusion, decompression, and
coalescence (Sparks, 1978). If the gas occupies a sufficiently large volume, the magma
will disrupt into fragments entrained in a gas stream, resulting in explosive eruptions. The
total pressure, P, at any depth, z, in the lithosphere is equal to the sum of the lithostatic and
external atmospheric pressures. Thus, the low Martian gravity and atmospheric pressure
combine to ensure that P(z) is less than that on Earth. This has important implications for
magmatic volatiles. Because of the lower pressure in the Martian lithosphere, and the lower
lithostatic pressure gradient, the levels at which volatile exsolution and magma fragmentation
occur are deeper and more widely separated than on Earth allowing the growth of multiple
bubble populations (Wilson et al., 1982). If the volatile content exceeds ~0.03 wt% H,0
(300 ppm) or a few ppm CO, (values significantly lower than for Earth), the expected result is
a highly fragmented magma. After release by fragmentation, gas expansion is augmented by
the low atmospheric pressure on Mars, which permits a greater energy release per unit mass,
leading ultimately to greater eruption velocities (Wilson e? al., 1982).
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4.4.3. Explosive Eruptions

On Earth, explosive basaltic eruptions are commonly weak because the low volatile
content and viscosity of basalt produces coarsely fragmented magma erupted at low speeds,
forming small lava fountains. Typically, clast ponding occurs to form lava flows; spatter and
scoria deposits may also form, depending on eruption conditions. On Mars, the predicted high
eruption velocities and efficient energy transfer between fine pyroclasts and the gas suggest
that vigorous Plinian eruptions might have been common, even though they are rare for
terrestrial basalts. In such eruptions, the emerging volcanic jet entrains and heats atmospheric
gas such that the bulk density of the expanding gas—particle mixture may become less than
the density of the atmosphere, promoting buoyant ascent of a tall, convecting eruption column
(Wilson et al., 1978). The greater eruption velocity, together with differences in atmospheric
temperature and pressure, would produce columns several times higher than on Earth.
However, the limited expansion potential of low-density atmospheric gas means that buoy-
ancy is not so readily achieved, so that unstable fountains that collapse to feed pyroclastic
flows would be more common than on Earth (Wilson et al., 1982). Although pyroclastic flows
have been tentatively identified on Mars, predictions of flow distances are hampered by
incomplete understanding of their emplacement mechanisms, and poor knowledge of Martian
topography. To first order, the higher initial velocities and weaker particle frictional
interaction (caused by low gravity; Crown and Greeley, 1993) suggest systematically greater
runout distances.

The nature of a pyroclastic deposit is a function of the accumulation rate and temperature
of the pyroclasts on landing. These factors are related to the structure of the erupting plume or
fountain, the sizes of pyroclasts, and ultimately to the volatile content and mass eruption rate
of the magma (Head and Wilson, 1989). Pyroclasts ejected into the Martian atmosphere
experience little drag in comparison with Earth because aerodynamic drag is a function of
atmospheric density. Together with the reduced gravitational settling and initial high eruption
velocities on Mars, this implies that pyroclasts will have long trajectories, allowing significant
cooling during flight. Thus, Martian explosive volcanism should result in widely dispersed,
poorly consolidated deposits of fine material, forming broad, low-relief edifices. If volatile-
poor eruptions produce coarser clasts, they may form lava fountains, which would be taller
and wider than those on Earth (Wilson and Head, 1994). The coarsest clasts would
accumulate close to the vent to form flows and spatter deposits, but smaller clasts would
follow long trajectories, cooling and forming broad deposits of scoria. This might explain the
apparent lack of steep cinder cones on Mars (Wood, 1979; Edgett, 1990).

4.4.4. Role of Ground Water/Ice

The probable existence of ice in the regolith at higher latitudes (Clifford, 1993) and the
postulated warmer, wetter climate in the past (Owen, 1992) imply ample opportunity for
magma,/water interactions. These could include melting and release of ground water by
intrusions or lava flows, explosive generation of rootless “pseudocraters” by lavas flowing
over a saturated substrate, increased eruptive vigor in sustained explosive eruptions, and
formation of explosion craters (e.g., maars). Volcano/ice interactions on Mars are discussed
in Chapter 3.

Some volcanic features suggestive of ground water release have been proposed for Mars
(Frey et al., 1979; Mouginis-Mark er al., 1982, 1988; Mouginis-Mark, 1985; Squyres et al.,
1987; Greeley and Crown, 1990; Crown and Greeley, 1993). However, the apparent scarcity
of identified maars might be related to the difficulty of distinguishing explosion craters from
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impact craters. Models for transient explosions, in which steam is pressurized beneath a cap
rock, predict ejection of clasts of country rock and juvenile magma at greater velocities than
on Earth as a result of enhanced gas expansion. The higher velocities, low atmospheric drag,
and low gravity suggest dispersal ranges of tens to hundreds of kilometers (Fagents and
Wilson, 1996), and it is unlikely that an edifice or detectable deposit would be produced.

4.4.5. Effusive Eruptions

If magma fragmentation does not occur and the magma erupts effusively, the low gravity
on Mars would lead to thicker flows, which suggests that with sufficient volumes, lavas would
flow greater distances before cooling (Wilson and Head, 1994). Longer flows are also implied
by the high effusion rates (Walker, 1973) and total volumes (Malin, 1980) predicted as a
result of planetary environmental differences (see Section 4.1). On Earth, high effusion rates
are characterized by sheetlike flows fed by long fissure vents. Low effusion rates commonly
produce tube-fed lavas. These morphologies are observed on Mars, as described below.

The total heat flux from the surface of a subaerially emplaced lava is a combination of
radiative, forced, and natural convective heat fluxes. The convective terms are dependent on
gravity and thermal properties of the atmospheric gas, which depend on atmospheric density
and viscosity. Convective heat loss should be less significant on Mars than on Earth because
of differences in thermal parameters, with radiation being the dominant cooling mechanism.
However, the total heat flux is somewhat less than on Earth because of the inefficiency of
convective heat transfer, allowing Martian lava surface temperatures to remain tens of degrees
hotter than their terrestrial counterparts for a year or more after eruption (Wilson and Head,
1994). Because of the extreme temperature dependence of lava rheology, this may enable
Martian lava to remain mobile longer.

4.4.6. Summary

Unless volatile contents of Martian magmas were very low, explosive activity should
have been common on Mars, forming broad, low-relief constructs. The possibility of
interaction with ground water/ice enhances this probability. Because of Mars’ unique
environment, there is no need to invoke magmas of more evolved compositions to explain
explosive features, although large Martian magma chambers could promote the generation of
small volumes of more evolved magma via fractional crystallization. There are some
indications that explosive activity may commonly have accompanied the extensive effusions.
For example, the “stealth” terrain (Muhleman et al., 1991; Edgett et al., 1997), the dune
fields west of the Tharsis volcanoes (Edgett, 1997), and the fine “dust” that apparently
mantles many effusive features could all have explosive volcanic origins. In any case, Mars’
large edifices, voluminous flows, and inferred pyroclastic deposits are consistent with
predictions of larger magma chambers and dikes, greater eruption rates and volumes, and
vigorous, explosive activity.

4.5. LARGE SHIELD VOLCANOES

4.5.1. Tharsis Region

The best-known volcanoes and greatest concentration of central-vent constructs occur in
the Tharsis region (Figure 4.1). The Tharsis volcanoes have morphologies typical of basaltic
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shield volcanoes on Earth, but are much larger. The largest, Olympus Mons, is >500 km
across and 25km high. As measured from the seafloor, Mauna Loa volcano is the largest
mountain on Earth, yet it is dwarfed by the Martian volcanoes. The flanks of the Martian
volcanoes have maximum slopes of 5° with shallower summit and basal slopes, similar to the
subaerial part of Mauna Loa volcano. The flanks of Olympus Mons are composed of
interwoven lava flows that spill onto the surrounding plains. Many of the flows have medial
lava channels and partly collapsed lava tubes similar to those on terrestrial volcanoes
(Greeley, 1973; Carr and Greeley, 1980). The forms and dimensions of individual flows
suggest basaltic compositions, although basaltic andesite is a viable alternative (e.g., Moore et
al., 1978). Some of the flows and lower flanks of the Tharsis volcanoes are buried by plains-
forming flows erupted from the shields or other vents (Scott and Tanaka, 1986).

Olympus Mons is surrounded by a scarp 3 to 6 km high (Figure 4.2), the origin of which
is controversial. Enormous fan-shaped deposits northwest of the volcano are interpreted as
landslides, perhaps lubricated by volatiles along the detachment surface (e.g. Tanaka, 1985).

Other volcanoes in the Tharsis area include tholi (Figure 4.7) and the unique feature
Alba Patera, discussed below. Tholi are commonly smaller than 200 km in diameter and have

Figure 4.7. Multiple episodes of flank collapse at the summit of Tharsis Tholus may have been
caused by failure of an unconsolidated basal layer equivalent to the lower units of Olympus Mons and
Apollinaris Patera. The isolated massifs northwest of the cone may be large slump blocks that are
embayed by lava flows from Ascraeus Mons to the west. (Viking Orbiter frame 858A23.)
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a variety of morphologies. Most tend to have slopes steeper than those on the shields and have
calderas more than half as wide as the overall construct, suggesting that they may be the
summits of partly buried volcanoes. Ceraunius Tholus displays sinuous channels carved into
its flanks, interpreted to be caused by erosive pyroclastic flows (Reimers and Komar, 1979).

4.5.2. Elysium Region

The Elysium region is also a central-vent volcanic province on Mars. Two Elysium
volcanoes were compared with constructs in the Tibesti highlands in Africa (Malin, 1977) and
illustrate contrasting morphologies. Hecates Tholus is ~160 by 175 km wide and ~6 km high
and its flanks are cut by narrow, shallow valleys. Elysium Mons is 500 by 700 km wide and
~13 km high and displays numerous flank flows (Figure 4.8). Differences in the numbers of
superposed impact craters around the summit of Hecates Tholus, including a near absence of
craters within a semiannulus 2 km west of the summit (Figure 4.9), led Mouginis-Mark et al.
(1982) to suggest that mantle-forming Plinian eruptions occurred in the recent geologic past.

Some of the Elysium volcanoes, such as Hecates Tholus, have highly dissected flanks
(Mouginis-Mark ef al., 1982, 1984; Gulick and Baker, 1990). It is also evident that the valley-
forming events predate the eruption of the surrounding lava plains because the valleys are
truncated by the plains (Figure 4.10). The dissection could reflect either erosion or volcanic
flank deposits. Reimers and Komar (1979) proposed that lava or fast-moving pyroclastic flows
may have carved the valleys. However, many of the valleys form midway on the flanks
(Mouginis-Mark et al., 1982) and have branches characteristic of surface runoff (Gulick and
Baker, 1990). Local fluvial erosion could have resulted from hydrothermal release of water

Figure 4.8. Left: View of segmented lava flows northwest of Elysium Mons. The distal ends of the
flows are more than 300 km from the summit of Elysium Mons, and are estimated to be 40- to 60-m-
thick flows (Mouginis-Mark and Tatsumura-Yoshioka, 1998). (Viking Orbiter frames 651A08-12.)
Right: Geomorphic interpretation of the flows showing individual lobe segments; copyright, American
Geophysical Union.
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Figure 4.9. The summit area of Hecates Tholus has one of the best candidate ash fall deposits
identified on Mars. The absence of small (<2 km) impact craters around the caldera suggests that a
Plinian airfall deposit mantles the summit to a depth of ~100 m (Mouginis-Mark et al., 1982). (Viking
Orbiter frame 651A19.)

(Brackenridge et al., 1985). The valleys show no evidence of lava flow fronts or other
volcanic features (as found on the Tharsis volcanoes), and comparable valleys are found on
the volcano Alba Patera. Therefore, Mouginis-Mark er al. (1988) proposed that the flanks are
composed of easily eroded material, such as ash, and that the valleys formed by water-
lubricated mass movements. In turn, this would imply that ash-producing eruptions occurred
on Hecates Tholus, but not Elysium Mons, which lacks valleys.

4.5.3. Calderas

Calderas occur at the summits of all of the larger volcanoes on Mars. The calderas on the
summits of Olympus Mons and Arsia Mons are representative of the morphologic range in
Martian calderas (Crumpler er al., 1996a). Variable distributions of strain at the surface are
predicted in association with differences in shape, lateral dimensions, aspect ratio
(width/height), and depth of individual magma chambers (Gudmundsson, 1988). An
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Figure 4.10. Narrow valleys in networks are found on the flanks of Hecates Tholus, Ceraunius
Tholus, and Alba Patera. These valleys suggest that the flank materials are easy to erode, and could be
ash deposits. The valleys shown here on the southeast flank of Hecates Tholus predate the
emplacement of lava flows (lower right of figure) from Elysium Mons. (Viking Orbiter frame
651A22.)

additional factor in their morphologic diversity and larger dimensions may be the greater
predicted depth and larger dimension of magma chambers on Mars relative to Earth (Wilson
and Head, 1990).

The Olympus Mons caldera is irregular in planform, consisting of overlapping, nested,
and scalloped margins with steep walls (Figure 4.11), and provides a record of the evolution
of magma chamber size and location. The sequence in the complex is a trend from large
calderas initially, followed by smaller local collapses (Mouginis-Mark and Robinson, 1992).
However, the reverse trend is seen at Ascraecus Mons where the last caldera collapse formed a
more circular and larger feature than previous calderas within the complex.

The Arsia Mons caldera is larger and more circular than typical terrestrial forms (Figure
4.11D). It has concentric fractures, ring grabens, and pit craters exterior to the caldera, and the
walls are terraced. Topographic profiles (Smith et al., 1998) show that the Arsia Mons caldera
is relatively shallow and flat-floored. In contrast, the entire Pavonis Mons caldera complex
appears to have sagged over a region 100km across. Nested within the area is a single
circular, steep-walled caldera 45 km across and as deep as 5 km.

The greater predicted depth and larger dimensions of magma chambers on Mars relative
to Earth (Wilson and Head, 1990) are consistent with the larger dimensions of Martian
calderas. Magma chambers form only if a zone of magma accumulation can develop (Wilson
and Head, 1994) and if magma replenishment and thermal environment are sufficient for
chamber growth (Crumpler et al., 1996a). The necessary magma replenishment rate is
controlled by the lithospheric thermal gradient and the shape and size of the magma chamber.
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Figure 4.11. Martian calderas. (A) The summit caldera complex of Olympus Mons. Several smaller
calderas are nested inside the larger. more circular caldera. (Viking Orbiter frame 890A68.). (B) The
Ascraeus Mons caldera complex is similar to the Olympus Mons caldera, but has smaller calderas that
overlap the margins of the largest caldera. (Viking Orbiter frames 892A 11,32).
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Figure 4.11. Martian calderas. (C) The Uranius Patera caldera is the result of the coalescence of
several smaller calderas. (Viking Orbiter frames 857A43-46).

Crumpler et al. (1996b) suggest that the larger Martian calderas require replenishment rates
that exceed Hawaiian rates.

4.5.4 Alba Patera

Alba Patera, north of the three Tharsis shield volcanoes, is unique on Mars (Carr et al.,
1977). 1t is larger in areal extent than Olympus Mons but lacks the relief of the shield
volcanoes. It has flank slopes of ~1° (Smith er al., 1998) and is surrounded by a band of
fractures suggesting that most flank flows were emplaced before the regional stress pattern
was imposed. Impact crater densities indicate that Alba Patera is older than either the Tharsis
or Elysium shield volcanoes (Neukum and Hiller, 1981). However, some young flows may
represent eruptions that postdate the fractures (Schneeberger and Pieri, 1991). Materials
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Figure 4.11. Martian calderas. (D) (Top) View of the circular caldera at the summit of the Arsia Mons
shield volcano. The line represents the track of the MGS laser altimeter (MOLA: Smith et al., 1998).
(Part of Viking Orbiter mosaic MC-17NW.) (Bottom) MOLA topographic profile of Arsia caldera. The
caldera is 123 km from rim to rim.
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Figure 4.11. Martian calderas. (E) The summit caldera complex of Pavonis Mons (shown here) is
similar to Arsia Mons in that there is a large circular subsidence, but is also similar to Olympus Mons
in that there is a nested smaller caldera with terraced walls. (Viking Orbiter frame 643A54.)

surrounding the central zone could indicate both effusive and explosive volcanism (Mouginis-
Mark et al., 1988).

The western flanks of Alba Patera are composed of multiple tube- and channel-fed lava
flows, many of which display partly collapsed lava tube segments. These flows were
compared with similar features on Mt. Etna (Greeley and Spudis, 1981) and probably
represent long-duration eruptions. Other flows are more sheetlike and lack channels and lava
tubes. More detailed analyses of the Alba Patera flows are provided by Cattermole (1987). He
also provides evidence for the existence of mild spatter and pyroclastic activity (Cattermole,
1986). Some flank areas have valley networks, suggesting fluvial erosion into pyroclastic
deposits (Mouginis-Mark et al., 1988). Alba Patera possesses two discrete calderas (Wood,
1984). The northernmost caldera is incomplete, and is filled on the eastern side by lava flows
erupted from the southern caldera. This may indicate local topography or large-scale
modifications to the magma plumbing system of the volcano during late-stage activity.

4.5.5. Discussion

Shield volcanoes on Mars display morphologies that are common on basaltic shields on
Earth. Features typical of Martian volcanoes are large (>50 km) caldera complexes, which
suggest that comparable-sized magma chambers were within 20 km of the volcano summits
(Zuber and Mouginis-Mark, 1992).

Most of the youngest valley networks on Mars are found on volcanoes. This has been
suggested as evidence against the idea that the early Martian climate was warm and wet and
that it changed to the present cold and dry conditions (Carr and Chuang, 1997). For example,
Hecates and Ceraunius Tholi lack well-preserved lava flows on their flanks but have valley
networks that predate the emplacement of the surrounding plains lavas. The valleys could be
fluvial features formed in unconsolidated pyroclastic deposits produced during explosive
eruptions of the volcanoes. Alba Patera also has valley networks on its flanks, and may be
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transitional in eruptive style between early explosive volcanism and more recent effusive
activity on Mars (Mouginis-Mark et al., [988).

The environment may have played a role in the development of the basal units of several
Martian volcanoes. Geomorphic evidence suggests that large bodies of water may have
existed on Mars in the Amazonian Period (Baker et al., 1991; Parker ef al., 1993). This is a
controversial idea compared with the more generally accepted view of a “dry Mars” but it
enables some of the features found with some volcanic landforms to be reinterpreted in a self-
consistent manner. For example, the Olympus Mons escarpment is enigmatic. Early inter-
pretations suggested erosion of cratered material on which the volcano was constructed (Head
et al., 1976) by the wind (King and Riehle, 1974). More recently, a tectonic origin was
proposed for the scarp (Borgia et al., 1990). Apollinaris Patera and Hecates Tholus also have
a scarp, although lower in height (0.5-1.5 km) and smaller (Robinson et al., 1993) than the
Olympus Mons scarp. All three volcanoes have the lowest base elevations (<2 km above
mean Mars datum) of Martian volcanoes and are adjacent to the putative shoreline of the
hypothesized Martian seas (Baker et al., 1991), so the basal scarps could be wave-cut
features.

Considerable debate has also focused on the formation of the Olympus Mons aureole
deposits. A central issue is the long size of the lobes. Ideas for the formation of the aureole
include gravity spreading (Francis and Wadge, 1983; Tanaka, 1985), thrust faults and
landslides (Harris, 1977; Lopes et al., 1982), emplacement as ash flows (Morris, 1982),
and subglacial lava flows (Hodges and Moore, 1979). Each mechanism requires low shear
strength of the materials to facilitate sliding, and no equivalent runout slides have been
identified on Earth. The closest analogies (Tanaka, 1985) are Hawaiian submarine landslides
(Moore et al., 1989). The Olympus Mons aureole deposits occur at low elevations (<1 km
above Mars datum). In the model for shallow seas on Mars (Baker ef al., 1991), the entire
northwest side of Olympus Mons would have been submerged, facilitating the formation of
submarine slides, suggesting that they could be generated by the collapse of the submerged
basal materials of the volcano.

Collapse of other Martian volcanoes might also be explained by the presence of
unconsolidated basal materials. Tharsis Tholus (Figure 4.7) is relatively small and its
summit is dissected by multiple sets of arcuate scarps (Robinson and Rowland, 1994). The
scarps appear to represent a complex form of sector collapse comparable to that seen on
volcanoes in Hawaii and Réunion Island (McGuire, 1996; Crumpler et al., 1996b). Although
the lower flanks of Tharsis Tholus are buried by younger flows, remnants of the edifice can be
found to the northeast of the volcano, suggesting that the segments of the flanks have moved
horizontally. By analogy with the terrestrial examples, it is possible that the basal unit of
Tharsis Tholus is structurally weak, perhaps similar to the base of Olympus Mons (Mouginis-
Mark, 1993).

4.6. MARTIAN HIGHLAND PATERAE

Highland paterae are low-relief, areally extensive central-vent volcanoes found in ancient
cratered terrains on Mars, and are thought to be the oldest central-vent volcanoes on the
planet (Plescia and Saunders, 1979). They are characterized by low shield morphology,
central caldera complexes, and radial channels and ridges. The largest, best-imaged, and most
extensively studied highland paterae are found around the Hellas basin.
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Previous analyses of highland paterae include initial studies of Martian volcanoes based
on Mariner 9 images, geologic mapping, surveys of volcanic features using Viking Orbiter
images, and process-oriented studies. In addition, particular focus was placed on channels
characteristic of patera flanks which may provide information on the environment in which
the eruptions occurred.

Interpretations of the style(s) of eruption associated with highland paterae have changed
with time. Mariner 9 data suggested that Amphitrites, Hadriaca, and Tyrrhena Paterae were
basaltic shield volcanoes, formed from low-viscosity lavas (Potter, 1976; Peterson, 1977,
1978; King, 1978). Their formation by pyroclastic eruptions was thought improbable because
the extensive erosion expected in ancient pyroclastic deposits was not observed in Mariner 9
images (Peterson, 1978).

Viking Orbiter images resulted in reevaluation of patera origins (Carr, 1981). The
geomorphology of Tyrrhena Patera and its erosional characteristics led Greeley and Spudis
(1981) to propose that phreatomagmatic activity, caused by magma rising through water-rich
megaregolith, was the dominant eruptive mechanism. Francis and Wood (1982) suggested
that the highland paterae could be mafic pyroclastic structures with eruptions driven by
volatiles from sources at great depths. They argued that large-scale, evolved magmatic
activity was improbable and that phreatomagmatic activity at a scale large enough to produce
the paterae was unlikely, based on terrestrial analogues. Later examinations of Tyrrhena and
Hadriaca Paterae, including geomorphic analyses and corresponding assessments of eruption
mechanisms, suggest that they consist of pyroclastic flow deposits. An evaluation of the
energy required to emplace the patera flank materials indicates that eruptions driven by either
magmatic volatiles or ground water are viable (Greeley and Crown, 1990; Crown and Greeley,
1993).

4.6.1. Tyrrhena Patera

The flanks of Tyrrhena Patera consist of layered, friable deposits dissected by extensive
erosional channels radial to the summit region (Figure 4.12). The ~50-km caldera complex
includes ring fractures and two connected depressions. A large channel extends from the
depressions to the southwest where it joins a flank flow unit ~1000 km long (Greeley and
Crown, 1990). The flank flow may have been supplied by this channel and contains numerous
~100-km-long lava flows and parts of a leveed channel system that may have spanned
~600 km. These lava flows are the only clear evidence of effusive volcanic activity. Based on
crater statistics, the flows were emplaced in the Late Hesperian/Early Amazonian Epochs,
long after the earlier shield-building materials (Crown et al., 1992; Gregg et al., 1998).
Viking Orbiter images with resolutions as high as ~10 m pixel ' show no evidence of
primary flow features within the flank deposits, which exhibit erosional surfaces at the limits
of resolution (Crown and Greeley, 1993).

4.6.2 Hadriaca Patera

The summit of Hadriaca Patera (Figure 4.13) is marked by a well-defined, nearly circular
caldera ~77 km across. The caldera appears to be filled with late-stage lavas. A large,
curvilinear wrinkle ridge and small domelike features in the eastern part of the caldera,
together with the scalloped rim suggest a complex history. The flanks of the volcano are
asymmetric in plan view (~300 x 560 km) and exhibit layering and remnant mesas. The
flank channels are trough-shaped, lack tributaries, and are continuous over long distances.



98 Greeley, R., et al.

Figure 4.12. Volcano flanks. (A) View of Tyrrhena Patera showing the complex summit region
surrounded by its eroded flanks. A large rille extends to the southwest and connects the caldera
complex to the flank flow unit consisting of numerous lava flow lobes. The summit caldera complex is
~50 km across. North is to the upper right corner of the image. (Viking Orbiter frame 087A14.)

Amphitheater-headed channels are common. The erosional morphology of the channeled
flanks of Hadriaca and Tyrrhena Paterae is attributed to a combination of ground water
sapping and surface runoff, with more extensive surface dissection evident at Hadriaca Patera
in the form of V-shaped valley interiors (Gulick and Baker, 1990; Crown and Greeley, 1993).
Crater statistics suggest that Hadriaca Patera formed in the Early Hesperian Epoch and has a
slightly younger surface than Tyrrhena Patera (Crown er al., 1992).

4.6.3. Amphitrites/Peneus Patera Complex

The Amphitrites/Peneus Patera complex is defined by two large (~120 km in diameter)
circular depressions and surrounding dissected and ridged plains. Amphitrites Patera exhibits
nested, shallow depressions that are surrounded by a distinctive radial channel system similar
to those at Tyrrhena and Hadriaca Paterae. Peneus Patera consists of concentric fractures
surrounded and flooded by ridged plains. The degradation of small impact craters in the
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Figure 4.12. Volcano flanks. (B) The eroded flanks of Tyrrhena Patera show nested channels
indicative of headward erosion. Lineations potentially related to wind erosion are observed orthogonal
to the channel orientation. The frame is ~15 km across. North is to the bottom left comer. (Viking
Orbiter image 794A01.)

region suggests a complex and extensive history of modification. The Amphitrites/Peneus
Patera complex was initially interpreted as an overlapping complex of low shield volcanoes
(Potter, 1976; Peterson, 1977, 1978) with up to six source calderas. This complex could be the
source of the ridged plains of Malea Planum (Greeley and Guest, 1987; Tanaka and Scott,
1987).

4.6.4 Tempe Patera

Tempe Patera is found in the northern hemisphere. It consists of a shallow, 16-km-
diameter depression surrounded by smooth deposits that are extensively degraded by radial,
poorly defined shallow troughs (Plescia and Saunders, 1979; Wise, 1979; Hodges and Moore,
1994). Its morphology is generally similar to that of Tyrrhena Patera, although it is much
smaller. Plescia and Saunders (1979) indicate that Tempe Patera is as old as, or slightly older
than, Tyrrhena Patera. A potentially similar feature ~100 km across found in the Thaumasia
region was interpreted to be a volcano by Scott and Tanaka (1981) and Scott (1982) but does
not have the distinct central vent characteristics of other highland paterae.
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Figure 4.12. Volcano flanks. (C) View of a lava flow lobe within the flank flow southwest of the
Tyrrhena Patera summit. The upper, more irregular part of the flow lobe has a channel in its interior
that appears to have fed a wider, ~60-km-long unchannelized zone. North is to the top of the image.
(Part of Viking Orbiter image 413S13.)

4.6.S. Summary

The geologic evolution and styles of eruptive activity for the Martian highland paterae
have significant implications for interpreting the volcanic and climatic history of Mars.
Highland paterae are the oldest preserved central-vent volcanoes on Mars and could represent
a transition from earlier plains-forming volcanic activity to large discrete eruptive centers
(Greeley and Spudis, 1981). In addition, most paterae represent basin-related, highland
volcanic centers that provide a basis for comparison with Martian shields and tholi, and they
may provide evidence for differences in magma source regions between the highlands and the
northern lowlands and/or temporal changes in Martian magmas or their emplacement
conditions (Crown and Greeley, 1993).

Use of the paterae in comparisons with other volcanoes or for inferences about the
environment depends on interpretations of their eruptive style. The interpretation of
phreatomagmatic activity for Tyrrhena and Hadriaca Paterae is consistent with the timing
and extent of aqueous erosion documented for the region. The lack of volcanoes with
morphologic characteristics similar to highland paterae in younger volcanic provinces and the



Figure 4.13. Hadriaca Patera. (A) View of the summit caldera (~77 in diameter) and surrounding
channeled flanks of Hadriaca Patera. Collapse features associated with Dao Vallis are observed to the
east (right) and south (bottom) of Hadriaca Patera and truncate its flanks. North is to the upper right
comner of the image. (Part of Viking Orbiter photo-mosaic 211-5456.) (B) Detailed view of the summit
of Hadriaca Patera. The western rim (left) of the caldera suggests multiple episodes of collapse,
whereas the rim to the north and east may be covered by eruptive products. A large scarp in the
southeast may be the margin of lava ponded in the caldera; small domelike features are observed on
the surface of caldera-filling materials to the east. North is to the upper right corner of the image.
(Viking Orbiter image 410S02.)
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inferred transition from explosive to effusive volcanism at Tyrrhena and Hadriaca Paterae may
reflect a global change in Martian near-surface and atmospheric conditions that limited or
depleted the volatiles necessary to generate hydrovolcanic eruptions.

If magmatic volatiles drove explosive eruptions at the highland paterae, the generation of
less volatile-rich magmas over time could explain the transitions thought to occur in the
eastern Hellas region, as well as the observed difference in volcano morphology between the
highlands and the Tharsis and Elysium provinces (Francis and Wood, 1982; Crown and
Greeley, 1993). Heterogeneities in magma source regions may also be a factor. If the early
suggestions that the paterae consist of fluid lavas prove to be true, lava flows associated with
the paterae could indicate significantly different thermal environments, magma bodies,
emplacement conditions, or erosional regimes than are typical of the younger volcanoes on
the Martian surface.

4.7. SMALL VOLCANIC CONSTRUCTS

Clusters of kilometer-sized conical hills, many with summit craters, are found in the
northern plains and southern highlands. Fields of knobs, buttes and eroded hills in the Aeolis
(Greeley and Spudis, 1981), Thaumasia (Scott, 1982), and Tempe (Plescia and Saunders,
1979) regions are suggested to be volcanoes. In each case, image resolution and erosion of the
features make their origin unclear. For example, the thousands of small hills in Acidalia and
Utopia Planitiae (Frey and Jarosewich, 1982) could be cinder cones, but they could equally
well be pingos or volcanic pseudocraters formed from lava flows.

Martian surface conditions might also complicate recognition of small volcanoes in low-
resolution images. For example, the lower Martian gravity could cause pyroclastic eruptions
to spread cinders over a wider area than for similar eruptions on Earth. At least some of the
“lava shields” in Tempe Terra (Plescia, 1981) could have formed in this manner. The small
hills aligned across the floor of Arsia Mons caldera (Carr ef al., 1977) may also be cinder
cones. Small ridges on Alba Patera were interpreted as spatter ridges produced by low-level
fire-fountaining (Cattermole, 1986), but diagnostic features are too small to be seen on
available data.

With evidence for volcanism and ground ice in close proximity (Allen, 1979; Hodges
and Moore, 1979; Mouginis-Mark, 1985; Squyres et al., 1987), it is unclear why more maars
have not been identified. One possibility is that the resultant craters would be morphologically
similar to small impact craters and have been misinterpreted. As with cinder cones, the low
Martian gravity would cause greater ejecta dispersal, leading to low, wide crater rims. High-
resolution images could shed light on volcano/ground ice interactions, as well as other
aspects of Martian volcanic features.

4.8. VOLCANIC PLAINS

Volcanic plains of several types are found on Mars. The most widespread are ridged
plains that resemble the lunar maria. They are characterized by wrinkle ridges and commonly
fill older impact craters, but rarely display vents or vent structures. As with the lunar maria,
the ridged plains on Mars are thought to represent flood lavas erupted at high rates of effusion
from fissures that were buried by their own products. Lack of distinctive flow features such as
lobes and flow fronts suggests that the lavas were extremely fluid, perhaps comparable to
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komatiites erupted on Earth in the Precambrian. The lack of flow features, however, also
means that their interpretation as volcanic is uncertain.

Some plains areas, as shown in Figure 4.3, are clearly volcanic, as evidenced by distinct
flow lobes, and constitute a second type of volcanic plains. They form widespread sheets and
typically lack lava channels and apparent lava tubes at the resolution of Viking images. As
with the ridged plains, these flows could have been emplaced from massive eruptions;
however, the lavas might not have been as fluid, but rather possessed greater viscosities,
resulting in preservation of flow margins and fronts.

A third type of volcanic plains is associated with some of the large constructs. For
example, lava flows can be traced from the flanks of Olympus Mons and onto the surrounding
plains. These units also have distinctive flow fronts and side lobes. Together with ridged
plains and the sheet flows described above, these constitute plains of probable volcanic origin.

Martian plains of possible volcanic origin are found throughout much of the northern
lowlands. Flow lobes and ventlike structures are seen in high-resolution images in some areas.
However, imaging resolution and quality are insufficient to map most of the lowland plains
consistently; these plains probably are composed of materials of many diverse origins,
including volcanic.

Plains of probable volcanic origin constitute more of the Martian surface than any other
terrain (Greeley and Spudis, 1981; Greeley and Schneid, 1991). Although they appear to have
attained their greatest areal extent in the early Hesperian (Tanaka et al., 1988; Greeley and
Schneid, 1919), this is likely to be an artifact of preservation. For example, all of the northern
lowlands are of probable volcanic origin but subsequent burial and reworking with sediments
may have obscured their volcanic origin. Moreover, the likely thermal history of Mars
suggests extensive volcanism in the Noachian Period but intense impact cratering has
destroyed this record. The morphologies of small areas of Noachian age in the highlands
(chiefly in the Arabia to Noachis Terra regions; Figure 4.14) are consistent with lava plains
emplacement.

Ridged plains that could be comprised of lava flows are abundant around many volcanic
centers, such as Hesperia Planum in the vicinity of Tyrrhena Patera (Figure 4.15). In addition,
lobate flows associated with volcanic centers, and channels similar to lunar sinuous rilles are
evidence for volcanic plains surrounding volcanic centers in some highland settings.

Extensive Hesperian volcanic plains were emplaced as precursors to the Tharsis and
Elysium volcanic regions. The intravolcano plains in the Tharsis area were further surfaced by
lobate and digitate lava flows, many of which represent late-stage eruptions (Figures 4.11,
4.16 and 4.17).

Morphologies of some lava plains flows might have been affected by local variations in
the Martian environment. Mouginis-Mark and Tatsumura-Yoshioka (1998) mapped the area
north and west of Elysium Mons, where 59 large lava flows were identified. Some of these
flows can be divided into discrete segments that could represent emplacement as a series of
pulses (Figure 4.8). Each breakout of a new flow segment appears to have occurred at the
distal end of the earlier lobe. Lengths range from 9 to 41 km and maximum thicknesses range
from 40 to 125 m. The surface of each flow is flat, lacks festoon ridges, and is interpreted to
be a’a (Bruno ef al., 1992). There is no evidence for lava tubes, roofed channels, or lobes
emerging from the sides of earlier lobes, so that some (unknown) limit imposed by properties
of the flow prevented their lateral growth. The relatively flat surfaces suggest that flow
inflation was not part of the emplacement. Similar flow segmentation was described by Gregg
and Fink (1997) in laboratory simulations under conditions that they call the rifting regime;
the simulated lava temporarily had a sufficient hydraulic pressure to rupture the crust.
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Figure 4.14. Possible volcanic plains of Noachian age, showing the “flooded™ appearance of impact
craters and mare-type wrinkle ridges typical of volcanic plains on the Moon. Image is 22km wide,
centered at 33°N latitude, 306.5° W longitude. (Viking Orbiter frames 641A14, 16-18.)

Another type of segmented fiow occurs northwest of the Alba Patera caldera. Called “M-
type flows” by Lopes and Kilburn (1990), they appear to be topographically constrained, so
that individual flows might have been forced by adjacent high points to override earlier flow
lobes. However, image resolution for these flows is ~80 m pixel ™! and direct comparison
with those in the Elysium Planitia field is not possible. Although Viking Orbiter image
resolution varies over the planet, it appears that segmented lava flows are rare on Mars and
they could indicate unusual eruptions and/or emplacement conditions. For example, the fiat
preflow terrain, abundant permafrost, or pulsing of the flow could have produced the
segmented flows (Mouginis-Mark and Tatsumura-Yoshioka, 1998). Other morphologic
evidence also suggests that northwest Elysium Planitia has been affected by subsurface
volatiles. Many of the graben have outflow deposits suggestive of surface water flow
{Mouginis-Mark, 1985) and an area of chaos just north of the lava flows appears to have
formed by collapse following the removal of ground ice (Carr and Schaber, 1977), perhaps
leading to lahar deposition (Christiansen and Greeley, 1981; Christiansen, 1989). Alternately,
this area has been interpreted as glacial outflow deposits associated with subice eruptions (see
Chapter 3).

4.9. CONCLUSION

Despite more than three decades of exploration by spacecraft, many fundamental
questions regarding Martian volcanism remain unanswered. The following is not a complete
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Figure 4.15. Hesperian-age ridged plains east of Tyrrhena Patera. Plains of similar morphology are
among the most extensive probable volcanic areas on Mars. Image is 270 km wide, centered at 21.5°S
latitude, 249° W longitude. (Viking Orbiter frames 391S51, 87A14-17.)

compilation, but includes some of the issues regarding the role of the Martian environment in
controlling the styles of volcanism and the resulting volcanic features:

1. Do the changes in volcanic morphology and inferred styles of volcanism for the
highland paterae reflect a change in Martian environment in which surface or near-
surface volatiles were depleted (Greeley and Spudis, 1981), or do the changes
represent magma evolution or other factors? How has the atmospheric pressure/den-
sity changed over time, and how would this affect eruptive styles and volcanic
morphology?

2. Do the channels on some of the volcanoes, such as Hecates Tholus (Mouginis-Mark
et al., 1982), represent local climatic regimes that allowed precipitation; alternatively,
could the channels represent a form of volcanism or flow emplacement not previously
recognized?

3. Do the wrinkle ridges represent deformation of volcanic materials, or are they
structural features that can form in rock units of any type? As discussed by Greeley
and Spudis (1981), mare-type ridges are commonly used to infer marelike basalts on
planetary surfaces by lunar analogy, but the criterion of the presence of such ridges is
far from definitive.
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Figure 4.16. Amazonian-age volcanic plains in the Tharsis region of Mars south of Arsia Mons.
Lobate fronts of individual digitate lava flows are indicated by arrows. Image is 60 km wide, centered
at 17°8 latitude, 115°W longitude. (Viking Orbiter frame 56A28.)

Figure 4.17. Volcanic centers and surrounding lava plains in the Tempe-Mareotis region of Mars.
Similar plains occur in several areas surrounding the Tharsis region and appear to have formed by
eruption of sheets of lava from numerous small vents (black arrows). (Viking Orbiter frame 627A27.)
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4. When did the last eruptions occur on Mars? Although the SNC meteorites indicate
that some eruptions may have occurred 120 Ma (McSween, 1994), the exact source of
the SNCs on Mars is conjectural (Plescia, 1993) and they probably do not represent
the latest eruptions. Mars Global Surveyor images will enable assignments of relative
ages to flows and other volcanic features, but the absolute chronology will only be
determined when samples are returned to Earth from specific volcanic areas.

5. What is the chemical diversity of lavas on Mars, and is there a correlation between
volcano morphology and chemistry? Most investigators attribute differences among
volcanic features to interaction of the magma with near-surface volatiles or other
eruption parameters (Mouginis-Mark et al., 1982; Crown and Greeley, 1993;
Robinson et al., 1993; Wilson and Head, 1994). Thermal Emission Spectrometer
(Christensen et al., 1992) data from Mars Global Surveyor, other remote sensing
data, and measurements made by landers might resolve the issue of chemical
diversity of Martian volcanic rocks.

6. What is the topography of Martian volcanoes and lava flows? The slope and thickness
of individual flows are very poorly constrained and estimates of lava rheology (e.g.,
Zimbelman, 1985; Cattermole, 1987; Lopes and Kilburn, 1990; Glaze and Baloga,
1998) at the time of emplacement may be significantly in error. Similarly, the summit
caldera volumes and edifice heights might also be in error, which has important
implications for the volume of the magma chamber, the size of a caldera-forming
event (Zuber and Mouginis-Mark, 1992), and the dynamics that initiated the eruption
(Wilson and Head, 1994).

Some of these issues will be resolved with additional measurements and observations from
current and ongoing missions, as outlined above. The international space exploration program
has a focus on Mars in the late 1990s and well into the next century. Approved and planned
missions have the potential to return a great wealth of data on the history of Mars and its
evolution through time. Combined with missions that will return a series of samples from Mars,
laboratory experiments, theoretical considerations, and study of relevant terrestrial analogues
should ensure that the next decade sees a significant improvement in our understanding of Mars,
its volcanic history, and the role of the environment in controlling volcanic processes.
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Volcanism on Earth’s Seafloor and Venus

Eric B. Grosfils, Jayne Aubele, Larry Crumpler,
Tracy K. P. Gregg, and Susan Sakimoto

5.1. INTRODUCTION

The surface of Venus, obscured by dense cloud cover, is similar in many ways to the seafloor
that lies hidden beneath the deep waters of Earth’s oceans. Although both are difficult to
observe, decades of research indicate that each surface is dominated primarily by basaltic
volcanism. This is not surprising as Earth and Venus are similar in size, bulk density, and
position in the solar system, and the probability of similar elemental abundances and internal
heat sources implies corresponding similarity between their interior melting, magma
production, and surface volcanism. Even though Earth’s seafloor and Venus are dissimilar
in many ways, both environments are characterized by significantly elevated pressure at the
surface resulting, respectively, from the burden imposed by the overlying ocean water and the
weight of the dense atmosphere. This provides volcanologists with an excellent opportunity to
examine how elevated surface pressure affects the development and behavior of volcanic
systems.

We begin this chapter with an overview of the types of data collected to date that reveal
the surfaces of the seafloor and Venus, then summarize what is known about the environ-
mental conditions at or near each surface. In addition, since comprehensive reviews are
presented elsewhere (e.g., Venus: Head et al., 1992, and Crumpler et al., 1997, seafloor:
Fornari and Embley, 1995, and Chadwick and Perfit, 1998), we provide only a brief overview
of the volcanic styles observed in each setting so as to establish a context within which to
consider the behavior of several specific volcanic processes and features. The bulk of the
chapter focuses on four “case study” examinations of how the high-pressure environments of
Venus and the seafloor specifically affect intrusive processes (1: magma stalling related to
neutral buoyancy), effusive eruptions (2: formation of small to intermediate volcanoes; 3:
emplacement of large larva flows), and explosive events (4: pyroclastic eruptions). These
detailed presentations serve to illustrate the similarity between key volcanic styles observed
on Venus and Earth’s seafloor, and help demonstrate the role played by the near-surface, high-
pressure environment present in both settings.

Environmental Effects on Volcanic Eruptions: From Deep Oceans to Deep Space.
Edited by Zimbelman and Gregg, Kluwer Academic/Plenum Publishers, New York, 2000. 113
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5.1.1. Venus

Available Data. Current knowledge about Venus has resulted from Earth-based radar
studies, planetary flyby missions, atmospheric entry probes (including balloons), landers, and
global radar reconnaissance of the surface by orbiter spacecraft. In the 1960s modern Earth-
based radar observatories, chiefly Goldstone (Goldstein et al., 1978) and Arecibo (Campbell
et al., 1976), provided radar images of the surface at regional scales and resolutions of tens to
several kilometers showing radar-bright and -dark areas up to several thousand kilometers
across. In addition to mapping the large-scale radar patterns on the surface, studies using the
radar data provided the first reliable estimates of the rotation rate (243 days, retrograde).
Earth-based observations continued to be a source of the highest-resolution image data until
the late 1980s. Radar signals of different wavelength and incidence angle show differences in
scattering properties that relate to differences in the radar reflectivity and roughness of the
surface at each wavelength and incidence angle. As a result these early data, acquired with
radar wavelengths and polarizations that differ from later spacecraft data, still provide unique
contributions to our understanding of Venus. Useful high-resolution Earth-based data are
limited to one hemisphere, however, because of the peculiarities of the orbital period of Venus
in which the same side of Venus points toward Earth at each inferior conjunction (closest
approach to Earth). As a result, Earth-based radar image data are confined to the hemisphere
centered on the prime meridian of Venus; the prime meridian was defined in part from this
phenomenon. Earth-based data were ultimately acquired at image resolutions as high as 2km
pixel ! (Campbell et al., 1991) over about one-quarter of the surface.

The U.S. Pioneer-Venus mission in 1978 built on the early Earth-based radar results and
initially obtained a global map of the surface altimetry at a resolution of 100 km (Pettengill e
al., 1980). In addition to showing that the topography on Venus is relatively flat compared
with that of Earth, the Pioneer-Venus altimetry established the principal large-scale surface
characteristics, which include: (1) a unimodal global surface hypsometry (in contrast to the
bimodal hypometry of Earth), (2) the presence of distinct radar-bright highland areas from 1
to 2km above the mean surface altitude, and (3) the presence of a network of deep linear
valleys along upland regions comparable to rift valleys on Earth, with linear mountain belts
bordering at least one of the highlands. Although a few continentlike highland regions rise
from 1 to several kilometers above the mean planetary radius, they are spatially scattered and
cover 15% of the surface of Venus, or roughly half the surface area covered by continents on
Earth. The Pioneer-Venus data also include reflectivity and emissivity characteristics, as well
as a band of radar imaging with a resolution of approximately 10km along the equatorial
region.

The Russian Venera 15/16 missions in 1983 first used synthetic aperture radar to acquire
information on the distribution of landforms over the northern 25% of the surface at a
resolution of 2km (Barsukov et al., 1986). These data were obtained at a lower radar
incidence angle than later Magellan images and provide better insight into small-scale
relief, but are relatively insensitive to the variations in radar reflectivity and roughness
compared with Magellan data. Venera 15/16 data were used to established the presence of
numerous volcanoes ranging from a few kilometers across to volcanoes as large as several
hundred kilometers, radiating patterns of fractures, and circular features [coronae, features
defined primarily by an annulus of concentric fractures and ridges up to several hundred
kilometers across (Barsukov et al., 1986; Stofan et al., 1997)]. The Russian Venera lander
missions also provided detailed optical images (Figure 5.1) and chemistry for a few sites on
Venus.
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Figure 5.1. Optical images of the surface of Venus as seen by the Venera 13 lander. Chemical analysis
of the surrounding materials yielded basaltic chemical compositions.

Radar technology and spacecraft technology paced each other in resolution with
alternately Earth-based and then spacecraft-based observations providing the highest-resolu-
tion information during the 1970s through the late 1980s. This process culminated with the
Magellan mission, which obtained global (98%) synthetic aperture image, emissivity,
reflectivity, and altimetry data at resolutions as high as 120 m wide (image mode). Imaging
was done on successive orbits in swaths several thousand kilometers long and 20 km wide.
The swaths or strips were mosaicked to produce images of larger areas much like mosaics of
sonar image strips used in seafloor studies. Strangely, the analogy to Earth’s seafloor extends
to the overall similarity in necessary image characteristics between side-scanning sonar
imaging and side-looking synthetic aperture radar imaging.

Environmental Conditions at and Near the Surface. The surface environment of Venus is
dominated by three fundamental characteristics: high surface pressure, a dense atmosphere of
carbon dioxide, and a high surface temperature. These facts, initially deduced from Earth-
based telescopic data, were confirmed by spacecraft observations (Table 5.1) made by U.S.
and Soviet flybys, atmospheric entry probes, and eight Soviet Venera landers (Zahn et al.,
1983). Altogether there have been 18 short-lived entry and landing probes that have made
direct measurements of the surface environment. The Russian Venera landers 4 through 14,
the landers and balloons of Vega 1 and 2, and the four U.S. Pioneer-Venus entry probes all
sampled and measured the atmosphere at several entry points and to variable depths.
Pressures and temperatures like those found at the Earth’s surface occur at 60 km altitude
on Venus, far above the highest peaks. The high density and thermal opacity of the
atmosphere result in a rapid increase in temperature and pressure with depth: The temperature
increases rapidly from 120K at 100km altitude, rises to 273K at 60km altitude, and
increases nearly linearly thereafter to 733K at the mean surface elevation (see below). The
ambient atmospheric pressure correspondingly increases from an Earth surface-like 0.1 MPa
at 60km to 4.7 MPa at 10 km and rises thereafier to 9.2 MPa at the mean surface altitude. The
surface pressure on Venus is therefore similar to that encountered on Earth at a depth of 1 km
in the oceans (Figure 5.2), and the surface temperature is only 400 to 500°C less than the
liquidus for rhyolite.

Measurements of the surface rock and soil chemical composition were made by Venera
and Vega lander instruments (X-ray fluorescence and gamma-ray spectrometers) at several
points (Zahn et al., 1983). In general, the measured samples had basaltic affinities. Analyses
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Table 5.1. Chronologic Summary of Spacecraft Missions to Venus

Spacecraft Country Arrival Type Observations made
Mariner 2 USA 14-Dec-62 flyby surf. temp., magnetic field
Venera 4 USSR 18-Oct-67 entry probe atm. to 25 km altitude
Mariner 5 USA 19-Oct-67 flyby surf. temp., magnetic field
Venera § USSR 16-May-69 entry probe atm. to 12 km altitude
Venera 6 USSR 17-May-69 entry probe atm. to 16 km altitude
Venera 7 USSR 15-Dec-70 lander atm. to surface, temp./pressure
Venera 8 USSR 22-Jul-72 lander atm., light, composition
Mariner 10 USA 5-Feb-74 flyby cloud tops, magnetic field
Venera 9 USSR 25-Oct-75 lander atm., images, surf. comp.
Venera 10 USSR 25-Oct-75 lander atm., surf. images
Pioneer-Venus USA 4-Dec-78 orbiter global topo., 100 km res.
Pioneer-Venus USA 9-Dec-78 entry probe atm. to surface

Venera 11 USSR 21-Dec-78 lander atm. comp.

Venera 12 USSR 25-Dec-78 lander atm. comp.

Venera 13 USSR 1-Mar-82 lander surf. color images/comp.
Venera 14 USSR 5-Mar-82 lander surf. color images/comp.
Venera 15 USSR Oct-83 orbiter radar, 2 km res.

Venera 16 USSR Oct-83 orbiter radar, 2 km res.

Vega | USSR 15-Dec-84 lander/balloon surf. comp., atm.

Vega 2 USSR 21-Dec-94 lander/balloon surf. comp., atm.

Galileo USA 10-Feb-90 flyby cloud top images
Magellan USA 10-Aug-90 orbiter radar, 120 m res.

at Venera 9, 10, 14, and Vega 1 and 2 sites are comparable to the tholeiitic rocks common on
Earth’s seafloor, while analyses at Venera 8 and 13 suggest somewhat more alkalic
compositions at these two sites.

The mean surface elevation of Venus is defined as the mean planetary radius (MPR), or
6051.84km (Ford and Pettengill, 1992). Over 80% of the surface lies within 1km of this
radius. The maximum deviation of the surface from this elevation is 3 km below MPR in the
deepest rift valley and nearly 12 km above MPR on the highest summit of Maxwell Montes.
Depending on where an eruption occurs, atmospheric pressure and temperature can differ
substantially, thus potentially influencing the exsolution of gases and the rate of heat transfer
from cooling lavas and pyroclasts. Volcanic vents on Venus are, in general, slightly elevated
with respect to MPR: The mean summit elevation of large volcanoes is 1.5 km above MPR.
Similarly, many volcanic edifices occur within upland elevations (2 to 4km) (Keddie and
Head, 1994), particularly in association with the Beta—Atla~Themis region of higher-than-
average volcanic center abundance (Crumpler et al., 1993) and “volcanic rises” such as Atla
Regio. The ambient conditions from 1.5 to 4 km above MPR range from 8.1 to 7.1 MPa and
715 to 700K.

Because of the high surface temperature, extremely dry surface, inferred low silica
compositions, and relatively flat topography on Venus, the question of the long-term strength
and rock creep rates has arisen repeatedly (Weertman, 1979; McGill et al., 1983), particularly
as regards the lifetime of the few steep and high mountain belts (Smrekar and Solomon,
1992). The primary limit on these studies thus far is that laboratory measurements of
presumably “dry” basalt and diabase (Mackwell et al., 1998) with which creep rate estimates
are made may still not be as dry as the rocks on Venus. Assumptions about the general
mineralogy of the mantle and upper crust of Venus have been used to estimate the relatively
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Figure 5.2. Comparison of the pressure with depth in Earth’s oceans and Venus’s atmosphere.
Atmospheric pressure at the surface of Venus is equivalent to approximately 1 km depth in the sea.

strength of the crust and mantle under strain over geologic time scales (Zuber, 1987;
Bindschadler and Parmentier, 1990). Like the Earth, Venus is predicted to have a brittle
upper crust and ductile lower crust. The estimated ductility of the lower crust may be low
because of the lack of internal water (Banerdt et al., 1997) such that the overall crustal
strength may be comparable to the oceanic crust on Earth. In addition to the uncertainties
about the influence of water, regional and global geothermal gradients are not known and can
only be approximated.

Finally, within the altitude range between 70 and 40 km the main cloud decks of sulfuric
acid droplets occur. This is far above the highest points on the surface. As a result, the
presence of swirling mist of sulfur should not be expected at any volcanic summits.
Nonetheless, Vega surface composition measurements were rich in sulfur, illustrating the
likely importance of sulfur in the surface chemistry. An additional observation relevant to the
chemistry of the surface is the fact that mountainous regions more than 5 km above MPR have
high radar reflectivity. The dependence of the reflectivity on altitude, regardless of the
underlying terrain characteristics, suggests some form of vapor transport of a volatile and
radar reflective element with the hot plains to the relatively “cool” mountaintops (Wood,
1997).

Overview of Volcanic Styles. Venus has perhaps more volcanoes and volcanic centers
than any known planet other than Earth. Volcanoes are widely distributed over the surface and
are morphologically diverse. The differences in morphology are significant in that they may
be related to variations in eruptive style, vent morphology, and magma body emplacement
depths, as well as to possible variations in composition and gas content of the magmas (e.g.,
Head et al., 1992; Crumpler et al., 1997).



118 Grosfils, E. B., et al.

Large, voluminous flow fields (akin to flood basalt deposits on Earth in size; see Section
2.6) are common, and massive eruptions of lava have flooded the vast lowland areas resulting
in extensive plains with very low relief. Sinuous channels occur within the lowlands (Figure
5.3) and are interpreted, with reservation, to be lava channels that fed the extensive sheets of
lava that cover the lowlands (Baker et al., 1992). The reservation arises from their great length
(up to thousands of kilometers), specifically whether silicate melts can remain fluid for the
amount of time necessary to form the observed channels (Gregg and Greeley, 1993).

Volcanic edifices on Venus have low relief (Schaber, 1991; Keddie and Head, 1994)
compared with large volcanoes on other terrestrial planets. The largest volcanoes are several
hundred kilometers in diameter, yet rarely exceed a few kilometers in relief (Figure 5.4). The
simplest of the large volcanoes are little more than radial arrays of digitate lava flows that
together define an edifice with several hundred meters of relief. When large volcanoes are
sometimes associated with stellate fracture patterns or coronae, in some instances they clearly
postdate these features while in others the volcano is the older feature. A small percentage of
large volcanoes are the site of subsequent calderalike collapse and others are surmounted by
steep domes and cones. Both of these attributes imply that large volcanoes are frequently
associated with relatively shallow magma bodies. These bodies either may undergo deflation
through eruption or lateral intrusion, producing collapses, or may undergo chemical or
volumetric evolution leading to secular changes in the details of late eruption styles.

Somewhat less understood are the domical to rounded volcanic edifices on Venus (a.k.a.
“pancake” or “steep-sided” domes). Domical and flat-topped, steep-sided domes range up to
60 or more kilometers in diameter. The principal and most anomalous characteristics of many
of these are their relative circularity, frequent presence of polygonal patterns of fractures on
their summit suggestive of deformation through wholesale inflation and deflation of the
edifice, and absence of evidence for individual lava flows. Together the latter two character-
istics may imply that the edifices were erupted as a single endogenous mass (McKenzie et al.,
1992a) like that associated with viscous domes on Earth (see Chapter 2). Some steep-sided
domes appear to have slumped at one or more points along their margins (Bulmer and Guest,
1996) (Figure 5.5). In the simplest context, the pancake domes have been interpreted as
indicators of both relatively primitive silica-poor lavas, in the case of large volcanoes with low
relief, and more evolved intermediate to silica-rich compositions in the case of the more
domical intermediate-size volcanoes. In practice, morphology is at best a poor constraint on
chemical composition for volcanoes on Venus (Grimm and Hess, 1997).

The single most abundant type of volcanic center on Venus is the small shield volcano
(Aubele and Slyuta, 1990) (Figure 5.6). These are centers of eruption less than 20km in
diameter and may occur singly or in clustered volcanic fields called shield fields (Crumpler et
al., 1997). In addition to true shield morphologies, small volcanoes commonly exhibit the
morphologies noted in intermediate and large volcanoes, including steep-sided, modified
domical, flat-topped, and even conical.

In addition to surficial features, there are many centers where both radiating and circular
fractures suggest magma movement at shallow depths. Coronae often appear to be associated
with nearby surface volcanism or occur within volcanic rises. They are unique to Venus,
although it has been suggested that some large volcanic features on other planets may be
related to coronae (Watters and Janes, 1995), and are interpreted to be the surface expression
of rising plumelike magma bodies. Stellate fracture patterns, frequently accompanied by
volcanism, are also common in association with rifts and linear arrays of fractures. These are
analogous to patterns of radiating dike swarms mapped in continental shields on Earth
(McKenzie et al., 1992b; Grosfils and Head, 1994; Ernst et al., 1995). Unlike the deeply
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Figure 5.3. Channels, or canali, on the surface of Venus (arrows) are frequently deformed by
subsequent fractures, ridges, and swells. as seen in this example. Image width is 150 km, centered at
3578 latitude, 251° W longitude. From FMIDR 35S250.
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Figure 5.4. (A) Magellan SAR image of a typical large volcanic edifice on Venus. This example is
centered at 12°S latitude, 261-W longitude. From FMIDR 10S267. (B) Altimetric profile along a
Magellan ground track across the large volcano in A.
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Figure 5.5. Example of a steep-sided dome with an apparent slump on one flank. Magellan SAR
image, centered at 16.1°S latitude, 211.8° W longitude. Image width is approximately 40km. From
FMIDR 15S214.

Figure 5.6. Three examples of common small volcanoes on Venus. Small shield volcanoes with
distinct flows (left) are relatively less common than small volcanoes with featureless flanks (center).
Flat-topped small volcanoes are common on both Venus (right) and on the seafloor.
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eroded patterns of radiating dike swarms on Earth, however, the stellate patterns on Venus are
characterized by individual graben and small scarps that are interpreted to be the surface
expression of shallow dikes (Grosfils and Head, 1994).

Volcanic and magmatic centers are not distributed along linear belts such as in the plate
boundary settings of volcanism on Earth (see Chapter 2). Tectonism on Venus is best
described as being more like the intraplate tectonism on Earth. There is no direct evidence for
large-scale motion of the surface over the past 500 million years of the type that typifies plate
tectonics on Earth (Solomon er al., 1992; Hansen et al., 1997), but neither are volcanoes
randomly distributed. Instead, some large volcanoes are clustered in areas of slightly elevated
relief and at the intersection of several extensive regional fracturing and rifting trends.
Volcanoes are notably concentrated (two to three times higher than the global mean) within
the broad area lying between Beta, Atla, and Themis Regions (Crumpler ef al., 1993). In these
“volcanic rises” and similar areas the associated positive gravity anomalies, relief, rifting, and
concentrated volcanism have been interpreted (e.g., Smrekar et al., 1997) as the surface
manifestation of “hot spots” or localized mantle upwelling. In general, volcanic centers are
correspondingly lower in abundance in the low-lying plains, particularly those plains
characterized by numerous small ridges, and in the relatively high-standing areas of tesserae
[regions characterized by two or more sets of intersecting structural lineaments and enhanced
surface roughness at centimeter- to meter-scale e.g. (Barsukov ef al., 1986)].

5.1.2. Earth’s Seafloor

Available Data. Very little of the seafloor has been imaged at a resolution sufficient to
distinguish unequivocally among various volcanic deposits; for a complete description of
deep-sea imaging systems, see Kleinrock (1992). Because the seafloor is exposed to
essentially no visible light from above, acoustic techniques provide the greatest coverage
but at the expense of spatial resolution (Figure 5.7). Hull-mounted multibeam sonars are used
to obtain water depths. These systems map a swath as the ship steams along a track. The
horizontal spacing of the depth points is proportional to the water depth so that in water
depths of 2000m or so the spacing is ~100m. The vertical resolution of these systems is
~ 10m. There are also side-scan sonar instruments that are towed near the sea surface (e.g.,
HMR1 in Figure 5.7). These systems provide side-scan sonar imagery and phase bathymetry,
but the phase bathymetry has a lower resolution (~50m vertical resolution) than the
multibeam sonar systems.

In addition to the near-surface instrument systems, deeply towed, high-resolution, side-
scan systems have also been developed (e.g., 120kHz in Figure 5.7). The 120-kHz system is
towed 100m or so above the seafloor. Similar to radar, sonar reveals textural information
about the seafloor: Flat regions with high sonar return (similar to radar backscatter) are
considered rough, and those with low sonar return are believed to be smooth or covered by
sediment. Because the sonar systems used in the oceans are side-looking, strong echo
amplitudes can also be the result of slopes that face the instrument. The deeply towed side-
scan systems also collect phase bathymetry, although this is just coming on line. As an
example, the resolution of the 120-kHz phase bathymetry is a few meters. Ship-based sonar
systems, such as SeaMARC and SeaBeam, are used primarily for bathymetric surveys, and
have absolute vertical resolution as high as 20 m. Sonar packages, such as GLORIA and AMS-
120, towed behind the ship a few tens of meters above the seafloor, have correspondingly
higher resolution at the cost of less areal coverage. These tow packages can resolve features as
little as 1 m across or less, depending on the precise altitude at which the package is towed.
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Figure 5.7. Image resolution acquired by various seafloor data collection techniques. From Bowen et
al. (1993).

Whilst it is possible to identify volcanic features such as eruptive fissures and in some
places lava flow margins using the high-resolution side-scan sonar systems, there is an
inherent uncertainty with sonar imagery: Without visual information, for example, it is often
not possible to distinguish unambiguously between such things as flow margins and talus.
Visible wavelength imagery, in the form of video and still-camera photographs from towed
packages and remotely operated vehicles, as well as direct observation from manned
submersibles, are the best ways to identify volcanic features and lava flow morphologies
and boundaries on the seafloor clearly.

Most of the studies in the oceans have been focused on plate boundaries: midocean
ridges (MORs; see Table 5.2), transform faults, back-arc basins, and trenches. MORs have
been given a lot of attention in the last 10 years since all of the oceanic crust is generated at
them (see Chapter 2), yet less than 1% of Earth’s MOR system has been mapped in detail
(Fornari and Embley, 1995). Nonetheless, through comparison of existing data, we can begin
to characterize the basic volcanic styles observed on the seafloor. In this chapter we
concentrate primarily on volcanic products formed at the fast-spreading East Pacific Rise
(EPR; see Table 5.2) and the slow-spreading Mid-Atlantic Ridge (MAR; see Table 5.2),
although in Section 5.2.2 we include some discussion about the distribution of off-axis
seamounts.

Environmental Conditions at and Near the Seafloor. As on the surface of Venus,
volcanism on the deep seafloor takes place under high pressures. A good “rule of thumb” for
the seafloor is that ambient pressure increases ~ 1 MPa for every 100m of depth. Earth’s

Table 5.2. Acronyms and Full Spreading Rates for Representative Midocean Ridges

Midocean ridge Acronym Relative spreading rate Absolute spreading rate
N. East Pacific Rise NEPR fast 9-13cma!

S. East Pacific Rise SEPR superfast 16-19cma™!
Juan de Fuca Ridge JFR intermediate 6-9cma!

Mid-Atlantic Ridge MAR slow 1-3cma™!
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MORs globally average about 2500m deep (e.g., Fornari and Embley, 1995) with a
corresponding ambient pressure of ~25MPa The ambient fluid in both environments
(primarily carbon dioxide on Venus and water on Earth) has a density at least one order of
magnitude greater than air at sea level (Seiff, 1983; Lide, 1990; see Chapter 9). At Earth’s
MORSs, like on the surface of Venus, the ambient fluid acts to cool the surface of lava flows
convectively (Figure 5.8), and convection is much more efficient than radiation or conduction
at cooling a lava flow surface (e.g., Head and Wilson, 1896; Aubele and Slyuta, 1990; Gregg
and Greeley, 1993). In stark contrast to Venus, the ambient temperature at MORs (away from
localized hydrothermal vents) is only ~2°C. However, results of numerical modeling (e.g.,
Griffiths and Fink, 1992; Gregg and Sakimoto, 1996) indicate that for a basaltic lava erupting
at ~1200°C, the temperature difference between 2 and 450°C is insignificant because the
glass transition temperature of basalt is ~730°C (Ryan and Sammis, 1981). Thus, both on the

Figure 5.8. Comparison of the heat flow rates for lava flows by natural convection and radiation on
Venus (highlands and lowlands) and on Earth (subaerial and seafloor). Heat flux as a function of
temperature for (A) natural convection, (B) radiative heat loss, and (C) combined natural convection
and radiant heat loss. Heat flux from a lava flow surface on Venus and on the seafloor are comparable
for lava surface temperatures above 700 K. The similarity is primarily the result of the efficient thermal
transfer of water and dense carbon dioxide. After Aubele and Slyuta (1990), Figure 15); Venus and
subaerial Earth data from Head and Wilson (1986); seafloor plot derived from numerical methods in
Head and Wilson (1986).
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surface of Venus and at Earth’s midocean ridges, volcanoes encounter high pressures and
dense, convecting ambient fluids.

Overview of Volcanic Styles. Given the high ambient pressures at MORs, explosive
eruptions are rare, and lava flow forms (including seamounts) are the most common volcanic
deposits, although there are rare exceptions. Volcanic “ash” has been retrieved from the EPR
near 9°N (Haymon ef al., 1993). Based on analyses of the geologic setting, Haymon ef al.
(1993) concluded that a lava flow completely engulfed an actively venting hydrothermal
chimney. The vent fluids accumulated within the lava flow, ultimately generating a small
explosion as they forced their way through the overriding lava. Hyaloclastites are more
common on the summits of seamounts, where water depth (<1700 m) and corresponding
pressures are less, allowing water to flash to steam on contact with molten basalt (Smith and
Batiza, 1989; Clague et al., 1990). It also appears that some hyaloclastites may be the result of
volatile-rich (probably CO,) lavas rising rapidly through the oceanic crust (e.g., Clague et al.,
1990).

Variations in volcanic morphology at MORSs are controlled by the relative dominance of
volcanism and tectonism. At the slow-spreading (~2.5 cm yr~! MAR, the axis is dominated
by a broad rift valley 30—40 km wide and 1-2 km deep. The inner floor of this median valley
is the primary site of crustal construction and in most places contains elongate axial volcanic
ridges up to several hundred meters high, several kilometers across, and many tens of
kilometers in length (Smith and Cann, 1993). These axial volcanic ridges are composed of
smaller individual volcanic features that pile on one another to form the large ridges. The fast-
spreading (~ 10 cm yr~' EPR, by contrast, is distinguished by an axial high a few kilometers
wide with only a few hundred meters of relief. The top of the rise may contain an axial trough,
<250 m wide, which has been interpreted as a volcanic collapse feature, formed over the zone
of primary eruptive fissuring and repeated intrusion (Fornari er al., 1998). Although on a
small scale (a few tens of meters) the volcanic morphology of the two ridges is similar, with
small domes and hummocks occurring at both, there are no large constructional edifices on
the axis of the EPR. Large edifices (>50 m in relief) only start to form a few kilometers from
the rise axis. The intermediate-spreading Juan de Fuca Ridge (JFR) shows characteristics of
both fast- and slow-spreading centers (Chadwick et al., 1998).

Finally, results from numerical modeling (Gregg et al., 1996) indicate that eruptions on
the EPR are frequent and rapid, occuring every 5-10 years and lasting only a few hours. In
contrast, eruptions on the MAR are most likely less frequent. Based on spreading rate and
assuming that dikes are ~ 1 m in width, a dike would be injected every 40-50 years at the
MAR. Whether such a dike is associated with a volcanic eruption or not is not known. Based
on the observed flow morphologies at the FAMOUS region of the MAR near 37°N, Ballard and
Moore (1978) suggest that eruptions occur every 1000 years or so there, and it appears that
the eruptions are longer-lived (Gregg and Fink, 1995).

5.2. INSIGHTS INTO VOLCANIC STYLE: INTRUSIONS, EFFUSIVE
ERUPTIONS, AND EXPLOSIVE EVENTS

The high pressures characteristic of both Earth’s seafloor and the surface of Venus affect
the behavior of volcanic systems relative to what would be expected subaerially on Earth or
on other bodies that lack a thick, dense atmosphere. Here we examine four distinct styles of
volcanic behavior, comparing observations of the seafloor with Venus and exploring the role
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played by the near-surface environmental conditions. We begin by examining whether neutral
buoyancy contributes significantly to shallow magma stalling, a process that appears to occur
frequently based on the abundant evidence that reservoir formation is common on both Venus
and the seafloor. Next, we compare the formation of small volcanic edifices, presumably
reservoir-derived features, focusing specifically on evidence of geomorphologic modifications
induced by the near-surface environment. Third, we consider textural and other observational
evidence that near-surface conditions play a critical role in the emplacement of large lava
flows. Finally, we conclude the section by discussing retardation of explosive volcanic
eruptions resulting from limited exsolution of magma volatiles and inhibition of particulate
dispersion. Taken together, examination of these four styles of volcanism underscores the
similarity between key volcanic styles observed on Venus and Earth’s seafloor, emphasizing
the physical significance of their high-pressure environments.

5.2.1. Neutral Buoyancy Stalling and Magma Reservoir Formation

The presence of shallow magma reservoirs at the EPR on Earth has been inferred from
numerous seismic studies (e.g., Sinton and Detrick, 1992) and more generally from study of
ophiolite exposures. At the EPR large sections of the axis are underlain by a more or less
continuous seismic reflector that is interpreted to be the top of a melt lens a few kilometers
wide and a few tens of meters thick. No equivalent seismic reflector has been imaged at the
MAR primarily because of the difficulties of conducting a seismic reflection study in such
rough terrain. At the EPR, therefore, melt generated at depth that ascends toward the seafloor
regularly stalls at shallow levels with the oceanic crust. Similarly, the presence of abundant
volcanic edifices, radiating dike swarms, calderas, and other Venusian surface features that are
likely to be reservoir-derived (Head et al., 1992; Crumpler et al., 1997) implies that magma
stalling and reservoir formation at shallow depth is also a common occurrence on Venus.
Since shallow reservoir formation appears to occur frequently within the basaltic crusts of
both Earth’s seafloor and Venus, it is important to investigate the physical mechanism(s)
governing magma stalling at shallow depth in these environments.

Seafloor. Termination of magma ascent through crustal material prior to eruption can be
induced by several factors, including: (1) gravitational forces resulting from density
differences between the rising magma and surrounding host rock (Ryan, 1987; Walker,
1989), (2) stress and/or rheologic variations as a function of depth within the crust (Rubin,
1990; Holliger and Levander, 1994), and (3) the presence of mechanically weak planes within
layered deposits (Wojcik and Knapp, 1990). While the relative importance of these factors is
not yet fully understood and may vary from site to site, the first two possibilities currently
seem to be the most plausible for the EPR. For instance, some seismic data appear to indicate
that the depth to the magma lens beneath the EPR varies as a function of spreading rate
(Purdy et al., 1992), suggesting that rheologic variations induced by hydrothermal circulation
may control the stalling depth (e.g., Phipps Morgan and Chen, 1993). Alternatively, it has
been argued that mafic magmas typically stall beneath the EPR within or near the depth range
where the density of the ascending magma is thought to match that of the surrounding host
rock (Ryan, 1993), i.e., where the magma becomes neutrally buoyant. Similar stalling
behavior is observed for magmas beneath many volcanoes (Rubin and Pollard, 1987;
Wilson et al., 1992) and within continental crust (Glazner and Ussler, 1988; Glazner and
Miller, 1997) elsewhere on Earth. If there is indeed a repeated coincidence between the depth
at which ascending magma stalls beneath the EPR and that at which it becomes neutrally
buoyant (thus achieving gravitational stability), this suggests that density-dependent forces
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play a role in facilitating the development of shallow mafic magma reservoirs beneath many
MOR spreading centers. Because of this, understanding the neutral buoyancy mechanism for
magma stalling and assessing its validity relative to other proposed mechanisms has served as
the focus of a great deal of research for more than a decade.

To assess the significance of the role played by neutral buoyancy in the process of
magma stalling, it is necessary to know both the density structure of the crust as a function of
depth and the density of the ascending magma (Ryan, 1994). The density structure of the in
situ oceanic crust is determined primarily through interpretation of seismic data (Christensen,
1982). The density of the crust as a function of depth is thus fairly well constrained, although
increasingly sophisticated seismic measurements will undoubtedly continue to refine our
understanding.

At present, our understanding of magma density is not as well constrained. The density
of an ascending basaltic magma varies as a function of time because of the evolving
interaction between fractional crystallization processes, which provide insight into the crystal-
free liquid phase density for varying water contents, and convective entrainment of olivine
crystals back into the liquid. Although the crystal-free liquid phase density evolution related
to fractional crystallization is well known from experimental data and theoretical models
(Ryan, 1994, and references therein), the amount of convective olivine crystal entrainment
that occurs is not as well understood. In the absence of convective entrainment, a typical
density for the ascending crystal-free magma as it nears the surface is expected to be
approximately 2.7 gcm™3 (Hooft and Detrick, 1993). Alternatively, if 20% of the magma is
occupied by entrained olivine crystals, the typical density will increase to slightly more than
2.8gcem™ (Ryan, 1994). This difference in densities is critically important to ongoing
evaluation of the neutral buoyancy mechanism. If a magma with very few olivine crystals
entrained is the norm, comparison with oceanic crustal density profiles indicates that the
depth at which the magma is expected to become neutrally buoyant is much shallower than
the depth at which MOR magma reservoirs actually form, suggesting that density-dependent
mechanisms may not control magma stalling beneath the ridges. On the other hand, if a few
tens of percent olivine crystal entrainment is the norm, there is a strong coincidence between
magma reservoir locations and the depth at which the magma will become neutrally buoyant,
suggesting that density-dependent mechanisms may govern the process of magma stalling
beneath MOR spreading centers. At present, because it seems reasonable to expect that some
degree of convective crystal entrainment occurs within ascending magma (Turner and
Campbell, 1986), there is reason to conclude that neutral buoyancy mechanisms could
contribute significantly to magma stalling and reservoir formation within oceanic crust, as has
been inferred for a diverse array of volcanic environments elsewhere on Earth. Nevertheless,
since our understanding of crystallization in magma bodies is continuing to evolve (e.g.,
Marsh, 1998), any conclusions about whether or not magma stalling occurs as a result of
neutral buoyancy forces beneath the EPR must be regarded as tentative until we improve our
insight into the amount of crystal entrainment that actually takes place.

Venus. Global examination of Magellan radar data reveals abundant geomorphologic
evidence from which the existence of shallow magma reservoirs on Venus can be inferred
(Head et al., 1992; Crumpler et al., 1997). Since neutral buoyancy may contribute
significantly to magma stalling in most major volcanic environments on Earth, research
efforts to date have focused on assessing whether this same mechanism could also govern
magma stalling at shallow depth within the Venusian crust.

The density structure of the shallow Venusian crust, inferred to be basaltic from surface
measurements, is not known. Since a mathematical description of pore space (vesicle)
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compaction as a function of depth can be used to explain the crustal density structure
observed in Hawaii and Iceland, a similar model for Venus (modified to take into account the
substantial variation in atmospheric pressure that occurs as a function of elevation) has been
proposed (Head and Wilson, 1992). This model, which considers a range of volatile contents
(CO, < 0.7wt%; H,0 < 1.0wt%), systematically compares variations in magma density
during ascent with variations in host rock density related to pore compaction. This allows one
to estimate the depth at which (or if) the magma reaches a state of neutral buoyancy. Based on
their calculations, Head and Wilson (1992) propose that, for a given volatile content, (1)
formation of magma reservoirs at low elevations (planetary radii<6051km) is strongly
inhibited by the high atmospheric pressure, (2) at intermediate elevations (6051-6053 km)
and above, decreasing atmospheric pressure promotes reservoir formation as a result of
magma neutral buoyancy, and (3) as elevation increases, the depth to the level of neutral
buoyancy increases, which gradually promotes formation of larger reservoirs, correspond-
ingly greater eruption volumes (Blake, 1981), and lateral intrusion over surface eruption
(Parfitt et al., 1993). If these predictions are correct, a few reservoir-derived volcanic features
should exist at low elevations, there should be a general increase in the size of volcanic
edifices with elevation (primarily at intermediate altitudes), and a gradual transition from
extrusion- to intrusion-dominated, reservoir-derived volcanism should be observed from
intermediate to upper (>6053 km) elevations.

To test the Head and Wilson (1992) model, studies to date have focused on evaluating
how specific sets of volcanic features (e.g., large volcanoes) are distributed as a function of
altitude, and if these distributions individually and collectively are consistent with the neutral
buoyancy model predictions. If there are no altitude-dependent effects caused by variations in
atmospheric pressure (or other factors), and any given set of features is simply distributed
randomly as a function of available surface area at a particular altitude (smooth curve in
Figure 5.9), then 12% of the set should lie below a planetary radius of 6051 km, 79% should
fall at intermediate elevations of 6051-6053 km, and the remaining 9% should be located at
elevations greater than 6053 km.

The observed distributions of intermediate volcanoes (Ristau et al, 1998), large
volcanoes (Keddie and Head, 1994), and giant radiating dike swarms (Grosfils and Head,
1995) as a function of altitude are shown in Figure 5.9. Several important aspects of these
data agree with the predictions of the Head and Wilson (1992) model. There is a clear
gradation from intermediate volcanoes to large volcanoes to radiating dike swarms with
increasing altitude, consistent with predictions that volcanic edifices should increase in size
with altitude and that there should be a transition from extrusion- to intrusion-dominated
volcanism at higher elevations. In addition, chi-square analyses of each of the three sets of
features reveal that in each case there is more than a 99% chance that the observed
distribution does not coincide with one that is random as a function of the area present at
each elevation. Finally, there is an almost total absence of large volcanoes and radiating dike
swarms at low altitudes (<6051 km). While approximately 30 intermediate volcanoes form
below altitudes of 6051 km, the bulk of these do so at the very upper end of the range (i.e.,
only 7 of 274 intermediate volcanoes form below 6050.75 km), consistent with the idea that
higher than usual magma volatile contents may permit formation of a limited number of
small, very shallow reservoirs at the planet’s lowest elevations. Taken together, these
observations provide compelling evidence that neutral buoyancy may have played an
important role in magma stalling and reservoir formation on Venus.

While the evidence collected to date is consistent with available model predictions,
further testing of the neutral buoyancy hypothesis is highly desirable. For example, future
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Figure 5.9. (A) Graph of the observed distribution of 274 intermediate volcanoes as a function of
altitude (adapted in part from Ristau ef al., 1998), with the bin containing the median altitude for the
population indicated by darker shading. Expected intermediate volcano population if distributed
uniformly by surface area is shown by the solid line. (B) Graph of the observed distribution of 123
large volcanoes as a function of altitude (adapted from Keddie and Head, 1994) (C) Graph of the
observed distribution of giant radiating dike swarms as a function of altitude (adapted from Grosfils
and Head, 1995).

studies should attempt to assess the possibility of bias in the elevation measurements related
to the enhanced concentration of volcanic features in the anomalous Beta—Atla-Themis zone
(Crumpler et al., 1993), and whether the distribution of additional reservoir-derived volcanic
features (e.g., large calderas) are also consistent with the neutral buoyancy model predictions.

5.2.2. Small Volcanic Constructs

Venus. Small hills (less than 20 km in diameter) on the surface of Venus were originally
identified in Earth-based radar images (e.g., Campbell er al., 1989). They were first
interpreted to be “volcanic” in studies based on Venera 15/16 images (Aubele and Slyuta,
1990; Garvin and Williams, 1990). These features were originally called domes in order to
follow the established lunar nomenclature (Barsukov ef al., 1986), a term that is not to be
confused with the volcanologic connotation of a steep mass of generally viscous lava (see
Chapter 2). These small volcanoes were first studied in detail using Venera 15/16 synthetic
aperature data (Aubele and Slyuta, 1990) and interpreted to be dominantly effusive shield
volcanoes. Subsequent studies based on Magellan data (Guest er al., 1992; Head et al., 1992;
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Crumpler et al., 1997) confirm the initial interpretation. Estimates of the total number of small
volcanoes on Venus range from the hundreds of thousands to millions, and these edifices
preferentially occur in large numbers on the lowland to intermediate elevation plains.

Small volcanoes on Venus are commonly shield-shaped, with a modal diameter of 4 km,
variable flank slopes generally much less than 10° and a summit pit (volcanic crater) ranging
in diameter from a few hundred meters to 1 or 2km. However, a range of morphologic
diversity does occur in the small volcanoes. In addition to shield-shaped, observed morphol-
ogies include conical and domical edifices, edifices produced by radially patterned lava flows,
steep-sided domical edifices, flat-topped edifices, edifices with large summit craters, and
scalloped or fluted edifices.

Although the small volcanoes of Venus are extremely numerous and widely distributed
throughout the planet’s plains, they are not randomly distributed. Enhance or clustered
concentrations of small volcanoes are one of the most common volcanic features on Venus.
Some clusters show a predominance of a specific morphologic type, but in most cases clusters
exhibit a range of sizes and morphologies. The edifices within clusters generally show a lack
of obvious alignment. Planetwide, there are two types of small volcano concentrations. The
first type consists of equant clusters of hundreds of volcanoes in areas approximately 150 km
in diameter, often with associated lava flows or larger volcanic edifices. These clusters of
small volcanoes have been called dome fields or shield fields (Senske et al., 1991; Aubele and
Crumpler, 1992; Head et al., 1992) following the terrestrial volcanologic usage of the term
volcanic field (any prominent cluster of volcanic vents). These clusters may represent a
distinct type of volcanic center resulting from a specific style and rate of magma reservoir
volcanism (Crumpler et al., 1997). The second type of concentration of small volcanoes
consists of widely distributed regions of small volcanoes in association with a specific plains
unit or units. This type has been informally called shield plains and may represent one or
more anomalous periods of enhanced formation of small volcanoes as a result of thinner
lithosphere, higher heat flow, or widespread mantle melting (Aubele, 1996).

Seamounts. The high-pressure ambient environments on Venus and on the deep seafloor
have encouraged many workers to search for analogues to Venusian volcanic constructs on
Earth’s seafloor (Aubele and Slyuta, 1990; Sakimoto, 1994; Bridges, 1995; Smith, 1996).
Like the surface of Venus, however, investigating the seafloor is technologically challenging.
The problems of identification and interpretation of volcanic edifices on Venus and on the
seafloor are comparable. On Venus, information on morphology is more easily extracted from
synthetic aperture radar, but altimetry data are not available for small features. On the
seafloor, however, most seamounts are identified and classified using bathymetry data that are
readily available. There are minimal high-resolution side-scan sonar data sets (such as TOBI)
that reveal some textural information, and visual data (collected via manned submersible,
remotely operated vehicles, or deep tow cameras) are limited to a handful of seamounts.

From studies of seamounts several basic observations can be made. Recently, Smith
(1996) compiled shape statistics for 2014 seamounts from the Pacific and Atlantic oceans.
Analyses of these and similar data (Searle, 1983; Smith, 1988; Smith and Cann, 1992; Bemis
and Smith, 1993; Magde and Smith, 1995; Sheirer and Macdonald, 1995) reveal that most
seamounts can be adequately approximated by a flat-topped cone. The height-to-basal
diameter is defined as x4. Small volcanoes on Venus exhibit sizes and aspect ratios that are
similar to those of seamounts (Aubele and Slyuta, 1990; Smith, 1996). For example, the
heights and diameters of three selected small volcanoes on Venus, for which radarclinometry
is available (Guest er al., 1992), yield x4 values of 0.10, 0.11, and 0.13—the same as those
obtained for seamounts.
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The morphologies recognized for the small volcanoes are also very similar to those
described from sonar images of seamounts (Smith and Jordan, 1988; Aubele and Slyuta,
1990; Smith and Cann, 1992; Bemis and Smith, 1993; Bridges and Fink, 1994; Sakimoto,
1994; Bridges, 1995; Smith et al., 1995; Smith, 1996). Venusian volcanoes described as “flat-
topped” (Guest et al., 1992; Aubele, 1993; Crumpler et al., 1997) or “fluted, scalloped
margin and modified domes” (Guest et al., 1991; Bulmer er al., 1992, 1993; Head et al.,
1992; Bulmer and Guest, 1996; Crumpler et al., 1997) are distinctively common morphol-
ogies in seamounts (Simkin and Batiza, 1984). In particular, flat-topped seamounts imaged
near Hawaii (U.S. Exclusive Economic Zone mapping project) and near the northern EPR
(Scheirer and Macdonald, 1995) have shapes that are identical to the broad, circular, flat-
topped “pancake” domes of Venus (Sakimoto, 1994; Bridges, 1995).

Seamount morphology and planform shape appear to vary with size of the construct and
are dependent on (1) the size and shape of the conduit, (2) the presence or absence of a
summit caldera, and (3) the presence of faults, fractures, or rifts (Fornari et al., 1987). Smith
and others (Smith and Jordan, 1988; Smith and Cann, 1992; Bemis and Smith, 1993; Smith et
al., 1995; Smith, 1996) have investigated the morphologic characteristics of seamounts in a
range of plate-tectonic settings, using primarily SeaBeam bathymetric data, to determine how
the effects of spreading rate, crustal thickness, and magma supply combine to generate
observed seamount size-frequency distributions. By comparing these results with observa-
tions of Venusian shield fields, future studies may be able to constrain the mode of formation
for the Venusian constructs.

The size distribution of both seamounts and small Venusian volcanoes is exponential.
Aubele and Slyuta (1990) found that the diameter distribution of small volcanoes identified
from Venera data is well described by an exponential size-frequency model. Their abundances
and characteristic diameters (estimated from a maximum likelihood fit of a model curve to the
data) fall within those estimated for the Pacific seamounts (Smith, 1996).

Seamounts are not randomly distributed (Bemis and Smith, 1939). In addition to varying
geographically within and between oceans, they cluster in groups and form linear chains.
Furthermore, seamounts originate both on and near MORs as well as in the middle of the
tectonic plates, and small-sized seamounts greatly outnumber large seamounts (e.g., Smith
and Jordan, 1988). Near the fast-spreading northern EPR on crust less than 2 Ma, Scheirer
and Macdonald (1995) concluded that most seamounts larger than 200m in relief are
associated with chains that are oriented between the relative and absolute plate motions.
No seamounts form directly at the ridge. Instead they appear to form primarily within a region
5-15km (0.1-0.3 Ma) from the axis, and seamount abundances seem to be correlated with the
shape of the rise axis. Larger numbers of seamounts are found near the areas of the axis that
are shallowest and broadest, presumably indicating a robust magma supply. By contrast, at the
MAR seamounts are formed within the median valley floor and transported off-axis. A study
of seamounts on the northern MAR on crust 0-28 Ma (Jaroslow et al., 2000) indicates little or
no off-axis volcanism in their study area (27-29°N).

Although most seamounts observed in the oceans were built near or on the MORSs, it is
clear that, in the Pacific Ocean at least, seamounts are added to the crust as a natural part of its
evolution (Batiza, 1982; Smith and Jordan, 1988). Seamount building is also associated with
“anomalous” regions of the ocean basins affected by large hot spots such as Hawaii, the
Canaries, and the Superswell region of the South Pacific (McNutt and Fischer, 1987). Bemis
and Smith (1993) investigated seamount distribution in three arbitrarily defined regions of the
southern Pacific. Region I is north of the Marquesas fracture zone on crust ~24-80 Ma old.
Region II is part of the Superswell region (McNutt and Fischer, 1987), an anomolously
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shallow area of seafloor, which may be indicative of underlying mantle that is hotter than
normal—perhaps similar to regions of coronae or shield fields on Venus (e.g., Head ef al.,
1992; Crumpler et al., 1997). Region III is south of the Marquesas fracture zone, adjacent to
the EPR on crust 0-18 Ma old. They found that the density of seamounts in both the
Superswell area (Region II) and the region adjacent to the EPR (Region III) is higher than
expected in other areas of the Pacific.

Seamounts are extremely numerous on the seafloor and their large numbers suggest that,
like the equally abundant small volcanoes of Venus, they play a significant role in the
construction and evolution of oceanic crust. For both seamounts and the small volcanoes of
Venus, however, the relationship between the volcanic edifices and the plains on which they
occur is not yet completely understood.

5.2.3. Lava Flow Emplacement

Lava Plains and Large Flow Fields. While there are many volcanic features in common
for Venus and the terrestrial seafloor, perhaps the most similarities are found between the
seafloor and the Venusian plains. Immediately apparent is the extent: Both the Venusian
plains and the terrestrial seafloor are the result of the predominate form of volcanism on their
respective planets, and encompass some of the youngest surfaces. Additionally, in both
regimes the individual flow margins are difficult or impossible to pick out, source vents are
not apparent, and individual flow surfaces are relatively smooth. Figure 5.10 shows examples
of the five types of surface textures on the seafloor flows (see Fink and Griffiths, 1992, and
Griffiths and Fink, 1992), which Gregg and Fink (1996) relate to effusion rates. All of these

Figure 5.10. Examples of submarine lava flow surface textures from the Juan de Fuca Ridge axial
volcano. Field of view is about 4 m across for all but the folded flow, which is ~2 m across. (Courtesy
of R. W. Embley.)
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flow types are relatively smooth compared with subaerial flows. Griffiths and Fink (1992) and
others have shown that this may be related to early and rapid crust growth enhanced by the
convective thermal losses to the seawater. This rapid crust growth (relative to that of subaerial
flows) may then be followed by relatively quiet lava emplacement and slower cooling under
an insulating crust (Gregg and Fornari, 1998). The rapid chilling in the submarine environ-
ment is thought to allow less small-scale surface roughness, and might also suppress some
flow-to-flow differences in small-scale surface texture. The thick atmosphere of Venus may
have a similar effect on the cooling of Venusian flows (Figure 5.8) (e.g., Griffiths and Fink,
1992; Gregg and Greeley, 1993). On Venus, the immediate convective thermal losses and
crust formation should be about midway between the terrestrial subaerial and terrestrial
submarine rates. The cooling then is likely to be rate-limited by the conductive losses through
the crusts, and therefore by the temperature gradient between the flow and the ambient
temperature. Since the ambient temperatures on Venus are significantly higher (see Section
5.1.1) than those of the seafloor, the resulting conductive losses through the crust will be
slower. Well-insulated, slow-moving Venusian flows should thus cool less per unit distance
traveled than terrestrial subaerial or seafloor flows with similar amounts of crust.

In addition to the volcanic plains, Venus has numerous very large flow fields where the
flow margins are more apparent, and source and distribution (channel) regions can be inferred
or identified (e.g.. Crumpler ez al., 1997). Mapping of Venusian flow fields such as those
shown in Figure 5.11 (e.g., Roberts et al., 1992; Zimbelman, 1998) has led to recognition of
flow unit margins that are tens to hundreds of kilometers long—much longer than the
terrestrial average for individual basalt flows, but similar to the lengths seen in terrestrial flood
basalt fields (e.g., Cashman et al., 1998; Reidel, 1998). Although the margins of individual

Figure 5.11. Image from Magellan FMIDR 10N188. This image, near the eastern flank of Sapas
Mons volcano, shows radar-bright and radar-dark lava flows tens to hundreds of kilometers long, a
lava-filled impact crater 20 km in diameter and a portion of the underlying lava plains.
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Venusian plains flows may be difficult to identify, the flow fields have more apparent margins
and, if this is not simply an artifact of missing flow margins and lumping individual flows into
one unit, the Venusian eruptions must be volumetrically much larger than most terrestrial
(nonflood) basaltic eruptions. Either they were emplaced very quickly to travel the longer
distances before cooling (e.g., Walker, 1973) or, more likely, if crust formation was enhanced
as thought, they were emplaced in processes that involved more thermal insulation from the
environment than typical terrestrial subaerial flows. For example, they might be emplaced in
partially roofed channels, tube flows, or by the slow emplacement and inflation of roofed
sheets.

Additional arguments for slower flow emplacement can be made from the roughness of
the Venusian and seafloor flows. The radar backscatter values for Venusian flows suggest that,
at approximately the wavelength of the Magellan radar (12.5 cm), the volcanic plains flows
are considerably smoother on average than subaerial flows on Earth. Most Venusian flows
have radar backscatter properties that suggest they are nearly all as smooth or smoother than
pahoehoe flows (see Section 2.4.1) in Hawaii (e.g., Campbell and Campbell, 1992) at this
wavelength. In Hawaii, as on the seafloor, the smoother, often inflated sheet lavas are usually
emplaced more slowly and at lower effusion rates than the rougher channelized and/or a’a
lavas (Rowland and Walker, 1990; Self et al., 1996). Extending this rough correlation
suggests that some Venusian flow may have been subject to inflation and slow emplacement.

Channels and Valleys. The plains and flow fields of Venus are widely distributed with
more than 200 volcanic channels and valleys. Some can be related to specific flows and
source regions, like those in Mylitta Fluctus (Roberts et al., 1992), but many have indistinct
sources and ends. They range from a few to thousands of kilometers long (Baker et al., 1992,
1997; Komatsu et al., 1993), and many (e.g., the canali type) are exceptional for their
remarkably constant width over hundreds of kilometers. Their morphology is well summar-
ized in Baker et al. (1997), and ranges from simple meandering channels to complex channel
networks with cutoff bends, distributary deltas, and tributary networks (see Figure 5.12).

Several authors have suggested that the channels may be the result of highly fluid lavas at
sustained high discharges (e.g., Baker et al., 1992, 1997; Bussey et al., 1995), with some
suggesting thermal erosion and exotic or evolved lava types (Baker et al., 1992, 1997
Komatsu ef al., 1993; see Chapter 8). Alternatively, the calculations of Gregg and Greeley
(1993) and Gregg and Sakimoto (1996) suggest that the channels ought to crust over rapidly
from the atmospheric convective cooling, and then proceed in a fashion analogous to
terrestrial tube flow, where they could continue for several thousand kilometers at a leisurely
pace without cooling enough to halt (Gregg and Sakimoto, 1996). While the thermal
arguments for this are similar to those made for tube flows (Keszthelyi, 1995a,b; Sakimoto
and Baloga, 1995; Sakimoto and Zuber, 1998), and allow compositions and flow rates similar
to those in long basaltic terrestrial flows, the problem of either supporting the width of the
canali roofs (for a single tube), or maintaining the relatively constant channel width (for tube
networks) remains to be explained. The generally low regional slopes of the Venusian plains
where some of the longer canali are found are conducive to slow, gravity-driven flow, as is
common in many terrestrial long lava flows (Atkinson et al., 1975; Stephenson and Griffin,
1976). The high discharge rates suggested may be difficult to confine in a channel, and it
would be difficult to maintain sufficient driving force to overcome resistive losses over long
flow lengths if the flow rate is driven by the effusion rate and hydrostatic head at the flow
source (Sakimoto et al., 1997).

Thus far, there is little evidence for channelized flow on the terrestrial seafloor, although
there is growing evidence for large flow extents (e.g., Davis, 1982), and Gregg and Fornari
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Figure 5.12. Image from Magellan FMIDR F45N019. This image from south of Ishtar Terra
illustrates both the lava plains (upper left) and a portion of a complex lava channel (upper right to
lower left).

(1998) argue that the rapid formation of flow crust should favor the development of insulated
flow like that in tubes or crusted sheets. In addition, Smith and Cann (1999) argue that tubes
are important for transporting lava at the MAR from the summit of the axial volcanic ridges
down the flanks. These recent studies may indicate that undiscovered canali-like features lie
unseen on the seafloor.

Transitional or Enigmatic Flow Types. Figure 5.13 shows a flow field that, though
unusual, is one of a handful of radar-bright flows that are thicker than most Venusian surface
flows and appear to have been emplaced on top of the plains. Moore et al. (1992) suggest that
this flow field (among other features) might be evidence for more viscous and thus more
silicic volcanism than that of the plains. Gregg and Fink (1996), on the other hand, suggest
that little or no extra silica is required to form the feature if it is considered to be a folded-type
flow similar to those found on the seafloor. We have little synoptic data for seafloor volcanism
thus far, so this Venusian—seafloor comparison is not yet well constrained. These and other
enigmatic Venusian flows may thus lack readily identifiable counterparts in the solar system
for a while longer.

5.2.4. Explosive Volcanism

As on the deep seafloor, the high ambient pressures at the surface of Venus hinder the
generation of pyroclastic deposits. Even so, a handful of possible pyroclastic deposits have
been identified on Venus (Head et al., 1991; Guest ef al., 1992; Moore et al., 1992; Wenrich
and Greeley, 1992; Campbell et al., 1998). It is important to note, however, the inherent
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Figure 5.13. Magellan image of radar-bright flows from FMIDR 37S164. Image is approximately
400 km by 400 km.

difficulty in unequivocally identifying pyroclastic deposits using radar in an anhydrous
environment (Campbell and Shepard, 1997). Perhaps not surprisingly, therefore, most work to
date has not focused on locating pyroclastic deposits on Venus, but on the use of analytical
and numerical models to determine the conditions under which an explosive eruption might
occur (Head and Wilson, 1986; Fagents and Wilson, 1995; Campbell et al., 1998).

In these models, it is generally assumed that CO, is the primary volatile component in
Venusian magmatic systems; interestingly, CO, is also the dominant volatile in MOR basalts
(e.g., Tormey et al., 1987; Perfit et al., 1994). While the details of each model differ, all
conclude that ~1.5-5.0 wt% CO, is required to cause sufficient magmatic disruption to allow
an explosive eruption on Venus because of the high ambient pressures. These volatile contents
are quite high for terrestrial basalts, as even*“volatile-rich MOR basalts contain < 1.5 wt%
CO, (Tormey et al., 1987). Additionally, gas-rich MOR basalts still contain <10vol%
vesicles (T. K. P. Gregg, unpublished data) because the high ambient pressure inhibits volatile
exsolution. At the summits of seamounts (<1700 m depth), vesicle contents as high as
20 vol% have been reported (Batiza and Vanko, 1984). Even if sufficient amounts of CO,
were available to generate an explosive eruption on Venus, the high surface temperature
coupled with the relatively high density of CO, (as compared with H,O strongly suggests that
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a Plinian eruption column could not be sustained (Fagents and Wilson, 1995; Campbell er al.,
1998). These model results led Campbell et al. (1998) to propose that pyroclastic flows,
generated via collapse of an eruption column, may be the preferred method for depositing
pyroclastic materials on Venus (as opposed to Plinian airfall deposits). On Earth, large
pyroclastic flow deposits (ignimbrites) can be difficult to identify because they have subtle
topographic expression and commonly bury their source vent (see Chapter 2), and there is no
a priori reason to suspect that pyroclastic flows would be any easier to identify on Venus.
Thus, while there is not overwhelming evidence for the generation and existence of explosive
volcanism on Venus because of its high surface pressures and temperatures, the presence of
Venusian pyroclasts should not be summarily dismissed.

5.3. CONCLUSION

Examination of intrusive, effusive, and explosive volcanic processes occurring near the
surface of both Earth’s seafloor and Venus indicates the importance of the unusual
environmental condition they have in common: a high surface pressure related to the presence
of a dense, overlying fluid capable of rapid convection. While differences in size can occur,
there are otherwise strong similarities between the morphologies, textures, spatial distribu-
tions, and emplacement mechanisms that characterize analogous sets of volcanic features
occurring on each planet. Excitingly, our understanding of the volcanic processes that dictate
these similarities has taken tremendous strides forward in the past decade. Of equal
importance, however, is the knowledge that similar types of problems currently define the
extent to which we understand the formation of volcanic features found in both locations. For
instance, while it is reasonable to infer from existing data that neutral buoyancy may have
played an important role in magma stalling and the development of shallow reservoirs,
limitations in our understanding of magma density evolution during ascent as well as the
shallow crustal density structure (particularly on Venus) currently restrict our ability to
evaluate the importance of this process relative to other potential mechanisms. Similarly,
while emplacement of pyroclastic materials may be possible in both environments, in order to
search for evidence of these types of explosive events it is first necessary to improve our
ability to identify the associated deposits remotely. During the decades ahead, which clearly
present many challenges, it seems equally clear that sustaining our comparative study of
Venus and the seafloor is likely to enhance our understanding of how high surface pressures
affect volcanic processes, which by extension will continue to advance significantly our
understanding of volcanism within the solar system.

5.4. REFERENCES

Atkinson, A., T. J. Griffin, and P. J. Stephenson, A major lava tube system from Undara Volcano, North Queensland,
Bull. Volcanol., 39, 266-293, 1975.

Aubele, J. C., Venus small volcano classification and description. Lunar Planet. Sci., XXIV, 4748, 1993.

Aubele, J. C., Akkruva small shield plains: Definition of a significant regional plains unit on Venus. Lunar Planet,
Sci., XXVII, 49-50, 1996.

Aubele, J. C., and L. S. Crumpler, Shield fields: Concentrations of small volcanoes on Venus, LPI Contrib., 789, 7-8,
1992.



138 Grosfils, E. B., et al.

Aubele, J. C., and E. N. Slyuta, Small domes on Venus: Characteristics and origin, Earth Moon Planets, 50/51, 493~
532, 1990.

Baker, V. R, G. Komatsu, T. J. Parker, V. C. Gulick, J. S. Kargel. and J. S. Lewis, Channels and valleys on Venus:
Preliminary analysis of Magellan data, J Geophys. Res. 97 (E8), 13421-13444, 1992.

Baker, V. R., G. Komatsu, V. Gulick, and T. J. Parker, Channels and valleys, in Venus /. edited by Bougher et al., pp.
757-793, University of Arizona Press, Tucson, 1997.

Ballard, R. D, and J. G. Moore, Photographic Atlas of the Mid-Atlantic Ridge Rift Valley. Springer-Verlag, Berlin,
1978.

Banerdt, W. B., G. E. McGill, and M. T. Zuber, Plains tectonics on Venus. in Venus [I, edited by Bougher et al., pp.
901-968, University of Arizona Press, Tucson, 1997.

Barsukov, V. L., A. T. Basilevsky, G. A. Burba, N. N. Bobinna, V. P. Kryuchkov, R. Q. Kuzmin, O. V. Nikolaeva, A.
A. Pronin, L. B. Ronca, I. M. Chernaya, V. P. Shashkina, A. V. Garanin, E. R. Kushky, M. S. Markov, A. L.
Sukhanov, V. A. Kotelniokov, O. N. Rziga, G. M. Petrov. Y. N. Alexandrov. A. 1. Sidorenko, A. F. Bogomolov, G.
I. Skrypnik, M. Y. Bergman, L. V. Kudrin, . M. Bokshtein. M. A. Kronrod, P A. Chochia, Y. S. Tyuflin, S. A.
Kadnichansky, and E. Akim, L., The geology and geomorphology of the Venus surface as revealed by the radar
images obtained by Veneras 15 and 16, Proc. Lunar Planet. Sci. Conf., XVI, J Geophys. Res., 91, D378-D398,
1986.

Batiza, R., Abundance, distribution and sizes of volcanoes in the Pacific Ocean and implications for the origin of non-
hotspot volcanoes, Earth Planet. Sci. Lett., 60, 196-206, 1982.

Batiza, R., and D. Vanko, Petrology of young Pacific seamounts. J. Geophys. Res., 89, 11235-11260, 1984.

Bemis, K. G, and D. K. Smith, Production of small volcanoes in the Superswell region of the South Pacific, Earth
Planet. Sci., Lett., 118, 251-262, 1993.

Bindschadler, D. L., and E. M. Parmentier, Mantle flow tectonics: The influence of a ductile lower crust and
implications for the formation of topographic uplands on Venus, J. Geophys. Res., 95, 21329-21344, 1990.

Blake S., Volcanism and dynamics of open magma chambers, Nature, 289, 783-785, 1981.

Bowen, A., D. Fornari, J. Howland, and B. Walden, The Woods Hole Oceanographic Institution's remotely-operated
and towed vehicle facilities for deep ocean research, Version 1.0, 26 pp., Woods Hole Oceanographic Institute,
Woods Hole, MA, 1993.

Bridges, N. T., Submarine analogs to Venusian pancake domes, Geophys. Res. Lett., 22, 2781-2784, 1995.

Bridges, N. T, and J. H. Fink, Aspect ratios of lava domes on Earth, Moon, and Venus, Lunar Planet. Sci., XXVIII,
159-160, 1994.

Bulmer, M. H., and J. E. Guest, Modified volcanic domes and associated debris aprons on Venus, in Volcano
Instability on the Earth and Other Planets, Geol. Soc. London Spec. Publ. No. 110. edited by McGuire et al., pp.
349-372, The Geological Society. Bath, UK, 1996.

Bulmer, M. H,, K. Beratan, G. Michaels, and S. Saunders, Debris avalanches and slumps on the margins of volcanic
domes on Venus: Characteristics of deposits, LPI Contrib., 789. 14-15, 1992.

Bulmer, M. H., G. Michaels, and S. Saunders, Scalloped margin domes: What are the processes responsible and how
do they operate? Lunar Planet. Sci., XXIV. 177-178, 1993.

Bussey, D. B. J,, S. A. Sorensen, and J. E. Guest, Factors influencing the capability of lava to erode its substrate:
Application to Venus, J Geophys. Res., 100 (E8), 16941-16948, 1995.

Campbell, B. A,, and D. B. Campbell, Analysis of volcanic surface morphology on Venus with comparison of
Arecibo, Magellan, and terrestrial airborne radar data, J. Geophys. Res., 97, 16293-16314, 1992.

Campbell, B. A., and M. K. Shepard, Effect of Venus surface illumination on photographic image texture, Geophys.
Res. Lett, 24, 731-734, 1997.

Campbell, B. A, L. Glaze, and P. G. Rogers, Pyroclastic deposits on Venus: Remote-sensing evidence and modes of
formation, Abstract #1810 (CD-ROM), Lunar Planet. Sci., XXIX, 1998.

Campbell, D. B, R. B. Dyce, and G. H. Pettengill, New radar image of Venus, Science, 193, 1123-1124,
1976.

Campbell, D. B., J. W. Head. A. A. Hine, J. K. Harmon, D. A. Senske, and P. C. Fisher. Styles of volcanism on Venus:
New Arecibo high resolution radar data, Science, 246. 373-377, 1989.

Campbell, D. B, D. A. Senske, J. W. Head, A. A. Hine. and P. C. Fisher. Venus southern hemisphere: Character and
age of terrains in the Themis—Alpha—Lada region. Science, 251. 180-183. 1991.

Cashman, K., H. Pinkerton, and J. Stephenson, Introduction to special section: Long lava flows, J. Geophys. Res., 103
(B11), 27281-27289, 1998.

Chadwick, W. W,, Jr., and M. R. Perfit, Magmatism at mid-ocean ridges: Constraints from volcanological and
geochemical investigations, in Faulting and Magmatism at Mid-Ocean Ridges, edited by W. R. Buck, P. T.
Delaney, J. A. Karson, and Y. Lagabrielle, Geophys. Monogr. 106, pp. 59-116, American Geophysical Union,
Washington, DC, 1998.



Volcanism on Earth’s Seafloor and Venus 139

Christensen, N. I, Seismic velocities, in Handbook of Physical Properties of Rocks, Volume II, edited by R. S.
Carmichael, pp. 1-228, CRC Press, Boca Raton, FL, 1982.

Clague, D. A., R. T. Holcomb, J. M. Sinton, R. S. Detrick, and M. E. Torresan, Pliocene and Pleistocene alkalic flood
basalts on the seafloor north of the Hawaiian islands, Earth Planet. Sci. Lett., 98, 175-191, 1990.

Crumpler, L. S., J. W. Head, and J. C. Aubele, Relation of major volcanic center concentration on Venus to global
tectonic patterns, Science, 261, 591-598, 1993.

Crumpler, L. S., I. C. Aubele, D. A. Senske, S. W. Keddie, K. Magee, and J. W. Head, Volcanoes and centers of
volcanism on Venus, in Venus 11, edited by Bougher et al., pp. 697756, University of Arizona Press, Tucson,
1997.

Davis, E. E., Evidence for extensive basalt flow on the sea floor, Geol. Soc. Am. Bull.,, 93, 1023-1029, 1982.

Emst, R. E., J. W. Head, E. Parfitt, E. B. Grosfils, and L. Wilson, Giant radiating dyke swarms on Earth and Venus,
Earth Sci. Rev,, 39, 1-58, 1995.

Fagents, S. A., and L. Wilson, Explosive volcanism on Venus: Transient volcanic explosions as a mechanism for
localized pyroclast dispersal, J Geophys. Res., 100, 26327-26338, 1995.

Fink, J. H., and R. W. Griffiths, A laboratory analog study of the surface morphology of lava flows extruded from
point and line sources, J. Volcanol. Geotherm. Res., 54, 19-32, 1992.

Ford, P. G., and G. H. Pettengill, Venus topography and kilometer-scale slopes, J Geophys. Res., 97, 13103-13114,
1992.

Fornari, D. J.,, and R. W. Embley, Tectonic and volcanic controls on hydrothermal processes at the mid-ocean ridge:
An overview based on near-bottom and submersible studies, in Seafloor Hydrothermal Systems: Physical,
Chemical, Biological, and Geological Interactions, Geophys. Monogr,, 91, 1-46, American Geophysical Union,
Washington, DC, 1995.

Fornari, D. J., R. M. Haymon, M. R. Perfit, T. K. P. Gregg and M. H. Edwards, 1998, Axial summit trough of the East
Pacific Rise (9°N to 10°N): Geological characteristics and evolution of the axial zone on fast-spreading mid-
ocean ridges, J Geophys. Res., 103:9827-9855.

Fomnari, D. J., R. Batiza, and M. A. Luckman, Seamount abundances and distribution near the East Pacific Rise 0°—
24°N based on SeaBeam data, in Seamounts, Islands, and Atolls, Geophys. Monogr, 43, 13-21, American
Geophysical Union, Washington, DC, 1987.

Garvin, J. B., and R. S. Williams, Small domes on Venus: Probable analogs of Icelandic lava shields, Geophys. Res.
Lertt., 17, 1381-1384, 1990.

Glazner, A. F, and D. M. Miller, Late-stage sinking of plutons, Geology, 25, 1099-1102, 1997.

Glazner, A. F., and W. Ussler, Trapping of magma at midcrustal density discontinuities, Geophys. Res. Lett., 15, 673~
675, 1988.

Goldstein, R. M., R. R. Green, and H. C. Rumsey, Venus radar brightness and altitude images, Icarus, 36, 334-352,
1978.

Gregg, T. K. P, and J. H. Fink, Quantification of submarine lava-flow morphology through analog experiments,
Geology, 23, 73-76, 1995.

Gregg, T. K. P. and J. H. Fink, Quantification of extraterrestrial lava flow effusion rates through laboratory
simulations, J. Geophys. Res., 101 (ET), 16891-16900, 1996.

Gregg, T. K. P, and D. J. Fornari, Long submarine lava flows: Observations and results from numerical modeling, J.
Geophys. Res., 103, 27517-27532, 1998.

Gregg, T. K. P, and R. Greeley, Formation of Venus canali: Considerations of lava types and their thermal behaviors,
J. Geophys. Res., 98 (E6), 10873-10882, 1993.

Gregg, T. K. P, and S. E. H. Sakimoto, Venusian lava flow morphologies: Variations on a basaltic theme, Lunar
Planet. Sci., XXVII, 459460, 1996.

Gregg, T. K. P, D. J. Fornari, M. R. Perfit. R. M. Haymon, and J. H. Fink, Rapid emplacement of a mid-ocean ridge
lava flow on the East Pacific Rise at 9°46'-52'N, Earth Planet. Sci. Lett., 144, E1-E7, 1996.

Griffiths, R. W., and J. H. Fink, The morphology of lava flows in planetary environments: Predictions from analog
experiments, J Geophys. Res., 97 (B13), 19739-19748, 1992.

Grimm, R. E., and P C. Hess, The crust of Venus, in Venus I, edited by Bougher ef al., pp. 1205-1244, University of
Arizona Press, Tucson, 1997.

Grosfils, E. B., and J. W, Head, The global distribution of giant radiating dike swarms on Venus: Implications for the
global stress state, Geophys. Res. Lett., 21, 701-704, 1994.

Grosfils, E. B., and J. W. Head, Radiating dike swarms on Venus: Evidence for emplacement at zones of neutral
buoyancy, Planet. Space Sci., 43, 1555-1560, 1995.

Guest, J. E., K. Beratan, G. Michaels, K. Desmaris, and C. Weitz, Slope failure on the margins of volcanic domes on
Venus: EOS Trans. Am. Geophys. Union, 72, 278-279, 1991.



140 Grosfils, E. B., et al.

Guest, J. E., et al., Small volcanic edifices and volcanism in the plains of Venus, J Geophys. Res., 97, 15949-15966,
1992.

Hansen, V. L., J. J. Willis, and W. B. Banerdt, Tectonic overview and synthesis, in Venus /I, edited by Bougher et al.,
pp. 797-845, University of Arizona Press, Tucson, 1997.

Haymon, R. M., D. J. Fornari, K. L. Von Damm, M. D. Lilley, J. M. Edmond, W. C. Shanks, III, R. A. Lutz, J. M.
Grebmeier, S. Carbotte, D. Wright, E. McLaughlin, M. Smith, N. Beedle and E. Olson, Volcanic eruption of the
mid-ocean ridge along the East Pacific Rise at 945-52'N: 1. Direct submersible observation of seafloor
phenomena associated with an eruption event in April, 1991, Earth Planet. Sci. Lett., 119, 85101, 1993.

Head, J. W, and L. Wilson, Volcanic processes and landforms on Venus: Theory, predictions, and observations, J.
Geophys. Res., 91, 9407-9446, 1986.

Head, J. W, and L. Wilson, Magma reservoirs and neutral buoyancy zones on Venus: Implications for the formation
and evolution of volcanic landforms, J Geophys. Res., 97, 3877-3903, 1992.

Head, J. W,, D. B. Campbell, C. Elachi, J. E. Guest, D. P. McKenzie, R. S. Saunders, G. G. Schaber, and G. Schubert,
Venus volcanism: Initial analysis from Magellan data, Science, 252, 276-288, 1991.

Head, J. W,, L. S. Crumpler, J. C. Aubele, J. E. Guest, and R. S. Saunders, Venus volcanism: Classification of volcanic
features and structures, associations, and global distributions from Magellan data, J. Geophys. Res., 97, 13153~
13198, 1992.

Holliger, K., and A. Levander, Lower crustal reflectivity modeled by rheological controls on mafic intrusions,
Geology, 22, 367-370, 1994,

Hooft, E. E., and R. S. Detrick, The role of density in the accumulation of basaltic melts at mid-ocean ridges,
Geophys. Res. Lett., 20, 423-426, 1993.

Jaroslow, G. E., D. K. Smith, and B. E. Tucholke, Record of seamount production and off-axis evolution in the
western North Atlantic Ocean 25 degrees 25'-27 degrees 10'N, submitted to J Geophys. Res., 2000, in press.

Keddie, S. T, and J. W. Head, Height and altitude distribution of large volcanoes on Venus, Planet. Space Sci., 42,
455-462, 1994.

Keszthelyi, L., A preliminary thermal budget for lava tubes on the Earth and planets, J Geophys. Res., 100 (B10),
20411-20420, 1995a.

Keszthelyi, L., Thermal constraints on the lengths of tube-fed lava flows on the Earth, Moon, Mars and Venus, Lunar
Planet. Sci., XXVI, 739-740, 1995b.

Kleinrock, M. C., Capabilities of some systems used to survey the deep-sea floor, in CRC Handbook of Geophysical
Exploration at Sea, 2nd Edition, Hard Minerals, edited by R. A. Geyer, pp. 35-86, CRC Press, Boca Raton, FL,
1992.

Komatsu, G., V. R. Baker, V. Gulick, and T. J. Parker, Venusian channels and valleys: Distribution and volcanological
implications, lcarus, 102, 1-25, 1993.

Lide, D. R., CRC Handbook of Chemistry and Physics, 71st ed., CRC Press, Boca Raton, FL, 1990.

Mackwell, S. J,, M. E. Zimmerman, and D. L. Kohlstedt, High-temperature deformation of dry diabase with
application to tectonics of Venus, J. Geophys. Res., 103, 975-984, 1998.

Magde, L. S., and D. K. Smith, Seamount volcanism at the Reykjanes Ridge: Relationship to the Iceland hot spot, J.
Geophys. Res., 100, 8449-8468, 1995.

Marsh, B. D., On the interpretation of crystal size distributions in magmatic systems, J. Petrol. 39, 553-599, 1998.

McGill, G. E., J. F. Warner, M. C. Malin, R. E. Arvidson, E. Eliason, S. Nozette, and R. D. Reasenberg, Topography,
surface properties, and tectonic evolution, in Venus, edited by D. M. Hunten ez al., pp. 69-130, University of
Arizona Press, Tucson, 1983.

McKenzie, D., P. G. Ford, F. Liu, and G. H Pettengill, Pancake-like domes on Venus, J. Geophys. Res., 97, 15967—
15976, 1992a.

McKenzie, D., J. M. McKenzie, and R. S. Saunders, Dike emplacement on Venus and on Earth, J Geophys. Res., 97,
15977-15990, 1992b.

McNutt, M. K., and K. M. Fischer, The South Pacific Superswell, in Seamounts, Islands and Atolls, Geophys.
Monogr., 43, 25-34, American Geophysical Union, Washington, DC, 1987.

Moore, H. J., J. J. Plaut, P. M. Schenk, and J. W. Head, An unusual volcano on Venus, J Geophys. Res., 97, 13479—
13494, 1992.

Parfitt, E. A., L. Wilson, and J. W. Head, Basaltic magma reservoirs: Factors controlling their rupture characteristics
and evolution, J. Volcanol. Geotherm. Res., 55, 1-14, 1993.

Pettengill, G. H., E. Eliason, P. G. Ford, G. B. Loriot, H. Masursky, and G. E. McGill, Pioneer Venus radar results:
altimetry and surface properties, J. Geophys. Res.. 85, 8261-8270, 1980.

Perfit, M. R, D. J. Fornari, M. C. Smith, J. F. Bender, C. H. Langmuir, and R. M. Haymon, Small-scale spatial and
temporal variations in mid-ocean ridge crest magmatic processes, Geology, 22, 375-379, 1994.



Volcanism on Earth’s Seafloor and Venus 141

Phipps Morgan, J., and Y. J. Chen, The genesis of ocean crust: Magma injection, hydrothermal circulation, and crustal
flow, J Geophys. Res., 98, 62836297, 1993.

Purdy, G. M, L. S. L. Kong, G. L. Christenson, and S. C. Solomon, Relationship between spreading rate and the
seismic structure of mid-ocean ridges, Nature, 355, 815-817, 1992.

Reidel, S. P,, Emplacement of Columbia River Flood Basalt, /. Geophys. Res., 103 (B11), 27393-27410, 1998.

Ristau, S., J. Sammons, E. Grosfils, L. Reinen, M. Gilmore, and S. Kozak, Distribution of intermediate volcanoes on
Venus as a function of altitude, Abstract #1100 (CD-ROM), Lunar Planet. Sci., Conf., XXIX, 1998.

Roberts, K. M., J. E. Guest, J. W. Head, and M. G. Lancaster, Mylitta Fluctus, Venus: Rifi-related, centralized
volcanism and the emplacement of large-volume flow units, J. Geophys. Res., 97 (E10), 15991-16015, 1992.

Rowland, S. K., and G. P. L. Walker, Pahoehoe and aa in Hawaii: Volumetric flow rate controls the lava structure, Bull.
Volcanol., 52, 615-628, 1990.

Rubin, A. M., A comparison of rift-zone tectonics in Iceland and Hawaii, Bull. Volcanol., 52, 302-319, 1990.

Rubin, A. M., and D. D. Pollard, Origins of blade-like dikes in volcanic rift zones, U.S. Geol. Surv. Prof. Pap., 1350,
1449-1470, 1987.

Ryan, M. P, Neutral buoyancy and the mechanical evolution of magmatic systems, in Magmatic Processes:
Physiochemical Principles, edited by B. O. Myser, Geochemical Society Special Publication No. 1, pp. 259-
287, University Park, PA, 1987.

Ryan, M. P, Neutral buoyancy and the structure of mid-ocean ridge magma reservoirs, J. Geophys. Res., 98, 22321~
22338, 1993.

Ryan, M. P, Neutral-buoyancy controlled magma transport and storage in mid-ocean ridge magma reservoirs and
their sheeted dike complex: A summary of basic relationships, in Magmatic Systems, edited by M. P. Ryan, pp.
97-138, Academic Press, San Diego, 1994.

Ryan, M. P, and C. G. Sammis, The glass transition in basalt, J Geophys. Res., 86, 9519-9535, 1981.

Sakimoto, S. E. H., Terrestrial basaltic counterparts for the Venus steep-sided or pancake domes, Lunar Planet. Sci.,
XXV, 1189-1190, 1994.

Sakimoto, S. E. H., and S. M. Baloga, Thermal controls on tube-fed planetary lava flow lengths, Lunar Planet. Sci.,
XXVI, 1217-1218, 1995.

Sakimoto, S. E. H., and M. T. Zuber, Flow and convective cooling in lava tubes, J. Geophys. Res., 103, 27465-27487,
1998.

Sakimoto, S. E. H., J. Crisp, and S. M. Baloga, Eruption constraints on tube-fed planetary lava flows, J Geophys.
Res., 102 (E3), 6597-6613, 1997.

Schaber, G. G., Volcanism on Venus as inferred from the morphometry of large shields, Proc. Lunar Planet. Sci.
Conf, XXI, 3-11, 1991.

Scheirer, D. S., and K. C. Macdonald, Near-axis seamounts on the flanks of the East Pacific Rise, 8°N to 17°N, J.
Geophys. Res., 100, 2239-2259, 1995.

Searle, R. C., Submarine central volcanoes on the Nazca plate—high-resolution sonar observations, Mar. Geol,, 53,
77-102, 1983.

Seiff, A., Thermal structure of the atmosphere of Venus, in Venus, edited by D. M. Hunten et al., 215-279, University
of Arizona Press, Tucson, 1983.

Self, S., Th. Thordarson, L. P. Keszthelyi, G. P. L. Walker, K. Hon, M. T. Murphy, P. Long, and S. Finnemore, A new
model for the emplacement of Colombia River basalts as large, inflated pahoehoe lava flow fields, Geophys. Res.
Lett., 23, 2689-2692, 1996.

Senske, D. A, D. B. Campbell, J. W. Head, P. C. Fisher, A. A. Hine, A. deCharon, S. L. Frank, S. T. Keddie, K. M.
Roberts, E. R. Stofan, J. C. Aubele, L. S. Crumpler, and N. Stacy, Geology and tectonics of the Themis Regio—
Lavinia Planitia-Alpha Regio—Lada Terra Area, Venus: Results from Arecibo image data, Earth Moon Planets,
55, 97-161, 1991.

Simkin, T, and R. Batiza, Flattish summits, calderas and circumferential vents: A morphogenetic comparison of
young EPR seamounts and Galapagos volcanoes, EOS, 65, 1080, 1984.

Sinton, J. M., and R. S. Detrick, Mid-ocean ridge magma chambers, J Geophys. Res., 97, 197-216, 1992.

Smith, D. K., Shape analysis of Pacific seamounts, Earth Planet. Sci. Lett., 90, 457-466, 1988.

Smith, D. K., Comparison of the shapes and sizes of seafloor volcanoes on Earth and “pancake” domes on Venus, J.
Volcanol. Geotherm. Res., 73, 47-64, 1996.

Smith, D. K., and J. R. Cann, The role of seamount volcanism in crustal construction at the Mid-Atlantic Ridge (24°—
30°N), J Geophys. Res., 97, 1645-1658, 1992.

Smith, D. K., and J. R. Cann, Building the crust at the Mid-Atlantic Ridge, Nature, 365, 707-715, 1993.

Smith, D. K., and J. R. Cann, Constructing the upper crust of the Mid-Atlantic Ridge: A reinterpretation based on the
Puna Ridge, Kilauea Volcano, J. Geophys. Res., 104, 25379-25400, 1999.



142 Grosfils, E. B., et al.

Smith, D. K., and T. H. Jordan, Seamount statistics in the Pacific Ocean, J. Geophys. Res., 93, 2899-2918, 1988.

Smith, D. K., S. E. Humphris, and W. B. Bryan. A comparison of volcanic edifices at the Reykjanes Ridge and the
Mid-Atlantic Ridge at 24°-30°N, J Geophys. Res., 100, 22485-22498, 1995.

Smith, T. L., and R. Batiza, New field and laboratory evidence for the origin of hyaloclastite flows on seamount
summits, Bull. Volcanol., 51, 96-114, 1989.

Smrekar, S. E., and S. C. Solomon, Gravitational spreading of high terrain in Ishtar Terra, Venus, J. Geophys. Res., 97,
16121-16148, 1992.

Smrekar, S., W. S. Kieffer, and E. R. Stofan, Large volcanic rises on Venus, in Venus II, edited by Bougher et al., pp.
845-878, University of Arizona Press, Tucson, 1997.

Solomon, S. C., S. E. Smrekar, D. L. Bindschadler. R. E. Grimm. W. M. Kaula, G. E. McGill, R. J. Phillips, R. S.
Saunders, G. Schubert, S. W. Squyres and E. R. Stofan. Venus tectonics: An overview of Magellan observations,
J. Geophys Res., 97, 13199-13255, 1992.

Stephenson, P. J., and T. J. Griffin, Some long basaltic lava flows in North Queensland, in Folcanism in Australasia,
edited by R. W. Johnson, pp. 41-51, Elsevier, Amsterdam. 1976.

Stofan, E. R., V. E. Hamilton, D. M. Janes, and S. E. Smrekar, Coronae on Venus: Morphology and origin, in Venus I,
edited by Bougher et al., pp. 931-965. University of Arizona Press, Tucson, 1997.

Tormey, D. R., T. L. Grove, and W. B. Bryan, Experimental petrology of normal MORB near the Kane fracture zone:
22°-25°N, Mid-Atlantic Ridge, Contrib. Mineral. Petrol., 96, 121-139, 1987.

Turner, J. S., and 1. H. Campbell, Convection and mixing in magma chambers, Earth Sci. Rev, 23, 255-352, 1986.

von Zahn, U., S. Kumar, H. Niemann, and R. Prinn. Composition of the atmosphere of Venus: in Venus, edited by D.
M. Hunten e al., pp. 299-430, University of Arizona Press, Tucson, 1983.

Walker, G. P. L., Lengths of lava flows. Philos. Trans. R. Soc. London Ser. 4, 274. 107-118. 1973.

Walker, G. P. L., Gravitational (density) controls on volcanism, magma chambers and intrusions, Aust. J Earth Sci.,
36, 149-165, 1989.

Watters, T. R., and D. M. Janes, Coronae on Venus and Mars: Implications for similar structures on Earth, Geology,
23, 200-204, 1995.

Weertman, J., Height of mountains on Venus and the creep properties of rock. Phys. Earth Planet. Inter., 19, 197-207,
1979.

Wenrich, M. L., and R. Greeley, Investigation of Venusian pyroclastic volcanism, Lunar Planet. Sci., XXIII, 1515—
1516, 1992.

Wilson, L., J. W. Head, and E. A. Parfitt, The relationship between the height of a volcano and the depth to its magma
source zone: A critical reexamination, Geophys. Res. Lett., 19, 1395-1398, 1992.

Wojcik, K. M., and R. W. Knapp, Stratigraphic control of the Hills Pond lamproite. Silver City Dome. southeastern
Kansas, Geology, 18, 251-254, 1990.

Wood, J. A., Rock weathering on the surface of Venus, in Venus /I, edited by Bougher et al.. pp. 637-664, University
of Arizona Press, Tucson, 1997.

Zimbelman, J. R., Emplacement of long lava flows on planetary surfaces. J. Geophys. Res., 103 (B11), 27503-27516,
1998.

Zuber, M. T., Constraints on the lithospheric structure of Venus with mechanical models and tectonic surface features,
J. Geophys. Res., 92, 541-551, 1987.



6

Moon and Mercury

Volcanism in Early Planetary History

James W. Head 111, Lionel Wilson, Mark Robinson,
Harald Hiesinger, Catherine Weitz, and Aileen Yingst

6.1. INTRODUCTION

The Moon and Mercury have a generally similar surface morphology, with their ancient
landscapes characterized by heavily cratered terrain, impact basins, and expanses of smooth
plains (Murray et al., 1981; Taylor, 1982; Strom, 1987). In addition, volcanism is known (in
the case of the Moon) and thought to have been (in the case of Mercury) an important part of
their surface evolution. Volcanic processes on these bodies are likely to have shared some
important attributes because of the ancient nature of the geologic record (e.g., early thermal
evolution phases) and the lack of an atmosphere (e.g., the style of cooling of lava flows,
influencing the distribution of volcanic ejecta). But what about the fundamental differences
between the Moon and Mercury, and the lack of knowledge about their consequences? Should
Mercury, with its very high surface temperatures, Mars-like surface gravity, and very large
iron core, be characterized by volcanic activity that is similar to that of the Moon? Or do these
variations dictate that volcanism should be manifested differentially on the two bodies?

It is generally thought that the Moon formed very early in solar system history when a
Mars-sized object impacted Earth, ejecting crust and upper mantle material that reaccreted in
Earth orbit. The energy associated with accretion caused large-scale melting, and this was
accompanied by density segregation of the melt and formation of a low-density, plagioclase-
rich crust. The solidification of the global crust was accompanied by, and succeeded for
several hundred million years by, a massive influx of projectiles producing impact craters of
many sizes and obscuring the record of any early volcanism, although some evidence of the
eruptions in the latest part of heavy bombardment is described below. The formation of the
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globally continuous, low-density, buoyant crust apparently precluded the development of
Earth-like plate tectonics early in the history of the Moon. This led to a dominance of
conductive cooling through this continuous layer, producing a globally continuous litho-
sphere, in contrast to the multiple laterally moving and subducting plates on the Earth.
Volcanism, or advective cooling, was minor compared with conduction through this globally
continuous lithospheric layer, yet it produced surface deposits that make up some of the
unique topography and albedo of the surface seen today.

Volcanic flooding of the surface of the Moon became evident only during the waning
stages of heavy bombardment, about 3.7-3.8 billion years ago (Ga), following the formation
of the youngest impact basins, Imbrium and Orientale (e.g., Wilhelms, 1987). After this time,
lavas emplaced could retain their character and not be covered and modified by regional
impact ejecta deposits. By about 2.5-3.0 Ga, basaltic lavas had covered approximately 17% of
the lunar surface, preferentially filling in the nearside low-lying basin interiors to form the
lunar maria (Figure 6.1). There is no evidence for major internally generated geologic activity
on the Moon for the past 2.5 billion years. The Moon thus provides a picture of the first half
of solar system history, characterized by impact bombardment and early volcanism, and
serves as a cornerstone for the interpretation of the records preserved on other terrestrial
planets.

The internal structure of the Moon is a very important component of our knowledge
about volcanism. Density structure, source regions, and temperature gradients are all
significant factors in the generation, ascent, and emplacement of magma. Remote sensing,
surface seismic data, and Apollo and Luna samples all show that the Moon has been
internally differentiated into a crust, mantle, and possibly a small core. The feldspar-rich crust
is thinner on the central nearside (~55km) but may reach thicknesses of 100km on the
farside. Seismic data and geologic mapping show that the lunar maria are relatively thin
(maximum thickness of a few kilometers) and perched on a globally continuous feldspar-rich
crust. The lunar highlands crust has been called a “primary” crust, derived from widespread
melting associated with the energy of early impact cratering (Taylor, 1989).

The widespread melting that resulted in fractional crystallization and separation of a low-
density plagioclase crust also produced a residual upper mantle layer. The residual layer

Figure 6.1. Distribution of the lunar maria.
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below the low-density crust was denser than the underlying mantle, probably leading to
gravitational collapse and sinking toward the interior, perhaps to form a core (e.g., Hess and
Parmentier, 1995). During this time period, partial melting of the mantle led to the formation
of magmas that were emplaced as secondary crust: the lunar maria, collecting in low-lying
craters and basins. Secondary crust formation [e.g., crust derived by partial melting of the
mantle (Taylor, 1989)] was apparently volumetrically minimal; the ascent of magma was
inhibited by the thick, light crust causing the maria to form preferentially in basins on the
thinner nearside highland crust (e.g., Solomon, 1975; Head and Wilson, 1992). The high
surface area-to-volume ratio meant that the Moon underwent rapid cooling and little to no
evidence of internal activity (e.g., magnetic field, surface volcanism) is seen in the last half of
solar system history (e.g., Head and Solomon, 1981).

Mercury is about one-third the diameter, but about the same bulk density, as Earth. With
a size near that of the Earth’s Moon, and a density similar to that of the Earth, Mercury offers
an opportunity to study the influence of size and internal structure on the geologic history and
thermal evolution of planetary bodies, and the role that these factors might play in volcanic
and magmatic processes. The Mariner 10 spacecraft returned images of about 35% of the
planet’s surface and revealed a lunarlike terrain, but detailed geologic mapping of the surface
has shown that Mercury differs from the Moon in several important aspects related to
volcanism and magmatism (e.g., Chapman, 1988; Spudis and Guest, 1988; Schubert et al.,
1988). Large areas of relatively ancient intercrater plains may indicate that more extensive
volcanism accompanied the period of heavy cratering on Mercury than on the Moon. Large,
extensive scarps on Mercury attest to episodes of regional shortening and perhaps even the
global contraction that would result from a modest decrease in the planet’s circumference
during solidification (Melosh and McKinnon, 1988; Schubert et al., 1988). This net
compressive state of stress in the lithosphere could be an important factor in potentially
inhibiting magma from reaching the surface. Areas of smooth plains have nearly the same
albedo as that of heavily cratered regions, which has led to controversy over the origin of
some of the smooth regions [e.g., volcanic or ponded impact ejecta (Strom et al., 1975;
Wilhelms, 1976)].

In this chapter, we assess the nature of the volcanic record on the Moon and Mercury and
relationships between the two planetary bodies. We begin with the much better known record
of the Moon, develop several themes that characterize volcanic activity there, and then
consider the nature of the volcanic record on Mercury, concluding with several comparisons
and delineations of some outstanding problems.

6.2. LUNAR VOLCANISM

6.2.1. Nature and Distribution

Lunar volcanic deposits are traditionally subdivided into two major types, mare
(characterized by low-albedo plains and associated landforms) and nonmare or highland
(characterized by intermediate- to high-albedo plains and a range of landforms suspected of
being of volcanic origin) (e.g., Head, 1976). Mare deposits cover 17% of the lunar surface
(Figure 6.1) (Head, 1975a,b). They occur preferentially in topographic lows on the nearside,
and have a variety of modes of occurrence and styles of emplacement (Head, 1975a, 1976;
Wilhelms, 1987). Mare deposits are concentrated in the interiors and margins of impact
basins, and are particularly abundant in basins of Nectarian and post-Nectarian age (e.g.,
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Nectaris, Humorum, Crisium, Serenitatis, and Imbrium). Relatively thin deposits are wide-
spread and occur at the sites of older basins such as Tranquillitatis, Fecunditatis, and
Procellarum. Farside maria are sparse and occur in the ancient South Pole-Aitken basin as
patches, within other basins (such as Australe), and younger craters (such as Moscoviense and
Tsiolkovsky).

The nearside/farside asymmetry in exposed mare deposits (Figure 6.1) is generally
interpreted to be related to crustal thickness variations inferred from the observed offset
center of figure/center of mass and from considerations of gravity and topography. The
relevance of this global low-density crust and its thickness differences to mare volcanism was
pointed out by Solomon (1975), who showed that dense mare basalt magmas should not erupt
on the surface on the basis of buoyancy alone. Hydrostatic considerations suggest that melts
may have risen to the surface preferentially in the deepest impact basins (regions of thinnest
crust) which appear to be concentrated on the nearside. Solomon (1975) proposed that these
considerations could account for the distribution of maria on the nearside (primarily within
nearside basins) and the paucity of maria on the farside (enhanced crustal thickness there). We
will return to this issue when we consider ascent and eruption of mare basalts.

6.2.2. Volume

Beginning with the known mare surface area (6.3 x 10° km?; Head, 1976), several
approaches have been used to estimate mare thickness and, thus, volume. A stratigraphic
approach and morphometry of premare impact craters have been used to determine
thicknesses of the nearside maria (e.g., DeHon, 1979). Values average less than about
400m for most areas, with local regions in excess of 1-2km. Other techniques include
geochemical analyses of postmare impact craters, orbital sounding data, surface geophysical
measurements, and topographic data from unfilled craters and basins. Together, these data
show that the central parts of unmodified impact basins might contain lenses of basalt as thick
as 6-8 km, but that most of the deposits in the basin shelves are generally less than about 2 km
thick.

On the basis of stratigraphic evidence, the total volume of surface mare deposits is about
1 x 107 km®, a volume that corresponds to less than 1% of the total volume of the lunar crust.
If this melt volume represented the majority of the partial melting products generated in the
zone between 100 and 300 km depth (assuming 10% partial melting), this would imply that
less than ~5% of the zone underwent partial melting. Because of the density barrier of the
lunar crust, more melts might be produced and solidify at depth than would reach the surface,
so that the exact volume of melting is not known.

6.2.3. Duration

The duration of mare volcanism was thought to range from about 3.9 to 3.2 Ga on the
basis of ages obtained from mare basalts sampled at the Apollo and Luna sites (Nyquist and
Shih, 1992) and crater size-frequency distributions on exposed mare deposits (e.g., Taylor,
1982). Photogeologic studies suggested that volcanism may have continued until about 2.5 Ga
in Mare Imbrium (Schaber, 1973). More recent information is available on both the dates of
onset and termination of mare volcanism.

Ages of clasts in returned samples led Ryder and Spudis (1980) to suggest that the onset
of mare basalt emplacement began prior to 3.9 Ga, perhaps as long as 4.2 Ga in the Apollo 14
region (Taylor et al., 1983). A number of occurrences of intermediate-albedo highland plains
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have been proposed to represent the onset of mare volcanism prior to the termination of late
heavy bombardment. Dark-haloed impact craters in some of these plains deposits (Schultz
and Spudis, 1983; Bell and Hawke, 1984; Hawke ef al., 1990) and telescopic spectra that
show the mare basalt affinities of the crater ejecta, support the idea that they represent impacts
into buried mare deposits. These deposits are known as cryptomaria (Head and Wilson,
1992), and their recognition and distribution are discussed in a later section.

The duration of mare volcanism has been suggested to extend beyond the 2.5 Ga age
proposed for the youngest Imbrium flows. Evidence for this includes possibly young flows
dated using crater degradation ages, reinterpretation of the age of the youngest Imbrium flows
[between 1.5 and 2.0 Ga (Schultz and Spudis, 1983)], and lava flows embaying Lichtenberg, a
crater of Copernican age, and several apparently young mare deposits (Spudis, 1989). These
latest deposits notwithstanding, lunar mare volcanism has apparently not been volumetrically
significant surface process since the Imbrian (around the late Archean on Earth).

6.3. MORPHOLOGY

A rich and interesting variety of volcanic landforms have been observed in, and
associated with, the maria (Figures 6.2-6.4), and spacecraft images documenting these, in
addition to those reproduced here, can be found elsewhere (Head, 1976; Schultz 1976a; Head
et al., 1981; Greeley, 1985; Wilhelms, 1987; Christiansen and Hamblin, 1995). The presence,
absence, and scale of these features can be used to develop an understanding of the nature of
eruption conditions, which in turn reveals implications for the nature of source regions and
modes of magma ascent. Here, we summarize the main features to address these issues.

6.3.1. Lava Flows and Sinuous Rilles

Flow fronts revealed at low lighting conditions in telescopic images were along the first
evidence for the volcanic origin of lunar maria (e.g., Wilhelms, 1987), and the lack of similar
evidence has been a factor in the debate about the origin of the mercurian plains. Lunar lava

Figure 6.2. Lunar lava flows and sinuous rilles. (Left) Oblique view of Eratosthenian-aged lava flows
in Mare Imbrium; (right) sinuous rilles in the Rimae Prinz region east of the Aristarchus Plateau.
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Figure 6.3. Lunar mare features. (Upper left) Cone at the southern end of Mare Serenitatis; (upper
middle) series of small mare domes with summit pits: (upper right) pit crater in the lunar maria; (lower
left) crater chains in the southwest part of Mare Serenitatis; (lower middle) cones aligned along Rima
Parry V; (lower right) the floor-fractured crater Gassendi.

flow units (Figure 6.2) have been mapped on the basis of topographic, albedo, and color
boundaries (e.g., Wilhelms, 1987), but distinctive, individual flow fronts are not common
because flow thicknesses approach the thickness of the impact-generated regolith (5-10m),
and impact degradation has apparently obscured individual flow unit boundaries. The
Eratosthenian-aged flows of Mare Imbrium are the most spectacular examples of flow units
on the Moon, and occur in three phases, extending into the basin interior for distances of
1200, 600, and 400km from the southwestern basin margin. The large volumes are
comparable to some of those observed in the Columbia River basalts and this, together
with individual flow lengths, led to the interpretation of high effusion rates (Schaber, 1973).

Sinuous rilles (Figure 6.2) are meandering channels that occur primarily in and along the
edges of the lunar maria. They range in width up to about 3km and in length from a few
kilometers to more than 300 km. Individual sinuous rilles are commonly relatively constant in
width along their length, and display a variety of planimetric and cross-sectioned forms.
Sinuous rilles sometimes originate in circular or elongate depressions and some of these are
located in the highlands adjacent to the maria. Sinuous rilles terminate in the maria,
commonly shallowing imperceptibly until they are no longer visible.

The general morphologic similarity between sinuous rilles and terrestrial lava channels
and tubes led to the interpretation that they were of similar origin (e.g., Greeley, 1971).
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Figure 6.4. Dark mantle deposits. (Upper left) Regional deposit in the vicinity of Schroeters Valley in
the Aristarchus Plateau (looking south); (upper right) regional deposits surrounding linear rilles in the
southwest part of Mare Serenitatis; (lower left) oblique view of the crater Alphonsus (looking south)
showing the dark-halo craters along linear rilles at the edges of the crater floors; (lower right) closeup
view of one of the dark-halo craters on the Alphonsus crater floor.

However, sinuous rilles are generally an order of magnitude larger and often much more
highly sinuous than terrestrial lava channels. Many of the characteristics of lunar sinuous
rilles unexplained by simple lava channel/tube models can be accounted for by thermal
erosion (Hulme, 1973, 1982; Carr, 1973). Thermal erosion processes presently appear to best
explain the majority of characteristics of larger sinuous rilles. Lava channels and tubes do
exist on the Moon, however, and some thermal erosion may have been initiated or enhanced
by initially covered lava channels, or controlled by preexisting structures.

The length, width, depth, and the nature of rille source regions provide important
information on eruption conditions associated with large sinuous rilles. Hulme (1973)
calculated that a 50-km-long rille in the Marius Hills had an effusion rate of 4x
10* m® s7!, an eruption duration of about 1 year, and a total volume of about 1200km®.
Wilson and Head (1980) and Head and Wilson (1980) analyzed the characteristics of source
depression of sinuous rilles, which led to independent evidence for extremely high effusion
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rate eruptions of long duration. Together, these studies suggest that key factors in the
formation of sinuous rilles by thermal erosion are twofold: (1) turbulent flow (requiring high
effusion rates and aided by low yield strength) and (2) sustained flow (implying very long
eruptions and thus very high eruption volumes to cause the continued downcutting to the
observed rille depths). This lies in dramatic contrast to typical eruption volumes for shield-
related flows on Earth, which are much less than 1 km’® (Peterson and Moore, 1987), with the
largest historic lava flow (Laki, Iceland) being about 12 km®!

6.3.2. Shields and Calderas

Some of the most prominent volcanic features on the Earth, Mars, and Venus are large
(>50 km diameter) shield volcanoes and associated calderas. These mark the accumulation of
thousands of individual small lava flows from shallow magma reservoirs fed over long
periods of time by deeper sources. No shield volcanoes larger than about 20 km have been
observed on the Moon (Guest and Murray, 1976). Instead, lunar shields (Figure 6.2) are
represented by about 50 small structures (3-20 km in diameter) similar to those seen on Earth
in Iceland and Hawaii (Head and Gifford, 1980). The small lunar shield volcanoes (domes)
have summit pits (~ 1-3 km diameter) but there is little evidence for the presence of large
circular calderalike structures as seen on the Earth, Mars, and Venus. Some smooth-rimmed
craters in the size range of 20-40km have been interpreted as volcanic in origin (DeHon,
1971), but these types of features are much more likely to be modified impact craters than
shieldlike structures or calderas (e.g., Wilhelms, 1987).

How do we account for the absence of major shield volcanoes on the Moon? Shield
volcanoes are commonly built up of large numbers of flows whose lengths average less than
the basal diameter of the edifice. These flow are derived from a shallow magma reservoir
(commonly underlying or associated with a caldera) where magma stalled because it reached
a neutral buoyancy zone (e.g., Ryan, 1987; Wilson and Head, 1990). Volume changes and
excess pressures in shallow reservoirs lead to summit and flank eruptions, caldera formation,
and edifice construction. Thus, the presence of shield volcanoes and calderas strongly implies
the presence of shallow neutral buoyancy zones, the stalling and evolution of magma there,
the production of numerous eruptions of relatively small volume and duration, and associated
shallow magma migration to cause caldera collapse. The apparent absence of large shield
volcanoes and calderas on the Moon implies that shallow neutral buoyancy zones are not
common there, and that magma has not been extruded in continuing sequences of flows of
relatively short duration and low volume or shallow source regions (e.g., Head and Wilson,
1991). In some cases, however, magma may stall in the near-surface environment (see
discussion below). For example, floor-fractured craters have been interpreted to be the
location of shallow sill-like intrusions (Schultz, 1976b).

6.3.3. Volcanic Complexes

Several areas on the Moon show unusual concentrations of volcanic features and most of
these occur in Oceanus Procellarum. Two of the most significant are the Marius Hills
(~35,000 km?), which display 20 sinuous rilles and over 100 domes and cones (Weitz and
Head, 1999) (Figure 6.3), and the Aristarchus Plateau/Rima Prinz region (~40,000 kmz),
which is dominated by 36 sinuous rilles (Guest and Murray, 1976; Whitford-Stark and Head,
1977) (Figure 6.4). The large number of sinuous rilles in these two locations suggests that the
complexes are the site of multiple high-effusion-rate, high-volume eruptions, which may be
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the source of much of the lava in Oceanus Procellarum emplaced during the Imbrian and
Eratosthenian Periods (Whitford-Stark and Head, 1980).

6.4. PYROCLASTIC VOLCANISM

Regions of very low albedo compared with the mare and surrounding highlands have
been noted on the Moon since the telescopic observation phase of exploration (e.g.,
Wilhelms, 1987). These deposits (Figure 6.4) consist of two types: (1) regional dark
mantle deposits in excess of about 2500 km? that are scattered across the nearside (e.g.,
Taurus-Littrow, Sulpicius Gallus, Rima Bode, and Aristarchus Plateau) and (2) many
hundreds of smaller localized dark mantle deposits that consist of dark-halo craters and
related deposits. Dark mantling deposits attracted attention because they appear to drape and
mantle surrounding highland terrain. Thus, in contrast to mare lavas emplaced as fluid flows
to form flat plains, dark mantle deposits were interpreted to form from pyroclastic eruptions.
In addition, their very low albedo and the tendency of Copernican-aged crater rays to
disappear at the edges of these deposits led to the incorrect interpretation that they might
represent very young volcanic activity on the Moon. Thus, early in the Apollo lunar
exploration program, these deposits figured prominantly in the development of the explora-
tion and sampling strategy (see Wilhelms, 1987), and the Taurus-Littrow dark mantle deposits
were explored during the Apollo 17 mission.

In early analyses, dark-halo craters found on the ejecta deposits of Copernican-aged
craters (e.g., Copernicus H) were thought to be the sites of very young volcanic eruptions, but
further analyses showed that these represented impact craters that excavated darker, mare-rich
material from below (Schultz and Spudis, 1979; Bell and Hawke, 1984). However, a large
number of small dark-halo craters are located along fractures and in large crater floors, and do
not have the typical appearance of impact craters; these are thought to represent volcanic
eruptions. Analysis of this latter type of dark-halo crater in Alphonsus (Figure 6.4) shows that
they most plausibly result from vulcanian-style eruptions (Head and Wilson, 1979; Coombs et
al., 1990a). Hawke et al. (1989a) and Coombs et al. (1990b) mapped similar deposits in many
other parts of the Moon. On the other hand, regional dark mantle deposits tend to occur at
impact basin margins and in association with large vents and sinuous rilles that are candidates
for large-volume sustained eruptions. Deposits range from patchy regional units (the margins
of the Taurus-Littrow deposit) to thick deposits perhaps reaching depths of many tens of
meters (Aristarchus Plateau; Zisk et al., 1977; Lucey et al., 1986; McEwen ef al., 1994).
Recent analyses of Clementine data suggest that additional dark mantle deposits may occur on
the lunar farside (Craddock et al., 1997, Hawke et al., 1997).

The Apollo samples provide important information about the nature of dark mantle
deposits. The volcanic beads seen in all of the Apollo samples indicate that gas-rich eruptions
occurred on the Moon, even though the Apollo samples revealed that the Moon is volatile-
poor and the rocks lack water. The source of the gas driving the pyroclastic eruptions is
thought to be CO derived from graphite oxidation in the shallow portions of the crust (e.g.,
Sato, 1979; Fogel and Rutherford, 1995). Gas exsolution and bubble coalescence in the lunar
near-surface environment is accompanied by extremely rapid expansion into the lunar surface
vacuum, breakup of vesicular magma into beads, and the widespread dispersal of these beads
as a result of low gravity and lack of an atmosphere (Wilson and Head, 1981). The
submillimeter-size volcanic beads returned in Apollo and Luna samples consisted of two
types: glasses, which appear to have quenched rapidly, and slightly larger crystallized beads,
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which are interpreted to have experienced longer cooling times (e.g., Heiken et al., 1974).
Laboratory cooling experiments have shown that the crystallized beads experienced cooling
durations longer than blackbody cooling in a vacuum (e.g., Arndt and von Engelhardt, 1987),
suggesting that they were erupted into an environment characterized by an optically thick hot
plume that insulated them from simple radiative cooling in a vacuum. Assessment of
pyroclastic eruption environments (e.g., Head and Wilson, 1989) suggests that the inner
parts of a pyroclastic fountain would be optically thick and could provide such an
environment. Thus, crystallized beads are interpreted as having been erupted as part of a
gas/pyroclast fountain that was optically thick enough to inhibit cooling, and the glass beads
formed by more rapid cooling in the marginal optically thin part of the cloud (Figure 6.5) or
cooled more rapidly because of their small sizes (Weitz et al., 1999).

Dark mantle deposits composed of these volcanic beads have been studied telescopically
(Gaddis et al., 1985; Hawke er al., 1989), and using Galileo (Greeley et al., 1993) and
Clementine UV/VIS data (Weitz et al., 1998). Clementine data have sufficient spectral and
spatial resolution to determine if the deposits are dominated by crystallized beads or glasses.
Weitz er al. (1998) studied seven regional dark mantle deposits using Clementine data and
assessed the degree of crystallinity and the nature and distribution of their deposits to
constrain eruption conditions. Using the ratio of 415/750 and 750/950 nm values, estimates
were made of the ratio of glass beads to crystallized beads. One extreme is represented by
patches of dark mantle in the Sinus Aestuum region, which appear to be dominated by
crystallized beads. The other extreme is represented by the Aristarchus Plateau dark mantle
deposit, which is dominated by glass beads. Other regional dark mantle deposits (Taurus-
Littrow, Sulpicius Gallus, Rima Bode, and Mare Vaporum) lie between these extremes, and
represent mixtures of glass, crystallized beads, and other soils. Based on the distribution and
crsytallinity of the beads within the deposits, Weitz ef al. (1998) inferred the most plausible
locations of the source vents and the likely optical density of the volcanic plumes.

An unusual dark ring about 180 km in diameter has been noted in the Orientale region
and interpreted to be of pyroclastic origin (Greeley ez al., 1993). Head et al. (1997) identified
an elongate vent located central to the ring and interpreted the ring to be produced by a
pyroclastic eruption from this vent. Analysis showed that the plume that produced the dark
mantle ring was probably umbrella-shaped and gas-rich with a height of 20km and
characterized by ejection velocities of 320 ms™' (Weitz et al., 1998). In contrast, other
regional deposits are interpreted to have been produced by Hawaiian-style fire-fountain
eruptions that formed both mare lavas and submillimeter beads.

Assessment of the influence of the lunar environment on the types of pyroclastic
eruptions described above has therefore led to a better understanding of the mode of
emplacement of the regional dark mantling deposits (Wilson and Head, 1981; Weitz ef al.,
1998). Magmas containing even very small amounts of volatiles will undergo near-surface
gas exsolution and marked decompression, and vertical and horizontal gas expansion,
guaranteeing that pyroclasts are dispersed away from the vent to produce deposits of
pyroclastic material (Wilson and Head, 1983). The wide variety of glass beads of probable
pyroclastic origin in Apollo and Luna samples (e.g., Heiken er al., 1974; Delano, 1986) and
the extensive deposits surrounding individual vents (hundreds to thousands of square
kilometers) (e.g., Weitz et al., 1998) attest to their wide dispersal. A variety of compositions
are also inferred from remote sensing data (Gaddis et al., 1985). These regional dark mantling
deposits are interpreted to be the result of sustained effusive eruptions, in which continuous
gas exsolution in the lunar environment causes ‘Hawaiian-like” fountaining. Pyroclasts are
spread to ranges of tens to hundreds of kilometers and eruptions continue for a relatively long
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Figure 6.5. Dark mantle pyroclastic bead types and interpreted cooling environments. (Top) Types of
volcanic beads identified in the Apollo 17 74001/2 core, described as a function of interpreted cooling
rate. Orange glasses form at the fastest cooling rate while slower rates allow larger and more numerous
crystals to develop in the beads. Brown beads are interpreted to have formed by devitrification of the
orange glass. (Bottom) Interpreted position of the different bead types in an eruption and in the
resulting deposits. Orange glasses form in the outer portions of the plume where the cooling rates are
high because of the low optical density of the plume. The optical density increases further inward and
beads are able to cool more slowly and to develop crystals. The deposit is dominated by orange glasses
at a greater distance from the vent while black beads are concentrated more in the proximal part of the
deposit.

period of time to build up the observed deposit thicknesses (Wilson and Head, 1981, 1983).
The common association of these deposits with sinuous rilles and their sources suggests that
the rilles are among the sites of the sustained eruptions that produced the mantling deposits.
Regional dark mantling deposits appear to mark the locations of high-effusion-rate, long-
duration eruptions. Despite the similarity between the Moon and Mercury in terms of the lack
of an atmosphere, lunar pyroclastic deposits show several distinctive characteristics relative to
the origin of their volatiles and the role of low gravity in their dispersal.
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6.5. NONMARE VOLCANISM

6.5.1. Lunar Light Plains

During the telescopic phase of the mapping of the Moon (see Wilhelms, 1987) and in the
early days of the Apollo missions, the Cayley Formation (intermediate- to high-albedo “light”
plains in the highlands, and around the margins of some maria) was thought to be of volcanic
origin because of its smooth nature, and the fact that it fills highland craters. Its stratigraphic
position and absolute age based on crater counts, place the Cayley Formation between the
latest basin-scale impact events, such as Imbrium, and the earliest mare. Thus, it was thought
that a significant phase of highland (i.e., high-albedo) volcanism characterized the early
Imbrian history of the Moon. The Apollo 16 mission was targeted to explore light plains units
in the Descartes region of the central highlands and their possible volcanic source regions.
Instead, pervasive impact-generated breccias were found at the Apollo 16 site, causing this
model to fall into disfavor. Subsequently, interpretation of the light plains at the site centered
on two major concepts. Some investigators thought they originated as primary basin ejecta
blankets, either from Imbrium or from Orientale (e.g., Moore et al., 1974). Others considered
that they formed through the mixing of ejecta from basin impacts with local material (e.g.,
Head, 1972; Oberbeck et al., 1974). Additional field and laboratory study of the impact
cratering process led to the conclusion that light plains can be produced by ballistic erosion
and sedimentation processes (Oberbeck et al., 1974; Oberbeck, 1975). Large cratering event
ejecta reimpacts and mixes with local target material, obscuring preimpact topography and
resulting in the formation of relatively smooth light plains deposits in low-lying regions. Light
plains formed in this way do not represent an ejecta “blanket” laid down over the surface, but
rather an ejecta deposit that consists of a dynamic mixture of primary ejecta and local
material, where the proportion of primary ejecta material to local target material decreases
exponentially with radial distance from the primary crater (e.g., Oberbeck et al., 1974; Head,
1974). As we will discuss later, this changing paradigm evolved at about the same time as the
Mariner 10 data revealed the presence of Cayley-like plains on Mercury.

Light plains display a wide range of crater ages, leading some investigators to continue
to support a volcanic origin for many light plains deposits (e.g., Neukum, 1977). This,
together with the possibility that in some cases, cryptomaria might exist below a floor of
impact breccias forming smooth plains, has caused many workers to assess smooth plains
origins on a case-by-case basis, using a host of methods to determine their origins (e.g.,
Antonenko et al., 1995). In addition, some light plains and related nonmare activity may be
associated with possible KREEP-related volcanism (e.g., Spudis, 1978; Hawke and Head,
1978).

6.5.2. Nonmare Volcanic Domes and Cones

In addition to smooth plains, features that have been attributed to highland volcanism
include domes, mounds, and crater chains. Although landforms at the Apollo 16 site
originally attributed to highland volcanic constructional features have since been reinterpreted
as impact-related, there are several features that have albedo and spectral characteristics
different than maria, and are morphologically unlike mare volcanic features. The most
prominent example of these are the Gruithuisen and Marian domes and cones, Jocated in the
northwest part of the lunar nearside. Some of these features (Figure 6.6) are very large
(typically 20 km in diameter and over 1 km in height), have shapes that are suggestive of both
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Figure 6.6. Gruithuisen domes. Oblique view of the Gruithuisen domes showing their distinctive
morphology and superposition on the highlands surface.

extrusion of viscous magma (the distinctive Gruithuisen domes) and explosive volcanism (the
Marian cone), and have several unusual associated features (Head and McCord, 1978;
Chevrel et al., 1999). Their spectral signature has a distinctive downturn in the ultraviolet
(Head and McCord, 1978; Chevrel et al., 1999), and are similar spectrally to “red spots”
mapped elsewhere (e.g., Wood and Head, 1975; Bruno et al., 1991).

These deposits are apparently contemporaneous with maria emplacement. Ejecta from
the post-Imbrian basin Iridium crater predates the Gruithuisen domes (e.g., Wagner ef al.,
1996). No known material from the lunar sample collection fits the spectral characteristics of
this unit, and thus its petrogenetic affinities are unknown. Contemporaneity with maria
suggests that there may be petrogenetic linkages; one possibility is that mare basalt diapirs
stalled at the base of the lunar crust might partially melt and remobilize basal crustal layers,
leading to localized extrusion of magmas more viscous than the maria (e.g., Malin, 1974).
Interestingly, this process might also be applicable to Mercury and indeed, the Gruithuisen
domes have been cited as possible analogues to some features there (Malin, 1978).

6.6. RECOGNITION AND ASSESSMENT OF CRYPTOMARIA

Cryptomaria are marelike deposits obscured from view by younger deposits of higher-
albedo material (Head and Wilson, 1992), commonly ejecta from impact craters and basins.
Cryptomare deposits have been identified through analysis of dark-halo craters (Schultz and
Spudis, 1979, 1983; Hawke and Bell, 1981), which penetrate through higher-albedo ejecta
material to mare material below and emplace low-albedo material in a halo around the crater.
Cryptomare deposits have also been revealed in multispectral images of the Moon (e.g., Head
et al., 1993; Greeley ef al., 1993; Mustard and Head, 1996). The light plains emplacement
process incorporates local material in basic ejecta deposits, which can be recognized by
mixing analysis of spectral endmembers (e.g., Mustard and Head, 1996). Using these and
related data, the number of candidate cryptomaria (Figure 6.7) is such that the total area
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covered by mare deposits may now exceed 20% of the lunar surface area (Antonenko et al.,
1995).

The time of initiation of extrusive mare volcanism is presently not known. The
distribution of candidate cryptomaria clearly indicates the presence of regional deposits of
volcanism, in some cases with significant depths (Mustard and Head, 1996), emplaced prior
to the formation of Orientale and several other major impact basins. If earlier cryptomaria
exist, they are likely to be increasingly obliterated by superposed large impacts and, because
of the small thicknesses of deposits relative to crater excavation depths, the percentage of
basalt clasts in impact breccias is also likely to be small. These two factors conspire to
obscure evidence for mare volcanism and related extrusive volcanic activity in earliest lunar
history. These observations are also important for the detection and discrimination of plains of
volcanic origin on Mercury.

6.7. LAVA PONDS

In the large continuous nearside maria the analysis of the characteristics and interpreta-
tion of lunar eruptive events making up the stratigraphic sequence is complicated by the
presence of multiple flows, burial of source vents, and possible variation of source regions
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